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Zusammenfassung

Vor allem die frühen Prozesse in der Entwicklung terrestrischer Planeten prägen die
gesamte weitere Planetenentwicklung und sind daher für unser Verständnis der Entwicklung
terrestrischer Planeten von besonderer Bedeutung. Neben der Differenzierung in einen
metallischen Kern und einen silikatischen Mantel spielt bei vielen terrestrischen Planeten auch
die Auskristallisation eines globalen Magmaozeans eine wichtige Rolle, da dieser Prozess zu
einer weiteren Differenzierung des Silikatmantels führt und damit die Anfangsbedingungen
für spätere thermische und dynamische Prozesse im festen Mantel festlegt. Dabei wird
typischerweise angenommen, dass die Kristallisation des Magmaozeans so schnell ist, dass sie
bereits abgeschlossen ist bevor Konvektion im festen Silikatmantel einsetzt. Daher wurden
die Wechselwirkungen zwischen diesen Prozessen bisher nicht explizit untersucht. Allerdings
könnten die Bildung einer dichten, opaken Atmosphäre durch Ausgasung des Magmaozeans
oder die Bildung einer stabilen festen Kruste an der Oberfläche des Magmaozeans das
Abkühlen des Magmaozeans stark verlangsamen. In diesem Fall kann Konvektion im festen
Teil des Silikatmantels bereits einsetzen bevor der Magmaozean vollständig auskristallisiert ist,
was durch die Wechselwirkung beider Prozesse zu einem veränderten Mischungsverhalten
des Mantels und thermischen Rückkopplungsmechanismen führt. In dieser Doktorarbeit
werden Mantelkonvektionsmodelle eingesetzt, um die Auswirkung des frühen Einsetzens von
Konvektion in einem erstarrenden Silikatmantel zu untersuchen. Ein allgemeines Modell von
gleichzeitiger Auskristallisation des Magmaozeans und Konvektion des festen Mantels wird
für den Fall eines marsähnlichen Planeten vorgestellt. Es wird gezeigt, dass der frühe Beginn
von Mantelkonvektion vor der vollständigen Verfestigung des Marsmantels warscheinlich ist
und zu einer ausgeprägteren Homogenisierung des Mantels führen kann. Dieses neue Modell
bietet eine mögliche geodynamische Grundlage für eine dauerhafte Aktivität des Marsmantels,
auf die Spuren von jungem Vulkanismus hindeuten. In einem nächsten Schritt wird dieses
Modell auf den Mond angewendet, für welchen die Existenz eines frühen Magmaozeans und die
Bildung einer auf dem Magma schwimmenden primären Kruste am besten dokumentiert ist. Es
wird gezeigt, dass thermische Wechselwirkungen zwischen dem kristallisierenden Magmaozean
und dem konvektierenden festen Mantel sowie die Bildung einer Kruste zu einer verlängerten
Erstarrung des Mondmantels führen, welche in Übereinstimmung mit geochronologischen
Schätzungen für die Altersspanne der Mondkruste bis zu 200 Millionen Jahren andauern
kann. Durch die Kopplung der Simulation der thermischen Entwicklung des Mondes mit
Modellen, welche die Fraktionierung von Spurenelementen und den Zerfall radioaktiver Isotope
beschreiben, kann die Isotopensystematik von Mondgesteinen und chemischen Komponenten
des Mondmantels reproduziert werden und somit das Alter des Mondes auf 4.40 - 4.45 Ga
eingegrenzt werden. Anschließend wird der Einfluss eines frühen Beginns der Mantelkonvektion



auf die langfristige Manteldynamik des Mondes untersucht. Insbesondere wird gezeigt, dass
dieser Prozess zu einer homogeneren Verteilung von Ti-haltigem Material im Mondmantel
führt – einer notwendigen Vorraussetzung zur Bildung Ti-reicher Marebasalte.
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Abstract

The early stages of terrestrial planets evolution play a crucial role in determining their long-
term development. In particular, the differentiation between an iron core and a silicate mantle
is likely followed by the crystallization of a primordial magma ocean, controlling the initial
conditions for solid-mantle thermal and dynamical evolution. Because it was thought that
magma ocean crystallization was much faster than the onset of solid-mantle dynamics, the
interplay between these two processes has not been considered so far. However, the outgassing
of a thick opaque atmosphere from a crystallizing magma ocean, or the formation of a solid
flotation lid at the surface can strongly slow down the solidifiation of the mantle. In this case,
solid-state dynamics can set in before the end of the magma ocean’s lifetime, inducing peculiar
regimes of mantle mixing and thermal feedback mechanisms. In this thesis, we use mantle
convection tools to study the effects of the early onset of solid-state dynamics in a solidifying
mantle. A general model of simultaneous magma ocean solidification and mantle convection
is introduced for a case based on the Martian magma ocean. We show that for realistic
parameters, it is likely that Mars underwent mantle convection and mixing before the complete
solidification of its magma ocean. This new paradigm sheds new light on the possibility for the
Martian mantle to sustain long-term mantle activity, as suggested by traces of late volcanism.
We then apply this model to the case of the Moon, where the existence of a primordial magma
ocean, solidifying below an insulating flotation crust, is best documented. We show that
the thermal feedbacks resulting from simultaneous magma ocean solidification and mantle
convection lead to a solidification of the lunar mantle extending over up to 200 millions of
years, in agreement with geochronological estimates for the lunar crust age span. By coupling
our thermal evolution simulations with a trace-element fractionation and radio-isotopes decay
model, we reproduce the isotope systematics inherited from the lunar magma ocean, and use
it to constrain the age of the Moon forming event to 4.40 to 4.45 Ga. Finally, as for Mars,
we investigate the influence of the early onset of mantle convection on the long-term mantle
dynamics of the Moon. In particular, we show that it enhances the mixing of Ti-bearing
material throughout the lunar mantle. This mechanism is necessary to explain a class of
high-Ti samples in the lunar mare basalts.





This thesis is dedicated to my late grandfather Riton.
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1
Introduction

Looking for what made the Earth a favourable place for life to thrive is the outstanding
motivation that is driving today’s planetary sciences. The evolution of terrestrial planets,
which is the framework of the present work, is only the ”emerged part of the iceberg”. It can
be considered as the study of the proximate cause for habitability, the ultimate causes for it
involving an overwhelming range of domains, from astrophysics to biology, interwinding with
formidable complexity. The early stages of planets formation, in particular, are thought to be
decisive in understanding their habitability. The scope of this thesis is the early dynamical and
thermal evolution of the mantle of terrestrial bodies, focussing Mars and the Moon. Specifically,
we will show how the crystallization of a primordial magma ocean dramatically affects the
long-term mantle evolution of these bodies.

Of course, when it comes to studying specific features of the early solar system, one can
only rely on partial and very indirect observations, leaving much room for interpretation
and unknown. This is when models enter the play. Building upon decades of numerical
breakthroughs, it is now possible to simulate complex processes that would otherwise remain
hopelessly obscured. Unfortunately, numerical models are still far from being able to faithfully
address different physical problems at the same time, as it is the case when dealing with
such questions as planetary evolution. This thesis will put in light some of these limitations.
The art of the modeller is hence to reach the right compromises, to accept simplifications of
the non-crucial issues in order to better tackle the heart of the problem – and to keep these
concessions in mind, to question them again in the future.

In many aspects, magma oceans embody these difficulties. They now appear as natural
consequences of the process of planets formation, as explained in the two first sections of this
introduction. Being long extinct, their existence remains in essence speculative, although
evidences have been stacking up since the theory started in the early 70’s with the analysis of
the first lunar samples from the Apollo missions. The beginning of the third section provides a
brief review of these evidences. Finally, the extremes involved in the physics of magma oceans
(temperature, pressure, length scale etc.) almost completely prohibit laboratory experiments,
and make numerical simulations incredibly challenging. The ”compromises” mentioned above,
for the study of magma oceans, are introduced in the third section, which closes with a first
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1. Introduction

Figure 1.1: Protoplaneatry disks observed by the SPHERE instrument on ESO’s Very Large
Telescope. Some exhibit circular gap suggesting the orbits of already formed planets. Adapted
from https://www.eso.org/public/images/eso1811a/

insight in what is the bulk of this work: the influence of magma oceans on the long-term
evolution of terrestrial bodies.

1.1 The formation of the solar system

The study of the solar system formation faced, until recently, two major obstacles: the
impossibility to directly observe long extinct processes, and the uniqueness of the object under
scrutiny, that prevents from using reliable comparisons or statistical considerations. Physical
models were hence privileged to infer the history of the solar system, assisted by mineralogical,
petrological and chemical analysis of the meteoritical record as well as a list of remarkable
features of the solar system like the dichotomy between small terrestrial planets and gas ice
giants, the coplanarity and low eccentricity of the planets’ orbits or the variability in their spins.
The development of powerful observation tools and techniques, which enabled the observation
of the first protoplanetary disks (Figure 1.1), allowed for a substantial leap forward, helping to
prove or disprove some of the established ideas.

1.1.1 The collapse of the protosolar nebula

Planets formation is a by-product of the formation of stars. Not all stars – possibly only few
of them – host a planetary system. Nevertheless it has been known since the first observation
of an exoplanet (Mayor & Queloz, 1995) that it is not a feature unique to the solar system.
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1.1 The formation of the solar system

Understanding the physics of stellar formation is hence an important step toward a theory of
planetary formation.

The solar system formed about 4.57 billions of years ago (see section 1.1.3 for a discussion
about the meaning of this age), from the gravitational collapse of a parcel of a giant molecular
cloud (GMC), arguably isolated by the shock wave of a supernova. This collapse of a dense
core in this cloud (of density ∼ 105 particles/cm3, the average cloud’s density ranging from
102 to 103 particles/cm3 (Taylor, 2001)), resulted in the formation of an opaque, disk-shaped
nebula (due to the conservation of angular momentum) composed of dust and gas, cradle of the
future planets, called the protoplanetry disk. Figure 1.1 shows six examples of protoplanetary
disks observations.

The infalling matter from the collapsing GMC parcel heated up the disk by compressive
heating, while within the disk, mass flow occured centerward, feeding the growing protosun.
The gravitational collapse of the solar nebula lasts about 105 years (Taylor, 2001). This
duration is poorly constrained because early stellar accretion rates cannot be observed for
young extrasolar systems due to the optical thickness of the nebula at this stage. When
the mass of the protosun reached ∼ 0.2 solar masses, deuterium fusion is ignited (Larson,
2003), resulting in the increased glowing and activity. Strong polar outflow and radiation
pressure limited the further growth of the protosun, while equatorial stellar wind swept out
the remaining gas from the protoplanetary disk. When stars become observable, and until
hydrogen combustion is ignited (i.e. entering the main sequence of their lives), they are said to
be in the pre-main sequence, a phase estimated to last a few tens of milions of years (Kunitomo,
Guillot, Ida, & Takeuchi, 2018).

How long it takes for a pre-main sequence star to clear up the gas from its protoplanetary
disk is very important for planetary formation as explained below, and remains poorly
constrained. Observations from Haisch, Lada, and Lada (2001) suggest an average value of 3
Myr. The initial mass of the nebula plays a decisive role, in particular regarding the early
accretion of giant planets. Yet, it also remains poorly constrained, because the ratio of escaping
to accreted matter throughout nebula collapse is unknown.

1.1.2 Building up the planets

The formation of the planets starts once the protoplanetary disk has formed and the density of
gas and dust (settling in the mid-plane) is high enough. A strong constraint on the planetary
formation scenario is placed by the observed dichotomy between gaseous/icy planets and
terrestrial ones: the former formed at a time and place in the nebula where gas was still
present, while the later formed in a gas-depleted environment. The main gas-depleting event is
associated with the intense stellar activity during the pre-main sequence phase. Thus Saturn
and especially Jupiter (assumed to form first in order to be able to accrete more gas) must
have formed before the pre-main sequence activity of the protosun cleared the nebular gas,
while all terrestrial planets must have formed later.

Two different mechanism have been proposed for the growth of planets from nebular dust
particles and gas: the gravitational instability, proposing that planets form essentially the same
way the protosun formed, i.e. by gravitational collapse of nebular material, and solid accretion,
in which planets grow by collisional accretion of the surrounding nebular material. The former
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1. Introduction

mechanism yields an appealingly short formation time scale for gas giant (Paardekooper &
Johansen, 2018). It fails however to predict the observed variety in planets spins and obliquities.
It is thus unlikely to be the exclusive mechanism involved in planetary formation of the solar
system, although it might be a good candidate for the formation of large exoplanets with
large orbits compared to those found in the solar system (Taylor, 2001; Nimmo, Kretke,
Ida, Matsumura, & Kleine, 2018). Solid accretion is hence the favoured mechanism to form
terrestrial planets in the inner solar system. A hybrid scenario has also been proposed for the
gas giants, where their solid cores form through solid accretion until reaching about 10 Earth
masses, when they become massive enough to trigger a gravitational instability and accrete a
gaseous envelope (Taylor, 2001; Nimmo et al., 2018).

Core accretion has proved a realistic scenario capable of forming the gas giants on short
time scales, but it is still not clear why they could form faster than smaller inner terrestrial
planets. One solution is that, if the gas giants formed beyond the ”snow line” (the distance
from the Sun at which volatiles are stable in solid state, corresponding to 2-3 astronomical units
(AU) for water and 20 AU for carbon monoxide), much more solid matter was available for
accretion since volatiles were under ice form (Lammer & Blanc, 2018; Nimmo et al., 2018). The
early stages of solar system and planetary formation are presented in Figure 1.2. A detailed
growth pathway for terrestrial planets (and potentially gas giants’ cores) evolution, represented
in Figure 1.3, goes through distinct phases corresponding to increasing sizes and characterized
by different accretion and orbital dynamics regimes. Nimmo et al. (2018) distinguishes four
stages:

• Dust particles (∼ 1 µm), already present in the primordial molecular cloud, are efficiently
coupled to the surrounding nebular gas and stick together upon colliding with one
another.

• Pebbles (∼1 mm-10 cm) start to decouple from the gas, inducing a drag because the
nebular gas is rotating at a sub-Keplerian velocity. Collisional sticking becomes inefficient
(Blum, 2018).

• Planetesimals (∼ 10-100 km) are completely decoupled from nebular gas. They efficiently
accrete remaining pebbles due to their high gravitational cross section, enhanced by
the gas drag experienced by the pebbles (a process termed ”pebble accretion”). They
undergo a ”runaway growth” phase which leads to the increasingly fast growth of a few
of them.

• Planetary embryos (>1000 km) are big enough to clear the disk around their orbit, when
gas is still remaining. They grow via accretion of surrounding planetesimals during
the ”oligarchic growth” phase. The absence of surrounding gas allows for increased
eccentricity resulting in crossing orbits, causing the giant impacts phase.

As of today, no consensus has been met on a mechanism responsible for growth between
the centimeter and the kilometer scale (Nimmo et al., 2018). This problem is referred to as
the ”meter-sized barrier”. Several hypotheses have been proposed, like the so-called streaming
instability (Youdin & Goodman, 2005; Johansen et al., 2007) where ”clumps” of pebbles form
in the disk’s mid-plane via turbulent shuffling of matter and trigger gravitational collapse,
forming directly planetesimals from pebble-sized objects.
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1.1 The formation of the solar system

Figure 1.2: Sketch of the
successive stages of a spec-
ulative scenario for solar
system formation. a) A
dense core forms in a giant
molecular cloud’s parcel,
previously isolated possi-
bly by the shock wave of a
neighboring supernova. b)
The gravitational collapse
of this parcel results, due
to the conservation of an-
gular momentum, in the
formation of a flattened
disk with continuously in-
falling material hitting a
compression shock front
(transparent turquoise en-
velop). Dust settles in
the mid-plane of the disk
and gas (turquoise clouds)
is compressed towards the
center, forming the proto-
star. c) The pre-main se-
quence proto-star sweeps
out nebular gas while plan-
etesimals are forming and,
beyond the snowline, giant
cores already accreted and
cleared their surroundings
of gas and dust. d) The
proto-star enters the main
sequence by igniting hydro-
gene burning. Gas giants
migration has cleared the
dust and scattered plan-
etesimals beyond ∼ 1.5
AU, leaving a limited reser-
voir for the prolonged oli-
garchic growth of terres-
trial planets.
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Figure 1.3: Growth pathway of the planets. The arrows represent inferred growth mechanism,
the streaming instability being one candidate to overcome the meter-sized barrier. The pebble
accretion and giant impacts roughly correspond to the runaway and oligarchic growth phases,
respectively.

The rapid formation of gas giants also has an influence on the comparatively slower
forming terrestrial planets. Depending on whether a massive body has efficiently accreted
the surrounding nebular gas and thus cleared its own orbit, it can experience two types of
alteration of its semi-major axis, termed ”migrations” (Ward, 1997). Because of the mass of
the migrating planet, all smaller bodies whose orbit gets crossed are scattered, causing both a
depletion of the terrestrial planets building blocks and an enhannced chance of collision of
the already formed planetary embryos by the scattered planetesimals. Such migrations of the
gas giant would have strongly modified the protoplanetary disk, at least over the radius span
through which they occurred, and probably also further.

The so-called ”Nice model” introduced the idea that giant planet migrations shaped the early
solar system, in particular allowing for the existence of Neptune and trans-neptunian objects
orbits (Tsiganis, Gomes, Morbidelli, & Levison, 2005), for the presence of the Trojan asteroids
(Morbidelli, Levison, Tsiganis, & Gomes, 2005), and providing a dynamical explanation
for a late surge in small bodies impacting on terrestrial planets, the so-called ”late heavy
bombardment” (see Section 1.1.3) (Gomes, Tsiganis, Levison, & Morbidelli, 2005). In a scenario
called the ”gran tack” proposed by Walsh, Morbidelli, Raymond, O’Brien, and Mandell (2011),
Jupiter migrated inwards until reaching a semi-major axis of 1.5 AU, when it was caught up
by Saturn’s inward migration. The two planets entered a mean-motion resonance that caused
them to migrate backwards to their present-day orbits. This scenario was shown to explain
the small size of Mars by clearing up its accretionary reservoir, as well as the content of the
asteroid belt in carbon-rich (C type) asteroids (only S type asteroids being expected to form
at the orbit of the asteroid belt).
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1.1 The formation of the solar system

Although new findings question the validity of the link between gas giants migrations and
the late heavy bombardment as introduced in the Nice model (Morbidelli et al., 2018; Zhu
et al., 2019), it remains a potentially influential mechanism to shape the protoplanetary disk.

1.1.3 Chronology

Isotope age dating methods provide the most reliable way to derive an absolute age for
planetary materials. The refractory Calcium- Aluminium-rich inclusions (CAIs) contained in
chondrites (the most pristine meteorites) constitute the oldest dated solar system material.
Their average Pb-Pb age provides what is usually considered as the age of the solar system:
4568.2 Ma (Bouvier & Wadhwa, 2010). Chondrules, another class of inclusion, which represents
the main component of the chondrites (the most pristine class of meteorites), is also estimated
to have formed within a few milion years after this date (Kruijer, Kleine, & Borg, 2020). This
material must have formed within the dense and hot conditions found in the protoplanetary
disk and thus postdates the initial nebular collapse. Using CAIs age as an anchor point, we
can attempt a speculative chronology for the evolution of the solar nebula (Figure 1.4).
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Figure 1.4: Solar system formation chronology. While for CAIs and chondrules as well as for
Earth and Mars, the time span represent isotopic dating estimates (Pb-Pb age estimates for the
former (Bouvier & Wadhwa, 2010; Kruijer, Kleine, & Borg, 2020) and Hf-W age of core formation
for the latter (Kleine & Walker, 2017)), the timespan indicated for Jupiter’s formation accounts for
the assumption that it formed before clearing of the nebular gas. The ”isotopes” time spans at the
bottom correspond to the system’s half-life, however the system is still active (i.e. still produces
energy or can still be used for age dating) during about 7 half-lives. Isotope systems whose decay
contributes to the early heating of planets are represented in red while systems only used for age
dating are represented in grey. The black axis indicates time after CAIs formation in Myr while
the red axis indicates time before present, in Gyr (Ga).
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Models of gravitational collapse and accretion provide rough time scales for the nebular
and protosun evolution, as well as for planetary growth, as shown in Figure 1.4. The initial
growth of the sun was likely fairly rapid, leading to deuterium combustion ignition within
about 105 years of the onset of the GMC collapse (Taylor, 2001). The intense stellar activity
associated with the pre-main sequence stage must have cleared the nebular gas in ∼ 3 Myr
(Haisch et al., 2001), placing a strong constraint on the planetary growth chronology (see
Section 1.1.2). The protosun eventually settled in the main sequence within 10 Myr.

The timing of planetary embryos accretion is less constrained, especially due to the poor
understanding of the meter-size barrier. However, as mentioned above, correlation with nebular
evolution helps infer a chronology. On the one hand, the gas giants must have formed in a
gas-rich nebular environment, i.e. within ∼ 3 Myr (Haisch et al., 2001). On the other hand,
terrestrial planets, lacking a primordial gas envelope, formed in a gas-depleted environment,
i.e. after ∼ 3 Myr.

The last phase of terrestrial planets’ growth, the so-called oligarchic growth phase, was
likely protracted and spanned 10 to 100 Myr because it was driven by collisions between large
planetary embryos whose crossings among the empying disk became more and more scarce.
The age of the core-mantle differentiation (for which an absolute age can be derived based on
isotope dating methods) can be used as a proxy for the end of planetary formation. Indeed,
major core formation events are associated with large-scale impacts that charcterize the end of
the oligarchic growth phase. The Hf-W isotopic system is used to infer the age of core-mantle
differentiation. Combined with a coupled accretion and core differentiation model, Kleine and
Walker (2017) found a core formation time of ∼ 10 Myr after CAIs formation for Mars, and of
∼ 34 Myr for the Earth (see Section 1.2.1.2).

The end of the oligarchic growth of planetary embryos, the giant impact phase, was
characterized by an intense bombardment of the young planets. Although the Earth has long
lost any trace of this episode due to the continuous recycling of its surface by plate tectonics,
less active terrestrial bodies still bear the scars of this tempetuous episode. The event that
created the abundant crater record on the Moon, Mars and Mercury is called the late heavy
bombardment (LHB). The discovery that most Apollo lunar samples could be dated between
3.95 and 3.75 Ga Bottke and Norman (2017) suggested that, rather than a smooth, continuous
exhaustion of the remaining planetesimals (a scenario called ”accretion tail”), the LHB occured
over this reduced span of 200 Myr, delayed by about 500 Myr from the formation of the solar
system (a scenario that was called the ”terminal cataclysm”). However, although the different
Apollo landing sites correspond to as many different impact basins, it is not clear whether the
rock samples ultimately originate from those basins. Several landing sites could have been
covered by ejecta blankets associated with the formation of another basin, thus questioning
the exhaustiveness of our lunar sample record and hence the significance of the measured age
regarding the LHB.

Another age dating method used to constrain the LHB is the crater counting method.
From statistics on the density of craters as well as their stratigraphic position, a relative
chronology of planetary surfaces can be derived. Impactors flux time-series have been derived
from the crater record of the Moon (Neukum, Ivanov, & Hartmann, 2001). However, the
derived chronologies provide only relative times, and many studies have tried to anchor them to
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an absolute time point, with diverging results (Kamata et al., 2015; Conrad, Nimmo, Fassett,
& Kamata, 2018; Morbidelli, Marchi, Bottke, & Kring, 2012b; Morbidelli et al., 2018; Zhu
et al., 2019). The giant planet migration was inferred to trigger the terminal cataclysm long
after the end of planetary formation, however this scenario requires some fine-tuning of the
models, and some recent studies suggest that the simpler ”accretion tail” scenario in which the
impactor flux decreased constantly through time might also be compatible with observations
(Morbidelli et al., 2012b; Morbidelli et al., 2018).

1.2 Terrestrial bodies differentiation

Mass acquisition, be it through solid accretion or gravitational collapse, is only one aspect
of planetary formation. The re-organization of the inner parts of a planet (mostly driven by
potential gravitational energy decrease), from a largely homogeneous configuration (expected
in the case of accretion growth), resulting in the formation of distinct reservoirs, is the other
main aspect of planetary formation. This process is referred to as ”differentiation”. The most
compelling evidence of the heterogeneity of terrestrial planets’ interiors is provided by the
value of their moment of inertia factors, i.e. the normalized polar moment of inertia I/MR2,
where I is the polar moment of inertia, M the mass of the planet and R its radius, which
measures their inner mass distribution. The moment of inertia factor of a homogeneous sphere
is 0.4, a lower value indicating an inward concentration of mass, i.e. a gravitationally stable
configuration. Mercury’s value of the moment of inertia factor is 0.346 ± 0.0014 (Margot
et al., 2012), Venus’ value is ∼ 0.33 (Rubie et al., 2015a), the Earth’s value is 0.3307 ± 0.0
(Williams, 1994), and Mars’ value is 0.3662 ± 0.0017 (Folkner, 1997). All terrestrial planets
hence significantly deviate from a homogeneous sphere. Such a configuration is achieved by
separation of an iron-rich, dense core from a lighter silicate mantle (core-mantle differentiation).
Differentiation occurs further within the silicate mantle (silicate differentiation), via different
mechanisms, and is probably initiated by an episode of large-scale melting, referred to as
a ”magma ocean”. The study of the influence of such magma oceans and especially their
solidifications is the aim of this work. This section briefly presents other aspects of planetary
differentiation and the following one introduces the concept of magma ocean.

1.2.1 Core-mantle differentiation

1.2.1.1 Mechanism of core-mantle differentiation

The differentiation of a terrestrial body between an iron core and a silicate mantle is usually
considered to mark the end of its formation. Differentiation occurs on all bodies massive
enough for their own gravity to induce buoyancy forces that overcome friction resistance and
achieve separation between elements of different densities, namely iron and silicates. The
critical size for a rocky body at which differentiation becomes effective is ∼ 10 km (Taylor,
2001). It is thus likely that large-sized planetesimals and planetary embryos involved in the
late stages of accretion were differentiated.

Iron-silicate separation involves various processes that are far from being perfectly
understood, and are very difficult to reproduce in laboratory due to the extreme conditions of
pressure and temperature as well as large length- and time scales at play. Size is not the only
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decisive factor controlling differentiation. Temperature, which directly affects the physical
state of matter, is a crucial parameter. Indeed, differentiation is largely facilitated in a liquid
body. A core-mantle differentiation occurring via solid-state creep would last more than 100
Myr (Stevenson, 1990) and is thus considered inefficient to produce the core on the times cales
inferred (see Section 1.2.1.2). Therefore iron, at least, which has a lower melting temperature
than silicates, is assumed to have been liquid during differentiation. Rubie, Nimmo, and
Melosh (2015b) distinguishes between three main differentiation mechanisms, depending to
the physical state of silicates and the initial distribution of (liquid) iron:

• For solid silicates, differentiation can occur via percolation of iron through silicate grains
boundaries. The efficiency of this process is controlled by the dyhedral angle in the veins,
and is likely inefficient at low pressures (<25 GPa), but could be enhanced by shear
stress in the silicates.

• For solid silicates also, sinking of large-scale (1-10 km) iron diapirs, or iron diking through
brittle cracks are efficient mechanisms, largely helped by the high viscosity contrast
between liquid iron and solid silicates.

• Liquid silicates are most likely undergoing (turbulent) convection. Iron-silicate separation
is then controlled by the competition between entrainment and settling of iron drops,
which is in turn a function of the intensity of convection and the characteristic size of
iron drops. It is likely the most efficient mechanism for iron-silicate differentiation.

The initial thermal state of a planet is controlled by three main heat sources: 1) accretional
heating (which turns kinetic energy into heat), 2) decay of energetic, short-lived radionuclides
(26Al and 60Fe), and 3) gravitational potential energy reduction resulting from differentiation.
The first provides massive heating in the case of impacts of large bodies and when the target
and impactor have similar sizes, a configuration most likely to be met towards the end of
planetary formation (during oligarchic growth of planetary embryos). However, how well the
heat is distributed throughout the body is not well constrained, and it could be largely localized.
The second is independent of the body’s size and is entirely controlled by the timing of the
planet’s formation. It is initially largely dominated by 26Al, whose short half-life (∼ 730000
years) allows efficient heating only during the first few million years, thereby providing a
relevant mechanism for planetesimals differentiation. Finally, the conversion of gravitational
potential energy into heat can induce a positive feedback, where temperature increases as
core-differentiation proceeds, which could lead to runaway differentiation, and eventually to
large-scale melting of the silicate mantle, i.e. a magma ocean. The relative importance of
heating resulting from these three mechanisms is represented in Figure 1.5 as a function of the
characteristic size of the body.

1.2.1.2 Dating the core-mantle differentiation

Core-mantle differentiation represents the most ancient planetary-scale event that can be dated
on terrestrial bodies, thereby providing valuable constraints on the timing of planets formation
process. The chronometry provided by the short-lived Hf-W isotopic system is the most widely
used method to estimate the age of core-mantle differentiation. 182Hf is unstable and decays in
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Figure 1.5: Heating induced by radionuclides (grey dashed lines) at various times (after CAIs
formation), accretion (solid black lines) for various impactor-to-target mass ratios (γ), and core-
mantle differentiation (red dotted lines) for different terrestrial bodies. The x axis represents the
body’s mass in unit Earth’s mass (Me) and the y axis the resulting temperature increase. In
the yellow area, the body’s mantle is heated by more than 1000 K, sufficiently to cause a global
magma ocean. The heating provided by core-mantle differentiation does not only depends on
the body’s size but also its internal structure, therefore it is not represented as a function of the
x-axis, butgiven for three different cases. Furthermore, it is computed considering an instantaneous
differentiation event, thereby significantly overestimating the resulting heating. Adapted from
Rubie, Nimmo, and Melosh (2015b).

182W with a half-life of 8.9 Myr (Kleine & Walker, 2017). Furthermore, W is siderophile while
Hf is lithophile, meaning that the former partitions preferentially into iron and the latter into
silicates during the formation of the core. Thus the core-mantle differentiation systematically
results in an increase of the Hf/W ratio in the silicate mantle compared to the bulk planetary
composition. If this occurs while the system is still active (i.e. within a few half-lives from the
CAI formation time), some 182Hf enters the mantle and decays into 182W, thereby raising the
relative quantity of this isotope compared to other non-radiogenic W isotopes (184W being
usually taken as the reference). If core-mantle differentiation postdates the extinction of the
Hf-W system, then the ratio 182W/184W in the silicate mantle is not affected and remains
similar to that of the bulk composition. Figure 1.6 illustrates these two possibilities.

Computing the age of the core-mantle differentiation based on Hf–W systematics involves
knowing (i.e. in general making assumptions on) the conditions of the differentation process.
The simplest models are the so-called one-stage models, where a single, instantaneous
differentiation event is assumed. Based on the measured isotopes systematics, it is then
possible to infer the date of this event. Assumptions also have to be made on the partitioning
of Hf and W between iron and silicates, usually considered as a simple chemical equilibrium.
In particular, the reaction constant of this equilibrium (i.e. the partition coefficient of Hf or W
between iron and silicates) depends on the pressure at which equilibration is achieved, that
is, practically, the depth of the magma ocean. Using such models, Kleine and Walker (2017)
calculated a core-mantle differentiation age of 4.1 ± 2.7 Myr after CAI formation for Mars,
and 34 ± 3 Myr after CAI formation for the Earth.
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Figure 1.6: Sketch of the mechanism of 182Hf–182W dating system of the core-mantle
differentiation. For an early episode of core-mantle differentiation (top line), the separation between
Hf (squares) going preferentially into the silicate mantle, and W (circles) going preferentially into
the iron core occurs while some unstable Hf still exists, resulting in increase of radiogenic W in
the mantle, hence a high present-day 182W/184W value. If the core-mantle differentiation occurs
after all unstable Hf has decayed (bottom line), no deviation of the 182W/184W ratio from the
bulk composition occurs.

However, as also stressed by Kleine and Walker (2017), assuming a single, instantaneous
core-forming event is likely too simplistic to grasp the complexity of core-mantle differentiation,
especially in the case of short-lived isotopic systems whose half-life may be shorter than
geophysical processes at play during the early stages of a planet. The chronologies derived from
these models only provide an upper bound for the age of planets’ core-mantle differentiation.
Using a more sophisticated model where successive giant impacts act as as many core-forming
events with associated equilibration conditions (impacts being taken from exponentially
decreasing impactor flux time-series computed by accretion models), Dauphas and Pourmand
(2011) proposed that Mars accreted >90% of its mass within 6 Myr after the CAI formation
(the differentiation events associated with each impact being then considered instantaneous).
Similarly, Jacobsen (2005) estimated that the Earth accreted >95% of its mass in 30 Myr.
However, the stochastic nature of giant impacts makes the interpretation of the Hf–W system
a highly non-unique problem. In particular, the most dramatic impact event that occured
on the Earth is assumed to have resulted in the formation of both the Moon and the end of
the core formation, two events which are independently estimated to date past 100 Myr after
CAIs formation.

Furthermore, the likely differentiation of early-formed planetesimals due to heating of 26Al
suggests that iron-silicate equilibration was far from complete during planetary core formation
events. Indeed, a homogeneous distribution of small-scale iron drops (from an undifferentiated
impactor) equilibrates much more efficiently than one fully-formed core, especially when
delivered into a liquid magma ocean where it sinks over a very short time. This suggests
that treating Hf and W partitioning as a simple equilibrium at the bottom of the magma
ocean might be too simple an assumption, casting further doubts on the accuracy of these
model ages. In spite of these caveats, the Hf-W has been extensively used to estimate the
chronology of planetary formation. It is also introduced here as an illustration of the use of
isotopic chronometers.
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1.3 Magma oceans

1.2.2 Silicate differentiation

Once the silicate and iron reservoirs are isolated from each other, they keep on evolving. The
high temperature at the core-mantle boundary (CMB) (the core being heated by internal heat
sources as well as the gravitational potential energy release associated with its formation)
induces convection in the mantle. This enhances the heat-flux at the CMB and in turn, the
cooling of the core, until the formation of a solid inner-core. Furthermore, mantle convection
induces pressure-release melting, resulting in volcanism. Volcanic activity extracts basaltic
material onto the surface, progressively forming a crust. But before all these processes of silicate
differentiation take place, core-mantle differentiation is likely to result in large-scale melting of
the silicate reservoir. Thus the long-term evolution of the mantle starts with the solidification
of the magma ocean. The physical processes involved in magma ocean solidification, the time
scales at play as well as the chemical composition of the bulk silicate part of the body are
decisive parameters regarding its long-term thermal and dynamical evolution.

1.3 Magma oceans

The magma ocean concept goes beyond the framework of planetary formation. In today’s
solar system, the Jovian moon Io is thought to host an internal magma ocean, supported by
heating induced by intense tidal dissipation (Khurana et al., 2011). Out of the solar system,
exoplanets have been observed, like 55 Cancri E (Demory et al., 2016), whose close-in orbit
and gravitationally locked spin-orbit configuration are likely to cause a perpetual magma
ocean on the substellar hemisphere. Induction heating has also been hypothesized to result in
magma oceans in the exoplanetary system TRAPPIST-1 (Kislyakova et al., 2017). If these
examples offer the possibility to study extant magma oceans, those involved in the formation of
terrestrial bodies in our solar system are long extinct, and only left scarce traces. In particular,
plate tectonics on the Earth has erased any hint of a past magma ocean at the surface. The
absence of samples from Mercury and Venus prevents from performing chemical analyses
that would provide the most valuable indications for the existence of an ancient magma
ocean. Nevertheless, the isotopic variety in Martian meteorites hints at an extensive silicate
differentiation that could have been caused by the crystallization of a primordial magma ocean
(Jargoutz, 1991). Yet it is the Moon that shows the most compelling traces of a past magma
ocean.

1.3.1 Chemical evidences of magma oceans: the case of the Moon and Mars

If models of core-mantle differentiation strongly suggest massive melting of the silicate mantle
early on, the magma ocean concept was really recognized after the Apollo missions from the late
60’s and early 70’s brought back lunar rock samples to the Earth. Mineralogical and isotopic
analysis of these samples revealed a large variety in their nature, suggesting that some of them
formed through the crystallization of a deep magma ocean (Warren, 1985). In particular, the
lunar crust was found to be composed for a large part of anorthosite, a plagioclase feldspar
(an Al- and Ca-rich mineral) whose presence at the surface of the Moon is best explained
by buoyant separation of crystals from a molten silicate layer at least several hundreds of
kilometers thick (Wood, Dickey, Marvin, & Powell, 1970; Smith et al., 1970). Another class of
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material, particularly enriched in potassium (K), rare-Earth elements (REE) and phosphorus
(P), was identified and called ”KREEP”. These elements are termed incompatible because they
do not enter rock forming minerals’ crystals and preferentially remain in the liquid during
solidification. Thus the most plausible mechanism to create such an enriched reservoir is the
progressive solidification of a large part of the lunar mantle, KREEP representing its final
cumulates (Carlson & Lugmair, 1988; Shih, Nyquist, Bansal, & Wiesmann, 1992; Edmunson,
Borg, Nyquist, & Asmerom, 2009; Gaffney & Borg, 2014; Borg, Gaffney, & Shearer, 2014).

The Martian meteoritic sample record has also been found to show compelling traces of
silicate differentiation, interpreted as resulting from the crystallization of a magma ocean.
Martian meteorites fall roughly into three main groups: the Shergottites, the Nakhlites and
the Chassignites, collectively referred to as SNC meteorites. The large geochemical variability
among SNC meteorites is thought to be due to a large-scale silicate differentiation event,
i.e. the crystallization of a magma ocean, rather than to a primordial heterogeneity of Mars’
building blocks (Jargoutz, 1991). Using the short-lived isotopic systems 182Hf-182W (the
different degree of incompatibility of Hf and W makes it usable to study silicate differentiation
as well as core-mantle differentiation) and 146Sm-142Nd (half-life 103 Myr), Foley et al. (2005)
showed that the Shergottites and Nakhlites formed from two distinct reservoirs, that became
isolated at 4525+19

−21 millions of years ago (Ma) and more than 4542 Ma, respectively. Using
similar techniques, but a more elaborate formation model, Debaille, Brandon, Yin, and
Jacobsen (2007) proposed a protracted differentiation of the Martian mantle (over ∼ 100 Myr).
Relying on both long- and short-lived Sm-Nd systems, thus limiting the model’s dependence
on various assumptions, Borg, Brennecka, and Symes (2016) found a later formation age for
the Shergottites source reservoir, of 4504 ± 6 Ma. Since such a late crystallization of the
Martian magma ocean is not consistent with thermal evolution models (Elkins-Tanton, 2008),
they suggested that Shergottites isotope systematics were reset by a late giant impact. Using
the same cross-systematics as Foley et al. (2005), Kruijer and Kleine (2017) proposed that
the magma ocean crystallization and subsequent crust formation occurred between 20 and
40 Myr after CAIs formation (i.e between 4547 and 4527 Ma). Finally, studying 176Lu-176Hf
systematics in crustal zircons, Bouvier et al. (2018) concluded that the Martian magma ocean
crystallization must have been completed within 20 Myr after CAIs formation (i.e. before
4547 Ma). Although these study disagree on the solidification time scale, they do agree on the
necessity of a large-scale melting event to create distinct reservoirs such as those from which
the different groups of Martian meteorites originate.

1.3.2 The physics of magma ocean crystallization

The physics governing the dynamics of liquid magmas as well as the chemistry involved in
their crystallization are beyond the scope of this thesis, and they shall here be considered
using a parametrized approach. This section justifies this approach and offers an insight into
the various processes at play and the assumptions underlying our model.

1.3.2.1 Melt fraction and melting curves

”Magma ocean” is a loosely defined term, which can designate a mushy, partially molten
layer as well as a completely fluid region whose viscosity can be as low as that of liquid
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Figure 1.7: Melting curves (blue for solidus and green for liquidus) for fertile KLB-1 peridotite
plotted on the pressure range relevant for the Martian mantle. Magma ocean’s adiabatic temperature
profiles for three different potential temperatures (light green for 2200 K, orange for 2000 K and
red for 1800 K) are plotted down to the RCMF, where the liquid-like behaviour, i.e. the magma
ocean stops. From Herzberg, Raterron, and Zhang (2000).

water under room conditions. An essential parameter to properly describe a magma ocean
is thus its melt fraction, i.e. the volumetric ratio of melt to solid. Under the assumption of
chemical equilibrium, models exist (e.g. Gibbs free energy minimizers), based on laboratory
melting experiments, that compute the melt fraction as a function of mineralogy, temperature,
pressure, oxydation state and possibly further parameters. In a first order approach however,
the complexity of melting and freezing processes is usually reduced to considering a set of
two melting curves: the solidus, at which the rock is entirely solid (melt fraction is zero), and
the liquidus at which the rock is completely liquid (melt fraction is one). Typical solidus and
liquidus for the Martian mantle are represented on a pressure-temperature diagram in Figure
1.7. The melt fraction (noted ϕ) is often assumed to grow linearly with temperature between
the solidus and the liquidus:

ϕ = T − Tsol
Tliq − Tsol

, (1.1)

where T is the local temperature and Tsol and Tliq are the solidus and liquidus temperature,
respectively.

In order for the thermo-dynamical state of the magma ocean to be controlled by a turbulent
convection regime, the crystal lattice has to be disrupted over large length scales, which
happens at a certain threshold value of the melt fraction, referred to as the rheologically critical
melt fraction (RCMF) (Costa, Caricchi, & Bagdassarov, 2009). The value of the RCMF has
been experimentally measured for diverse mineralogies, and varies widely between 0.1 and 0.6
(Kohlstedt, Bai, Wang, & Mei, 2000; Costa et al., 2009). In Figure 1.7, the value ϕRCMF = 0.4,
often used in magma ocean studies (Solomatov, 2007) is plotted as the black dotted line.

1.3.2.2 Adiabatic temperature distribution and bottom-up crystallization

In a turbulently convecting magma ocean, matter is efficiently mixed on large length scales
(Solomatov, 2007), so that temperature is homogenized, and only depends on lithostatic
pressure. This results in an adiabatic-like temperature distribution, characterized by the
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potential temperature, i.e. the temperature that the rock parcel would have if it were
adiabatically brought to the surface of the magma ocean. Note that the potential temperature
differs from the true surface temperature of the magma ocean due to thermal boundary
layer effects that are not grasped by the adiabatic temperature parametrization of the bulk
convecting magma ocean. If represented on the same plot as the melting curves (see Figure
1.7), the depth gradient of the adiabatic profiles appears lower than that of the melting curves.
This means that upon cooling from a fully molten state, the temperature enters the partially
molten domain first at the bottom of the mantle. As a result, the crystals form first at depth.
If they settle at the bottom of the magma ocean (if they are denser than the surrounding
melts) rather than remaining entrained in the turbulent flow, bottom-up crystallization of the
mantle is induced.

1.3.2.3 Crystal settling or entrainment and crystallization scenario

When the temperature reaches the liquidus, crystals start to nucleate. Whether those crystals
settle or remain entrained depends mainly on the convective velocities, on the crystals sizes and
on the density difference between crystals and melt. While the former can be approximated
by scaling laws based on the the depth of the magma ocean and the physical properties of the
magma, the latter remain poorly constrained, especially because the nucleation and crystal
growth processes under magma ocean-like conditions are very difficult to study. Based on
laboratory experiments, Solomatov (2007) suggested that, depending on the turbulent regime,
the threshold size for crystal entrainment varies between 1 mm and 10 cm. However, bonding
within crystals might efficiently prevent entrainment, and is not captured by such experiments.

If the crystals efficiently settle, then the forming solid layers become progressively chemically
isolated from the magma ocean, which is in equilibrium only with the top of the cumulates
pile. The compaction of the cumulates pile (i.e. the extraction of its interstitial melt) has been
shown to play an important role in setting the chemistry of the mantle (Hier-Majumder &
Hirschmann, 2017; Miyazaki & Korenaga, 2019). If the crystals are entrained by convective
flows, the temperature continues to decrease until the rheological transition prevents further
convection to take place. The resulting mineralogy of the solid mantle is likely to differ
significantly between those two cases since in the first case, successive differentiated layers
are formed (a process referred to as ”fractional crystallization”), while in the second case, all
crystals formed until a given layer reaches the RCMF are sampled in this layer (a process
referred to as ”equilibrium” or ”batch” crystallization). Figures 1.8 and 1.9 illustrate these
two crystallization scenarios.

1.3.2.4 Heat flow and solidification time scale

In a magma ocean, the heat-flux is dominated by turbulent convection. Turbulent heat-
fluxes are parametrized in a similar fashion as turbulent velocities, essentially based on the
temperature contrast in the thermal boundary layer at the surface and the viscosity of the
magma ocean. Because the viscosity of molten silicates can be very small (down to ∼ 0.003
Pa s (Rubie et al., 2015b)), the turbulent heat-flux reaches very high values. Solomatov
(2007) gives an estimate of the turbulent heat-flux out of a magma ocean of ∼ 106 W/m2. If
the surface of the magma ocean is free, then the turbulent heat-flux in the magma ocean is
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Figure 1.8: Fractional crystallization of a bottom-up crystallizing melt reservoir. The
crystallization sequence corresponds to the evolution of the mineralogy of the crystals that
form as the magma ocean solidifies (i.e. as the temperature, pressure and composition conditions
evolve). Each crystallized layer corresponds to the crystallization sequence. Because the bulk of
the cumulates pile and the magma ocean are not in equilibrium, their respective melting curves
differ. Therefore the crystallization temperature, i.e. the temperature retained by each new solid
cumulates layer, is more relevant.

equilibrated with the radiative heat-flux at its surface, which also reaches very high values,
resulting in a rapid crystallization of the magma ocean.

However, several processes can induce a heat-flux bottleneck at the surface of the magma
ocean. The growth of a secondary atmosphere is one: while terrestrial planets either never
accreted a primordial H/He atmosphere (if they formed after the nebular disk was swept away)
or lost it, a secondary atmosphere consisting of volatile elements (mostly water and carbon
dioxide) can form during the solidification of a large scale magma ocean (Abe, 1997). Volatile
elements are usually incompatible and accumulate in the shrinking magma ocean during its
crystallization. The chemical equilibrium at the surface of the magma ocean ensures a balance
between the volatiles’ content in the melt and the their pressure just above the surface, so that
magma ocean solidification is associated with volatiles outgassing that produces a secondary
atmopshere. When this atmosphere grows thick enough, the radiative heat-flux at the surface
is hindered, and the magma ocean solidfication can be dramatically slowed down. Simulating
coupled magma ocean crystallization and secondary atmosphere outgassing, Elkins-Tanton
(2008), Hamano, Abe, and Genda (2013), Lebrun et al. (2013), Hier-Majumder and Hirschmann
(2017), Salvador et al. (2017), Nikolaou et al. (2019) found solidification time scales reaching
several milions of years. Figure 1.10 shows the difference between the solidification of an
Earth-like magma ocean with and without outgassing of a secondary atmosphere. This effect
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Figure 1.9: Equilibrium (batch) crystallization of a bottom-up crystallizing melt reservoir.
Note the coexistence of different compositions (colors) in the entrained crystals, and the much
less significant chemical layering that results compared with Figure 1.8 (for pure equilibrium
crystallization, no chemical layering would be expected).

can have a strong influence on the crystallization scenario, a protracted solidification facilitating
crystal settlement and thus fractional crystallization.
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Figure 1.10: Time series of the evolution of the potential temperature of an Earth-like full-mantle
magma ocean radiating directly to space as a black body (red curve) or cooling below a progressively
outgassed atmosphere (blue curve). The atmosphere is treated as a simple grey transmitter. From
(Nikolaou et al., 2019)
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Figure 1.11: Radial distribution of the concentration of a typical incompatible element in an
Earth-like mantle. The partitioning behaviour is governed by a single partition coefficient (K) of
value 0.5 (red curve) or 0.1 (blue curve). Both curves are normalized to the same bulk value, taken
into consideration a 3D spherically symmetrical geometry of the mantle.

If no atmosphere is present and the surface is in contact with cold space, it is likely
that a thin layer of magma will quench, as observed in free surface melt ponds on some
Earth’s volcanoes. However, because of its mobility, it is unlikely that such a quenched
crust significantly prolongs the duration of the magma ocean solidification (Perera, Jackson,
Elkins-Tanton, & Asphaug, 2018). In the case of the Moon, as mentioned in Section 1.3.1,
a solid flotation crust forms and grows up to a thickness of 45 km (Wieczorek et al., 2013),
forming an insulating lid through which heat has to be conducted in order for the magma
ocean to further cool down. This significantly prolongs the lifetime of the lunar magma ocean,
as developed in Chapter 3.

1.3.2.5 Fractionation

As previously mentioned, some chemical elements like volatiles are incompatible, which means
that, upon solidification, they tend to remain preferentially in the liquid phase. There are
several reasons for that. Trace elements may not fit in crystal lattice sites, either because
they have too big an ionic radius or because they have too high a cathionic charge. As
introduced in Section 1.2.1.2 for Hf and W isotopes, the incompatible behaviour of elements
is usually parametrized by a partition coefficient. The distribution of incompatible elements
during the fractional crystallization of a magma ocean is illustrated in Figure 1.11 for a simple
model where each newly crystallized layer is in equilibrium with the remaining magma ocean,
following the equation:

[X]solid = K[X]liquid, (1.2)

where [X]solid is the concentration of species X in the solid, K the partition coefficient and
[X]liquid the concentration of X in the liquid. This process is in general referred to as the
fractionation process, and is an essential mechanism related to magma ocean solidification, in
creating chemical heterogeneites in the mantle.

19



1. Introduction

1.3.2.6 Magma oceans on large terrestrial bodies

For large terrestrial bodies, like the Earth, the wide pressure range in the mantle may add
complexity to this model. In particular, above a given pressure (∼ 75 GPa in the terrestrial
mantle (Boukaré, Ricard, & Fiquet, 2015)), molten silicates are denser than the surrounding
rock, thus preventing crystal settling, or even resulting in a top-down crystallization. Yet
Miyazaki and Korenaga (2019) claims that melt cannot be denser than its corresponding
solid solely due to a higher compressibility, but that it can occur when iron is preferentially
partitioned into it. A change in the evolution of the crystallization can also happen if the
crystallization temperature’s gradient becomes less steep than the adiabatic temperature
gradient. This was suggested to be the case for Earth’s lower mantle-like pressures on the base
of first-principle simulations (de Koker, Karki, & Stixrude, 2013), resulting in a middle-out
crystallization of a solid cumulates sandwiched between a surface and a basal magma ocean.
However no experimental measurement have been able to reproduce these results so far. It
seems nevertheless possible that large terrestrial bodies might host deep magma oceans, buried
at the bottom of the mantle. Such basal oceans would be thermally insulated and could be
sustained over billions of years (Labrosse, Hernlund, & Coltice, 2007; Laneuville, Hernlund,
Labrosse, & Guttenberg, 2018).

1.3.3 Influence of magma ocean crystallization on planetary evolution

1.3.3.1 Mantle overturn

Once the magma ocean reaches the rheological transition, it conserves its crystallizing
temperature until heat diffusion or solid-state convection become effective. Assuming that
the characteristic time scale for either of these processes is much longer than that for magma
ocean solidification (which is in general a right assumption if no particular insulating effect is
considered), the whole mantle retains its crystallization temperature, which increases with
depth (see the black dashed line on Figure 1.7). The positive thermal expansivity of silicate
rocks thus induces a decrease of density with increasing depth. If the temperature gradient
is higher than the adiabatic gradient (which is generally the case for the crystallization
temperature gradient), the increase in density with depth cannot be compensated by lithostatic
compression and a gravitational instability appears (the Rayleigh-Bénard instability). This
instability triggers solid-state convection in the mantle, a process referred to as the thermal
overturn of the mantle.

Moreover, the incompatible behaviour of iron results in its progressive enrichment in the
magma ocean upon solidification, and in turn, in the late crystallized cumulates (i.e. the
shallow ones, under the assumption of bottom-up crystallization). Since iron-rich cumulates
are denser, this effect also induces a negative density gradient with increasing depth, which
causes a Rayleigh-Taylor instability configuration, a process referred to as the compositional
overturn of the mantle.

The fractionational crystallization of the magma ocean generally leads to a configuration
which is prone to both thermal and compositional overturn. The resulting onset of mantle
convection is usually simply referred to as the mantle overturn. While the stable configuration
achieved after a thermal overturn can in general be easily destabilized by bottom (due to secular
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core cooling) or internal (due to radioactive decay of heat-producing elements) heating of the
mantle, it is not necessarily the case for the compositional overturn. In fact, the competition
between the gravitationally stable configuration following a compositional overturn and the
engine for thermal convection (mentioned above) can lead to a broad variety of convective
patterns as shown by Tosi, Plesa, and Breuer (2013). Depending mainly on the density contrast
inherited from fractional crystallization of the magma ocean, but also on the viscosity of the
mantle and its rate of internal heating as well as the yield stress that mantle material can
support, various regimes appear relevant for the different terrestrial bodies, as described below.

1.3.3.2 Mars

Elkins-Tanton, Zaranek, Parmentier, and Hess (2005b) computed the crystallization sequence
of a bottom-up solidifying Martian magma ocean that underwent fractional crystallization, and
deduced the post-solidification temperature and density profiles in the mantle (Figure 1.12).
Using this set-up as the initial condition for mantle convection simulations, they computed
the evolution of the Martian mantle overturn over a time range of 150 Myr. They found it to
be in agreement with the onset of an early dynamo on Mars (Mittelholz, Johnson, Feinberg,
Langlais, & Phillips, 2020) powered by the heat-flux at the core-mantle boundary, enhanced
during the mantle overturn. The extraction of secondary melts formed in the hot rising
plumes during the overturn is also compatible with the formation of a 50 km-thick basaltic
crust. Finally the stable post-overturn configuration reached inhibits further convective mixing
and thus allows for the long-term preservation of the isolated, isotopically distinct reservoirs
from which the SNC meteorites likely originate (see Section 1.3.1). However, running similar
simulations with a more realistic rheology, Plesa, Tosi, and Breuer (2014) showed that, in
absence of an external event that would weaken the primordial crust, the overturn occurs
below a stagnant lid where the densest (iron-rich) material as well as the heat-producing
elements remain trapped. This stagnant lid is not mobilized because of its stiffness, caused by
the strong temperature dependence of the viscosity. In their simulations, convection and thus
volcanism halts within less than one billion years because of the depletion in internal heat
production, which is strongly at odds with evidences for recent (∼ 100 Ma) volcanism on Mars
(Neukum et al., 2001) as well as with the young eruption age of Shergottites (∼ 180 Ma). The
implied existence of a dense crust, trapped in the stiff stagnant lid is also problematic when
compared with the low values inferred from gravity measurements (Pauer & Breuer, 2009).

However, Plesa et al. (2014) also showed that if some surface yielding mechanism (e.g.
large scale impact) would allow the outermost, densest cumulates to overturn and settle
at the core-mantle boundary, the gravitationally stable stratification thus achieved would
also prevent long-term thermal convection. Even if the overturned cumulates are enriched
in heat-producing elements (whose enrichment correlate with enrichment in dense material
following their similarly incompatible behaviour), this layer could reach large degree of partial
melting, but not be destabilized and rise again. While this would explain the preservation
of isotopically distinct mantle reservoirs, it is hardly reconcilable with evidences for recent
volcanism on Mars. The interplay between the solidification of the magma ocean and the
long-term mantle dynamics of Mars is the subject of Chapter 2, where this point will be
discussed more in-depth.
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Figure 1.12: Magma ocean crystallization inherited temperature (a) and density (b) profiles in
the Martian mantle (black curves), and post mantle overturn density profile (red curves). Various
profiles are studied: an initially linear unstable profile (solid curves), the crystallization profile
computed in (Elkins-Tanton, Zaranek, Parmentier, & Hess, 2005b) (dashed curves) and the same
profile including phase transition, from (Plesa, Tosi, & Breuer, 2014) (mixed curves). The general
inversion of the density gradient induced by the mantle overturn is visible in all case, however in
the two latter cases the overturn takes place below a stiff stagnant-lid, and the uppermost unstable
density stratification is conserved.

1.3.3.3 The Earth

As for Mars, the terrestrial mantle is thought to be heterogeneous, in particular on the account
of seismic waves propagation measurements that suggest the existence of domains of anomalous
seismic velocities. Such anomalies can originate from temperature and/or composition as well
as partial melting. The most prominent seismic features of the lower mantle are two large, low
shear velocity provinces (LLSVPs) located one beneath Africa and one beneath the Pacific
(Hernlund & Houser, 2007; Garnero & McNamara, 2008) (see Figure 1.13). These provinces are
associated with a degree-2 geoid feature suggesting that they are denser than the surrounding
mantle (Ishii & Tromp, 1999). They are theorized to consist in thermochemical anomalies
because a purely thermal one would fail to produce the observed anti-correlation between
the S- and P-waves velocities. Their origin has been sought in the subduction of oceanic
crust but also in the long-term preservation of anomalies inherited from a large degree of
fractionation in the mantle associated with an episode of magma ocean solidification (Labrosse
et al., 2007; Ballmer, Lourenço, Hirose, Caracas, & Nomura, 2017; Laneuville et al., 2018).
Another important feature, although of more modest scale (∼10 km thick), are ultra low
velocity zones (ULVZs), where both P- and S-waves’ velocities are more significantly reduced,
by up to 10 to 30 % respectively (Thorne & Garnero, 2004). Such a decrease in seismic waves
velocity could be due to chemical anomalies induced by equilibration with the core, but also
to some degree of partial melting. As such, they could represent the remnants of a long-lived
basal magma ocean (Labrosse et al., 2007; Laneuville et al., 2018) (see Section 1.3.2.6).

Heterogeneities in the terrestrial mantle are also manifested by isotopic variations between
the different sorts of terrestrial magmas, namely mid-ocean rige basalts (MORBs), produced
at the diverging oceanic ridges by decompression melting of upper-mantle material, and ocean
island basalts (OIBs), produced by intraplate (hotspot) volcanism, due to partial melting in
plumes whose origin in the mantle is still unresolved (Zindler & Hart, 1986; Hofmann, 1997).
MORBs, thought to be representative of the upper mantle, exhibit a trace-element depleted
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Figure 1.13: LLSVPs as retrieved by seismic tomography (Bull, McNamara, & Ritsema, 2009).
The upper panel represents the isosurface corresponding to an S-waves velocity decrease of 0.6%
and the lower panel reprsents the S-waves velocity distribution at 2750 km-depth.

composition compared to the bulk silicate Earth (assumed chondritic). This observation led
Boyet and Carlson (2006) to propose that the terrestrial mantle separated early on into an
early depleted reservoir (EDR) and an early enriched reservoir (EER), the former evolving
into the present-day upper mantle. In this scenario, the EER remains largely unsampled, and
could be sequestered in the lower mantle. OIBs exhibit a more enriched composition, and
they could originate, at least partially, from the EER (Coltice, Moreira, Hernlund, & Labrosse,
2011; Peters, Carlson, Day, & Horan, 2018). The source of mantle plumes that produce OIBs
is still speculative, and some of them have been attributed to ULVZs (Yuan & Romaovicz,
2017) or to LLSVPs (Ballmer, Schumacher, Lekic, Thomas, & Ito, 2016). The latter, if they
are stable piles of dense material, are a likely candidate for the EER.

Although not the unique candidate, the crystallization of a magma ocean offers an appealing
explanation for both seismic and geochemical mantle features. As pointed out in Section
1.3.2.6, the solidification of the terrestrial magma ocean might not have occurred from the
bottom-up, as on Mars. In fact, two scenarios seem plausible: 1) in the case of a bottom-up
crystallization followed by mantle overturn, the dense overturned material might have gathered
to form piles at the bottom of the mantle (Ballmer et al., 2017; Brown, Elkins-Tanton, &
Walker, 2014), observed today as the LLSVPs. 2) If the magma ocean solidified from the
middle-out, then a long-lived basal magma ocean likely survived for billions of years (Labrosse
et al., 2007; Laneuville et al., 2018), and the ULVZs might be remnants of it.
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1.3.3.4 The Moon

Although the Moon is much smaller than Mars and the Earth, the solidification of its
magma ocean likely induced a gravitationally unstable configuration as well. In particular,
crystallization models predict the existence of a dense layer enriched in the Ti-oxide ilmenite
among the late cumulates, referred to as the ilmenite-bearing cumulates (IBC). Hess and
Parmentier (1995) proposed a lunar mantle overturn triggered by the Rayleigh-Taylor instability
due to the sinking of the IBC. In this model, a dense layer of IBC settles at the core-mantle
boundary. Because it is also enriched in heat-producing elements, this layer heats up and,
contrary to Mars where the expected density contrast is prohibitively high, might become
unstable and form rising plumes. This mechanism has been proposed to explain different
features of the lunar history, like the existence of an early core dynamo (Stegman, Jellinek,
Zatman, Baumgardner, & Richards, 2003), recorded in natural remnant magnetization of lunar
samples (Weiss & Tikoo, 2014), or the hemispherical asymmetry in the mare basalts (Zhong,
Parmentier, & Zuber, 2000). However, all these models strongly depend on a succession of
estimations, based largely on scaling laws and poorly constrained parameters. More realistic
dynamical studies of the lunar IBC overturn have been led by Yu et al. (2019), Zhao, de Vries,
van den Berg, Jacobs, and van Westrenen (2019) and Li et al. (2019), and this problematic is
discussed in depth in Chapter 5.
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2
Early onset of convection and mantle

overturn: the case of Mars

This chapter is largely based on the published paper: Maurice, M., Tosi, N., Samuel, H., Plesa,
A.-C., Hüttig, C. and Breuer, D. (2017). Onset of solid-state mantle convection and mixing
during magma ocean solidification. Journal of Geophysical Research: Planets, 122

2.1 Constraints and problematics about the Martian magma
ocean

The early post-magma ocean interior evolution computed by Elkins-Tanton et al. (2005b) is
compatible with several Martian features. It is however hardly reconciliable with some other
observations. In particular, the compositional gradient inferred from petrological modelling
(Elkins-Tanton, Hess, & Parmentier, 2005a) is sufficiently large to completely suppress any
form of thermal or thermochemical mantle convection after the cumulate overturn (Tosi et al.,
2013; Plesa et al., 2014). This, in turn, strongly limits the time span over which partial melt
is generated, which, under these conditions, can only occur over the first few hundred million
years of evolution (Plesa et al., 2014). This picture is difficult to reconcile with Mars’ large
volcanic provinces and long-lasting volcanic activity, which are likely the products of billions of
years of vigorous mantle convection (e.g., Li & Kiefer, 2007; O’Neill, Lenardic, Moresi, Torsvik,
& Lee, 2007; Grott & Breuer, 2010; Sekhar & King, 2014).

One possibility that may help resolving this issue is that Mars’ magma ocean underwent
a combination of batch and fractional crystallization, similar to what has been proposed
by Solomatov (2000) for the batch crystallization of the Earth’s lower mantle followed by
the fractional crystallization of the upper mantle. In this case, the compositional gradient
established at the end of solidification would not be as strong as in the purely fractional case.
This would facilitate the onset of post-overturn mantle convection (Tosi et al., 2013) and yet
allow for the long-term preservation of primordial compositional heterogeneities as suggested
by the isotopic signatures of the SNC meteorites (e.g., Foley et al., 2005).
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Fractional crystallization of the entire magma ocean relies on the hypothesis that the
timescale of mantle solidification is shorter than the timescale for the onset of the convective
cumulates overturn. Highly efficient heat loss due to turbulent convection in the magma
ocean can indeed ensure that the entire mantle crystallizes very rapidly with a time scale
of the order of 103 years (Monteux, Andrault, & Samuel, 2016), unless a thick atmosphere
generated by volatile degassing builds up (e.g., Abe & Matsui, 1985; Zahnle, Kasting, &
Pollack, 1988; Abe, 1997). In this case, the time over which the solidification front reaches
the surface becomes of the order of 105 − 106 years (Zahnle et al., 2007; Lebrun et al., 2013;
Salvador et al., 2017; Nikolaou et al., 2019). The magma ocean solidification time is defined
here as the time during which a liquid-like, turbulently convecting layer can be maintained
at the surface of the planet, allowing for efficient heat extraction. Over such protracted time
scales, newly formed solid cumulates with high, near-solidus temperatures and hence low
viscosity, possibly further reduced by the presence of residual melt, can begin overturning
before the solidification front has reached the surface. solid-state convection can start mixing
compositional heterogeneities while solidification is still taking place, thus effectively reducing
the final compositional gradient induced by fractional crystallization.

In this chapter, we investigate the conditions for the initiation of solid-state thermo-chemical
convection during the bottom-up solidification of the Martian magma ocean. We treat the two
end-member scenarios of batch and fractional crystallization and demonstrate that in both
cases, for the cooling rates that can be expected in the presence of an insulating atmosphere,
thermal and compositional mixing via solid-state convection can start soon after the formation
of the first solid mantle cumulates and before the end of magma ocean crystallization.

2.2 Physical model

We consider a Mars-like body whose mantle is initially completely molten except for a thin
layer atop the CMB that is assumed to have already solidified. The magma ocean temperature
follows the temperature reached at the solidification front, which depends on the chosen
crystallization scenario (see Sections 2.2.1 and 2.2.2 and Figure 2.1). For simplicity, and since
we are not aiming at reproducing the physics of the liquid magma ocean itself, we assume that
the thermal evolution of the magma ocean results in a rise of the solidification front linear in
time, an assumption that we discuss in Section 2.5.2. The time needed to achieve complete
solidification of the magma ocean (tMO) is one of the investigated parameters. For the solidus
and liquidus curves, we use parametrizations proposed by Herzberg, Raterron, and Zhang
(2000) and Zhang and Herzberg (1994) respectively, which are based on melting experiments
conducted on fertile KLB-1 peridotite. According to these two studies, solidus and liquidus
temperatures (respectively Tsol and Tliq) can be expressed as a function of pressure p as follows:

Tsol = 1400 + 149.5p− 9.64p2 + 0.313p3 − 0.0039p4, (2.1)

Tliq = 1977 + 64.1p− 3.92p2 + 0.141p3 − 0.0015p4, (2.2)

where Tsol and Tliq are expressed in K and p in GPa. Note that, in the expression of the
melting curves, we shall make the assumption that the pressure is equal to the lithostatic
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pressure only (Equations (2.1) and (2.2) can then be written as function of depth). These are
the melting curves represented in Figure 1.7.

In order to assess the consequences of magma ocean solidification on the dynamics of the
solid mantle, we treat the two end-member scenarios of fractional and batch crystallization
(Solomatov, 2007), whose physical description is provided in Section 1.3.2.3. The following
sections describes their implementation in the model.

2.2.1 Fractional crystallization

In the fractional crystallization scenario, we assume that residual melt cannot remain embedded
the solid matrix and is extracted into the overlying liquid, leaving beneath a differentiated
solid mantle. In this case, the temperature of the solidification front simply coincides with
the solidus (Figure 2.1a). Upon solidification, iron is preferentially partitioned into the liquid
phase (e.g., Elkins-Tanton et al., 2005a), which causes the enrichment of the magma ocean
and, in turn, of the latest (i.e., shallowest) solidified layers. As a consequence, an unstable
compositional profile forms, with progressively denser cumulates that occupy shallower and
shallower mantle layers.

This scenario is qualitatively similar to the one considered in previous studies (e.g. Elkins-
Tanton et al., 2005a; Tosi et al., 2013; Plesa et al., 2014; Scheinberg, Elkins-Tanton, &
Zhong, 2014). The fundamental difference here is that instead of assuming the entire unstable
compositional profile to be built before any solid-mantle overturn can take place, we model its
formation allowing for the possibility that solid-state convection sets in before the solidification
front has reached the surface.

It must be also noted that, because of chemical partitioning, the actual solidus of the
crystallizing cumulates should evolve as the solidification proceeds. At the beginning, when
the most mafic materials crystallize, it corresponds to the liquidus of the bulk mantle, while at
the end, when the most felsic materials crystallize, it corresponds to its solidus. However, for
simplicity, we consider the crystallization temperature to be equal to the solidus of the bulk
mantle, which, in turn, translates into a lower temperature, and hence a higher viscosity, at
the solidification front for the deepest cumulates.

2.2.2 Batch crystallization

As an alternative to the fractional crystallization scenario, we consider a simple model of batch
crystallization where the melt remains entirely embedded in the matrix until solidification
is completed, thus leading to a homogeneous mantle composition. This situation could
be encountered if, for example, the mantle solidified rapidly, over a time shorter than the
characteristic time scale for melt percolation and crystal segregation, or if the melt was
neutrally buoyant.

Between the liquidus and solidus, the volumetric melt fraction ϕ decreases linearly with
temperature from 1 to 0, as given by Equation (1.1). Experiments show that the rheology of
two-phase crystal-melt mixtures presents a sharp transition between liquid-like and solid-like
behaviour around a certain rheologically critical melt fraction (RCMF) (e.g., Costa et al.,
2009). The RCMF identifies the critical value of ϕ below which newly-formed crystals build
an interconnected network that effectively deforms via solid-state creep, which can be treated
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2. Early onset of convection and mantle overturn: the case of Mars

by solving the equations of solid mantle convection. In the batch crystallization case, the
temperature of the solidification front is no longer the solidus as in the fractional case, but the
temperature TRCMF corresponding to the RCMF (Figure 2.1b). The partially molten region
where the temperature lies between Tsol and TRCMF, the so-called mush domain (Solomatov,
2007), is thus treated as part of the solid mantle with a viscosity, which, besides being dependent
on temperature and pressure, also depends on the melt fraction (see Section A.2 and equations
((A.23)) and ((A.24))).

Note that in the fractional crystallization scenario, the end of magma ocean solidification
corresponds to the time when the solidification front reaches the surface, which means the
time when the surface temperature reaches the solidus in the fractional crystallization case, or
the RMCF temperature in the batch crystallization case.
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Figure 2.1: Schematic diagram illustrating the fractional (a) and batch (b) crystallization
scenarios. The solidification front lies at the intersection between the magma ocean temperature
and the solidus in the fractional case, and the temperature corresponding to the RCMF in the
batch case. Over a time step ∆t, the fully solid mantle (fractional case) or the mush region (batch
case) grow upwards by ∆r = ∆tDMO(0)/tMO, where DMO(0) is the initial thickness of the magma
ocean and tMO the prescribed solidification time of the magma ocean.

2.2.3 Cumulates dynamics

To simulate the dynamics of the solid cumulates during magma ocean solidification, we solve the
non-dimensional conservation equations of mass, momentum, thermal energy, and composition
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under the Boussinesq approximation, using the convection code GAIA, as introduced in
Appendices A1 and A2. These equations read (see Section B.1):

∇⃗ · v⃗ = 0, (2.3)

∇⃗ · [η(∇⃗v⃗ + (∇⃗v⃗)T )] − ∇⃗p+ Ra(T −BC)e⃗z = 0⃗, (2.4)
∂T

∂t
+ v⃗ · ∇⃗T − ∇2T = 0, (2.5)

∂C

∂t
+ v⃗ · ∇⃗C = 0, (2.6)

where v⃗ is the velocity, η the dynamic viscosity, p the dynamic pressure, Ra the thermal
Rayleigh number, T the temperature, B the buoyancy ratio, C the compositional density
field, and e⃗z the unit vector in radial direction pointing outwards. All material parameters
(listed in Table 2.1) are assumed to be constant with the exception of the density, which,
according to the Boussinesq approximation, varies only when it appears in the buoyancy
terms through the Rayleigh number and buoyancy ratio (Equation (2.4)), and of the viscosity,
which is assumed to depend on temperature and depth according to the Arrhenius law for
diffusion creep (see Section A.2). The Rayleigh number describes the ratio of buoyancy forces
due to thermal expansion and contraction to the stabilizing effects of heat and momentum
diffusion, while the buoyancy ratio measures the importance of density contrasts associated
with variations in composition (when accounted for) with respect to density contrasts due to
variations in temperature. Note that in our simulations, both the initial temperature and the
initial compositional gradient act in favour of the onset of convection rather than competing
against each other. It is only after the first overturn has taken place that compositional
buoyancy acts against thermal convection. Also note that in Equation (2.5) we neglected
both internal heating and viscous dissipation. On the one hand, in the case of fractional
crystallization, heat-producing elements, being highly incompatible, would be strongly enriched
initially in the liquid phase and, toward the end of solidification, in the shallow solid cumulates
(see Plesa et al., 2014; Scheinberg et al., 2014, and references therein). As a consequence,
the bulk of the solid mantle is likely depleted in heat sources during crystallization. On the
other hand, in the case of batch crystallization, tests conducted with and without internal
heating did not evidence significant differences in the onset time of convection, which is largely
controlled by the very low viscosity caused by the high temperature and by the presence of
interstitial melts (Section 2.4.1).

In the fractional crystallization case, we use the non-dimensional field C to model the
evolving composition of the solid cumulates assuming, for simplicity, that C increases linearly
from the CMB (where C = 0), to the surface (where C = 1) (Tosi et al., 2013). The buoyancy
ratio B is used as model parameter to control the strength of the compositional gradient
(Section 2.2.4). In the case of batch crystallization, for temperatures between the TRCMF and
Tsol, we take into account the supplementary effect of the presence of melt on the viscosity
through an additional exponential term (see Section A.2). In both crystallization scenarios,
the temperature in the solid cumulates is buffered to its initial value, i.e. the solidus for the
fractional crystallization scenario and the RCMF temperature for the batch crystallization
scenario. The melt that would be generated by hot upwelling cumulates whose temperature
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2. Early onset of convection and mantle overturn: the case of Mars

rises above these thresholds is assumed to be extracted instantaneously into the overlying
liquid magma ocean. Also note that latent heat effects are not explicitly included but their
expected influence is discussed in Section 2.5.2.

Quantity Value Unit
Rp 3400 km
Rc 1700 km
Dref 1700 km
g 3.7 m/s2

DMO(0) 1530 km
tMO 0.1, 1, 10 Myr
Tref 2503 K
pref 22 GPa
E∗ 3.35 × 105 J/mol
V ∗ 4 × 10−6 m3/mol
αm 21 –
ϕRCMF 0.3 –
R 8.314 J/(kg mol)
cp 1200 J/kg/K
κ 10−6 1/m2

α 3 × 10−5 K−1

ρref 3500 kg/m3

cp,c 840 J/kg/K
ρc 7200 kg/m3

∆T 2283 K
Ts 220 K
Raref 108, 109, 1010 Pa s
B 0.2, 1, 1.8 –
L 5 × 105 kJ/mol

Table 2.1: Values of th quantities in use. Note that the reference Rayleigh number corresponds
to the Rayleigh number computed for the whole mantle (see Section 2.3.1). Study parameters are
indicated in red

2.2.4 Parameter space

We investigate the onset of solid-state convection for the two crystallization scenarios by
varying the following parameters: the reference Rayleigh number Raref , the magma ocean
solidification duration tMO, and, in case of fractional crystallization, the buoyancy ratio B.
In the case of batch crystallization, we assume a homogeneous mantle with no compositional
heterogeneities, i.e. with B = 0 (see Section 2.2.2). The reference Rayleigh number Raref,
computed for the whole mantle thickness and the reference viscosity ηref, is defined at the
depth of the CMB (pref = 22 GPa), and at the temperature of 2503 K, i.e. the temperature
of the RCMF at the CMB. We varied Raref between 108, 109 and 1010 for the fractional
crystallization case, and set it to 107 for the batch crystallization case (see Section 2.4.1).
These values correspond to reference viscosities of ηref = 4.4 × 1020, 4.4 × 1019, and 4.4 × 1018

Pa s, respectively, in the fractional crystallization case, and 4.4 × 1021 Pa s in the batch
crystallization case. At the more conventional reference pressure and temperature of 3 GPa
and 1600 K often employed in studies of mantle convection and thermal evolution (e.g. Tosi
et al., 2013; Plesa et al., 2014), the above reference viscosities would be 2.4 × 1022, 2.4 × 1021,
and 2.4×1020 Pa s, respectively in the fractional crystallization case, and 2.4×1023 Pa s in the
batch crystallization case, yielding Rayleigh numbers of 1.23 × 105, 1.23 × 106 and 1.23 × 107

respectively for the fractional crystallization case, and 1.23 × 104 for the batch crystallization
case. Note that ηref can be formally calculated by changing the pre-exponential term of the
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olivine flow law for diffusion creep using different values of the grain size and/or of the water
content (Hirth & Kohlstedt, 2003). The values that we used have been obtained by setting the
grain size to 1 cm and varying the water content between 1, 10, and 100 ppm. Furthermore, in
the case of batch crystallization, the presence of interstitial melt further decreases the effective
viscosity (see Equation ((A.24)) and Section 2.4.1).

The magma ocean solidification duration (tMO), defined as the time necessary for the
solidification front to propagate from the CMB to the surface, is varied between 0.1, 1,
and 10 Myr. These values are representative of relatively long-lived magma oceans whose
crystallization is slowed down by the blanketing effect of a growing H2O-CO2 atmosphere
generated upon degassing of greenhouse volatiles (Abe, 1997; Hamano et al., 2013; Lebrun
et al., 2013; Salvador et al., 2017; Nikolaou et al., 2019).

In the case of fractional crystallization, we test three different values of the buoyancy ratio:
B = 0.2, 1, and 1.8, corresponding to maximum compositional density contrasts ∆ρ between
the surface and the CMB of 47.8, 239 and 430 kg/m3, respectively.

2.3 Numerical set-up

Convection in the cumulates is computed using GAIA, as introduced in Appendix B. This
section introduces features specific to the present case.

2.3.1 Domain mehsing and time-evolving geometry of the cumulates

Because of the very high computational cost of using the particle-in-cell method (to advect
the composition field) on a 3D grid, we simulate the solid cumulates by a 2D quarter cylinder,
with an inner-to-outer radius ratio of 1:2, as appropriate for a Mars-like planet. Discrepancies
between 2D and 3D convection can appear in steady state (Guerrero, Lowman, Deschamps,
& Tackley, 2018), but are not expected to be significant for such transient processes as the
mantle overturn (see Section 3.4.4 for a longer discussion). The domain is meshed using a
projected grid with equally spaced radial shells. The resolution is chosen according to the
value of the reference Rayleigh number: 100 radial shells of 237 cells each for Raref = 108,
150 radial shells of 355 cells each for Raref = 109 and 200 radial shells of 473 cells each for
Raref = 1010.

The time-dependence of the domain’s size (i.e. the cumulates’ growth) is taken into account
by successively ”switching on” shells of control volumes when the solidification front reaches
their depth (see Fig. 2.2). When it still belongs to the magma ocean’s domain, a control volume
exists as a ghost cell. When it is switched on, it receives the corresponding crystallization
temperature as initial condition for equation (B.3) and the corresponding composition when
equation (A.25) is solved.

The non-continous nature of this implementation is balanced by adopting a sufficiently
high resolution and a sufficiently small time stepping. Thus, at each time step, the boundary
of the numerical domain (the upper faces of the cells from the uppermost active shell) are the
closest possible to the actual depth of the solidification front.
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2. Early onset of convection and mantle overturn: the case of Mars

Figure 2.2: Evolution of the finite volume grid between two time steps. At time t (left panel),
the radius of the solidification front (RSF) is such that all grid shells above the ith shell (included)
are deactivated (set as ghost cells, represented in grey while active cells are represented in black),
while at time t+ dt (right panel), the ascension of the solidification front results in the activation
of the cells of the ith shell.

Note that, due to the time evolution of the geometry, the Rayleigh number scaling Equation
(2.4) is time-dependent. It is obtained by multiplying the reference Rayleigh number by the
cube of the relative thickness of the solid cumulates at each time step.

In order to reliably capture the onset of convection, a high temporal resolution is also
essential (e.g. Korenaga & Jordan, 2003). We chose the time step ∆t according to the Courant-
Friedrich-Levy (CFL) criterion, i.e. ∆t = λδmin/|v|max, where δmin is the minimum spatial
resolution in the radial or lateral direction, |v|max is the maximum velocity in the domain, and
λ is the CFL number that we set to 0.5 in all simulations. In addition, we limited the actual
value of ∆t by defining a maximum non-dimensional time step ∆tmax = 10−8 (corresponding
to ∼ 900 years) that was used whenever the CFL criterion would result in a larger time step.

For a representative run that leads to an early onset of convection with Raref = 109,
tMO = 10 Myr, and B = 1, we carried out resolution tests by varying both the spatial and
temporal resolution of the simulation. Tests conducted using 100 to 250 radial shells and
setting ∆tmax between 10−7 and 10−9 did not evidence significant differences in terms either
of the onset time of solid-state convection, or of its characteristic planform. Specifically, the
time for the onset of convection varies by up to 0.04 Myr upon varying the temporal resolution
and 0.06 Myr upon varying the spatial resolution within the above ranges.

2.3.2 Initial and boundary conditions

The simulations start whith a thin initial solid layer already existing atop the CMB, so that the
actual solution domain is present from the beginning. In all simulations, we used a shell with
an initial thickness of 170 km (i.e. the initial depth of the magma ocean is DMO(0) = 1530
km) that mimics this first solid cumulate layer. The subsequent bottom-up crystallization of
the magma ocean is modelled by progressively increasing the size of the solid domain (see
Section 2.3.1) at a predefined rate according to the parameter tMO and considering a growth
linear in time (Section 2.2.4) until the solidification front reaches the planetary surface. The
upper and lower boundaries of the growing partial cylinder shell have free-slip conditions and
a prescribed temperature. The temperature of the upper boundary evolves according to the
position of the solidification front, following the crystallization temperature, i.e. either the
profile of Tsol or TRCMF, depending on the crystallization scenario (Sections 2.2.1 and 2.2.2).
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The CMB temperature TCMB corresponds initially to the CMB temperature of the solidus (in
fractional crystallization cases) or of the RCMF (in batch crystallization cases) and evolves
following Equation (A.26).

The initial temperature distribution in the thin pre-existing solid domain follows the profiles
of Tsol in the fractional crystallization case, or of TRCMF in the batch crystallization case,
beneath the rising solidification front. Note that for short lifetimes of the magma ocean and
relatively small reference Rayleigh numbers, the solidification front will likely reach the surface
before the onset of solid-state convection. In that case, the initial temperature distribution is
the entire solidus (for fractional crystallization cases) or the entire profile of TRCMF (for batch
crystallization cases). Note also that the surface temperature is set to its present-day value as
soon as the solidification front reaches the surface. After the cessation of the liquid magma
ocean phase, in fact, a very high surface temperature cannot be sustained. Indeed, at least
for the Earth, Valley et al. (2005) showed that there is evidence for a cold surface as early as
4.4 Ga. Therefore, for a simulation time t > tMO, the top boundary has a temperature Ts of
220 K. Because of the strong temperature dependence of the viscosity, this causes the rapid
growth of a stagnant lid since no plastic yielding is taken into account. To initiate convection,
a random perturbation with an (non-dimensional) amplitude of 10−3 is added to the initial
temperature profile (corresponding to anomalies of ∼ 1 K).

Finally, in the fractional crystallization case, an unstable compositional profile increasing
linearly from the CMB (where C = 0) upwards to the surface (where C = 1) (Tosi et al., 2013)
is progressively built up as the magma ocean solidifies (see Figure 2.3).

2.3.3 Lyapunov exponent and shrinking factor

In the fractional crystallization cases, a primordial heterogeneity is created in the mantle upon
magma ocean solidification. One of the goals of this study is to quantify the degree of mantle
mixing achived depending on the values of the parameters. To do so we compute the Lyapunov
exponent in the convecting domain (Farnetani & Samuel, 2003). Due to the action of the local
velocity field and its corresponding velocity gradient tensor (∇⃗v⃗), each mantle parcel stretches
and shrinks along preferential directions. In the frame of the Boussinesq approximation, these
two directions are perpendicular. Following Farnetani and Samuel (2003), in a two-dimensional
domain, the maximum strain along the stretching and shrinking directions are derived from the
Lagrangian time-integration of the following equation for the entries of a 2×2 linear operator
matrix:

d
⃗⃗
M

dt
= ∇⃗v⃗ × ⃗⃗

M, (2.7)

subject to the initial condition : ⃗⃗
M(t = 0) = ⃗⃗

I2, where ⃗⃗I2 is the second order identity matrix.
Along a flow streamline, ⃗⃗M relates the vectors connecting two small, initially close, fluid parcels
from r⃗0 = r⃗(t = 0) to r⃗(t) = ⃗⃗

M r⃗0. The maximum amount of stretching and shrinking at a
given time and location correspond to σ+ and σ−, the maximum and minimum eigenvalues of
⃗⃗
M , respectively. The incompressibility constraint (Equation (B.1)) implies that σ− = 1/σ+.

We characterize the efficiency of mixing for each model by monitoring σ−, the minimum
shrinking factor (as explained below, a small shrinking factor means a high degree mixing).
This quantity is initially equal to unity. For a velocity field generating deformation, σ−
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decreases towards a minimum asymptotic value of 0. Low values of σ− indicate stronger
shortening of mantle parcels with larger aspect ratio, favoring mixing and homogenization
with the surroundings via chemical diffusion (Olson, Yuen, & Balsinger, 1984; Gurnis, 1986;
Ottino, 1989). Equivalently, this quantity expresses the amount by which the initial size of a
mantle parcel has been reduced as a result of the deformation along its trajectory (Samuel,
Aleksandrov, & Deo, 2011; Samuel & King, 2014). In other words, for a mantle parcel of
given initial size δ0, its dimension in the direction of maximum shrinking at time t is just
δ = δ0 σ

−, implying that the smaller σ−, the more efficient mixing. Maximum shrinking
factors are tracked along as many trajectories as grid cells, whose initial locations are spread
over the computational domain according to a random homogeneous distribution. Equation
(2.7) is then integrated forward in time using a second-order predictor-corrector Runge-Kutta
method with bi-linear interpolation of velocity components located at the four nearest grid
points. With respect to studies in which convective mixing is discussed on the basis of the
distribution of tracers (e.g. O’Neill, Debaille, & Griffin, 2013; Tosi et al., 2013), the calculation
of the shrinking factor has the advantage of allowing us to characterize with a single number
the mixing properties of each of the analyzed cases (see Section 2.4.2).

2.4 Results

2.4.1 Early onset of mantle convection

The onset of convection during the magma ocean solidification results from a competition
between the timescale of the first convective overturn and the timescale of solidification (tMO),
the former being influenced by the reference Rayleigh number Ra and, in the case of fractional
crystallization, also by the buoyancy ratio B (see Section B.1 and Table B.1). From now on,
we will speak of ”early” onset of convection if this occurs before the end of the solidification
of the magma ocean, and of ”late” onset if convection begins only afterwards, resulting in a
global-scale overturn occurring underneath a stagnant lid.

Figure 2.3 shows the evolution of a representative case characterized by an early onset
of convection. In this example, we considered a fractional crystallization scenario with the
following parameters: Raref = 1010, B = 1.8 and tMO = 1 Myr. Figure 2.3a shows the
initial conditions. The semi-transparent layer denotes the parametrized magma ocean region
(i.e. the region where the conservation equations are not solved); the opaque layer, which
is colour-coded according to the composition field and grows radially outwards with time,
represents the solid cumulates with an initial temperature (red line) set at the solidus (black
dashed line), and an initial composition set to a linear unstable gradient (blue line). After 0.7
Myr the first overturn has already taken place (Figure 2.3b). Compositionally dense material
accumulates near the CMB, while lighter material is driven below the solidification front by hot
upwellings. At 1 Myr, the solidification is completed. By this time, the initial compositional
gradient is significantly reduced as shown by the composition profile in Figure 2.3c, indicating
a relatively well mixed interior. For the subsequent evolution, the surface temperature is set to
its present-day value, which quickly creates a highly viscous stagnant lid in absence of yielding
(which is not included in the model), slowly delaminated by dripping downwellings caused by
the underlying convection. At 10 Myr most of the densest cumulates that formed near the
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Figure 2.3: Evolution of the composition field for a fractional crystallization scenario with
Ra = 1010, B = 1.8, and tMO = 1 Myr. The four panels show snapshots and corresponding
laterally-averaged profiles of temperature (red line) and composition (blue line) at the beginning of
the simulation (a), and after 0.7 Myr (b), 1 Myr (c), and 10 Myr (d). The black dashed and dotted
lines denote the solidus temperature and the position of the solidification front, respectively.

surface have either sunken at the CMB or have been mixed by mantle convection with the
consequence that the effective buoyancy ratio of the convecting part of the mantle is much
lower than in the case of a whole mantle overturn (Figure 2.3d).

In order to investigate how the onset of convection is influenced by the various model
parameters, we followed the evolution of the Nusselt number calculated at the bottom of the
domain (Nubot). Defined as the ratio of the heat-flux through the top boundary layer to the
steady-state conductive heat flux for a similar geometry, the Nusselt number can be effectively
used to track the onset of finite-amplitude convection. As long as heat is transported by
conduction, Nubot will be equal to one, while it will become higher as soon as convection sets
in. Figure 2.4 shows time-series of Nubot for all simulations over a time interval of 11 Myr.

An early onset of mantle convection is only possible if the solidification duration of
the magma ocean is sufficiently long in comparison with the convective overturn timescale.
Therefore the fast solidifying cases (small values of tMO) generally result in a late onset of
convection. This is the case, in fact, for all the runs with tMO = 0.1 Myr, regardless of other
parameters (Raref and B). With tMO = 1 Myr, however, in the fractional crystallization cases,
early onset of convection occurs for Raref ≥ 1010 and, with tMO = 10 Myr, for Raref ≥ 109.
While increasing the buoyancy ratio slightly shifts the time of onset of convection towards
earlier values, it does not have a first order influence as the value of Raref does. This reflects the
fact that our uncertainty in the density contrast spans not more that one order of magnitude,
whereas the uncertainty in the viscosity covers three orders of magnitude.
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Figure 2.4: Time-series of the bottom Nusselt number for all combinations of parameters. Panels
a–i refer to fractional crystallization cases (B > 0) and j–l to the batch crystallization cases (B = 0).
All simulations are run for 11 Myr. The red line in panel h (tMO = 1 Myr and B = 1.8) corresponds
to the model shown in Figure 2.3. For batch models, only simulations with Raref of 107 have been
performed. The dotted line marks the end of the crystallization for each case in panels a–l.

The convective phase always begins with an intense overturn driven by the thermal and
compositional density contrasts available at the time of the onset. This first overturn is then
followed by a less intense phase during which thermal convection acts against the stabilizing
effect of the overturned cumulates. This behavior can be recognized in the time-series of Nubot

shown in Figure 2.4. On the one hand, when the overturn takes place only after the whole
mantle has solidified, e.g. as in Figure 2.4a, d, and g, for tMO = 0.1 Myr, Nubot initially grows
rapidly because of the sudden cooling of the deep mantle due to the sinking of shallow, cold
cumulates. After reaching the first peak, it decreases since the dense overturned cumulates
tend to hinder convection and heat extraction from the core. On the other hand, in those
cases where an early onset is observed (see e.g. Figure 2.4c, f, and i), the first overturn results
in the temporary formation of a stably stratified layer atop the CMB. If Raref is sufficiently
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large, this layer can be then quickly destabilized by thermal convection, leading to a secondary
growth of Nubot (Figures 2.4c, 2.4f, and 2.4i).

The batch crystallization cases exhibit very different convective regimes, mainly due to
their melt fraction-dependent rheology and their purely thermal convection. Despite the lower
value of the reference Rayleigh number (Raref = 107), the effective Rayleigh number is actually
very large both because of the higher initial temperature (TRCMF instead of Tsol used in the
fractional cases) and of the additional effect of interstitial melt on the rheology (Equation
(A.24)), yielding a maximum reached Rayleigh number of 5.45 × 109. While the time for the
onset of convection is comparable to that of the fractional crystallization cases with a similar
effective Rayleigh number (Figures 2.4j, k, and l), the evolution of Nubot differs considerably.
The initial overturn is purely thermal, hence less abrupt, and does not prevent subsequent
convection as it is not followed by the formation of a stable compositional gradient. The
strong decrease of the viscosity due to its dependence on the melt fraction concentrates the
deformation in very thin, rapidly ascending plumes, while cold downwellings, whose viscosity
is only controlled by temperature, are slow and diffused. As a consequence, basal heat is
extracted rather inefficiently through these very thin channels, ultimately resulting in much
lower values of Nubot.

2.4.2 Mixing of the mantle

Whether or not solid-state convection starts during the magma ocean phase has a critical
influence on the degree of mixing of compositional heterogeneities achieved immediately after
solidification, but also over the long-term evolution of the interior. Assessing the degree of
mantle mixing at the end of magma ocean solidification is important because early-formed
compositional heterogeneities can strongly affect the subsequent thermal evolution of the
mantle. To measure the degree of mixing of the solid mantle as a function of time, we
computed for all simulations the evolution of the shrinking factor as described in Section 2.3.3.
Time-series for the averaged value of the shrinking factor are displayed in Figure 2.5.

A late onset of convection leads to a sharp decrease in the shrinking factor. This feature is
due to the initial whole-mantle overturn, which causes the slope of the time-series to become
increasingly steeper as Raref and B (and thus the effective Rayleigh number) become larger.
The subsequent convection causes a further decrease of the shrinking factor towards a quasi-
asymptotic value, which also depends on Raref and B. In the cases characterized by an early
onset of convection (Figures 2.5c, f, and i), the initial overturn is still marked by a sharp
decrease in the shrinking factor, whose amplitude is also controlled by the Rayleigh number.
As in the previous cases, the slope of the time-series is steeper for higher Raref and B. After
the first overturn, the shrinking factor further decreases approximately linearly with time (the
curves appear bent due to the semi-log axes of the plot) until the end of solidification due to
the progressive mixing of the dense, newly crystallized layers. In this phase, mixing accelerates
when, after the initial overturn, the first deposited dense layers are progressively re-entrained
by the flow. The shrinking factor, eventually, evolves as before towards a slowly decreasing
value.

Mixing is a typically heterogeneous process in the mantle. For example, the shallowest
layers of the mantle are rapidly exposed to the low surface temperature and form a conductive
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Figure 2.5: Semi-log plots of the time-series of the shrinking factor for all combinations of
parameters. Similar to Figure 2.4, the dotted line marks the end of the magma ocean solidification.

stagnant lid that is too viscous to experience significant deformation. Figure 2.6 shows the
distribution of the shrinking factor across the solid mantle for all simulations after 11 Myr. A
homogeneously high shrinking factor, close to one, indicates that convection has not set in
before the end of the represented time span (although it starts later, as indicated in Section
2.4.3). The cases for which mixing was mostly efficient have shrinking factors close to 0 (see
e.g. red histograms in Figures 2.6f and i).

The presence of a cluster of high shrinking factor values in all simulations is associated
with the formation of the stagnant lid. It can be best seen in the cases presenting a late
onset of convection (for instance, all cases with Raref = 108), as previously discussed by Plesa
et al. (2014). Nonetheless, a stagnant lid also forms in the cases exhibiting an early onset of
convection, and its thickness decreases with increasing B. Indeed a high value of B destabilizes
the upper boundary layer by increasing its compositional density gradient.

In general, a high value of Ra generates small-scale convective patterns and an increased
time dependence of the flow that enhances mantle mixing, causing the shrinking factor to
cluster around values close to 0. A low Ra leads instead to longer wavelength convection that
ultimately results in a large spread of the shrinking factor values. When B is large enough,
cases characterized by a late whole-mantle overturn result in a dense layer at the bottom of the
mantle that does not take part in the subsequent mixing, limiting the convection to the upper
layers below the stagnant lid, provided that Ra is high enough to sustain it. This convecting
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Figure 2.6: Histograms of the distribution of the shrinking factor after 11 Myr for all simulations.
The vertical axis represents (in log scale) the percentage of tracers having a shrinking factor around
the value indicated on the x-axis.

zone experiences prolonged mixing, while the bottom layer experiences just limited shrinking
during the overturn, resulting in a significant spread in the values of the shrinking factor (see
red histogram on Figure 2.6g).

The heterogeneity of solid-state mixing is illustrated in Figure 2.7, where we compare
simulations with different solidification times for the case B = 1.8 and Raref = 1010. The
figure shows, after 11 Myr, snapshots of the composition field (left column), of the integrated
shrinking factor (middle column), and laterally averaged profiles (right column) of temperature
(red line), composition (blue line), and integrated shrinking factor (green line, log-axis). The
latter represents the final value of the shrinking factor mapped according to the initial position
of the tracers. A region with a high (respectively low) value of the integrated shrinking factor
indicates that mantle material initially located in that specific region has undergone a poor
(respectively intense) mixing.

The case with tMO = 0.1 Myr (top line in Figure 2.7) is characterized by a late onset of
convection, with a large-scale overturn taking place underneath a stagnant lid. This global
overturn results in a compositionally layered structure as shown in Figure 2.7a and by the blue
profile of Figure 2.7c. The uppermost layers located beneath the stagnant lid sink to the CMB
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and remain there. These layers experience thus considerably less shrinking than other parts of
the mantle that are involved in the subsequent convection. These poorly mixed cumulates
originate from the region marked by the two dark blue areas in Figure 2.7b corresponding to the
local maximum of the green profile in Figure 2.7c located at a non-dimensional radius between
1.50 and 1.75. Note that after the initial overturn, thermal convection is not immediately
suppressed by the stable compositional gradient, but continues below the stagnant lid, causing
this to thin from its initial thickness of ∼25% of the mantle’s depth to its final thickness as
seen in Figures 2.7a and 2.7c. It is also worth noting the presence of a rather small region
characterized by a very low value of the integrated shrinking factor (red patch on Figure 2.7b).
Tracers initially located in this region were first advected in an upwelling plume that turned
later into a downwelling, thereby epxperiencing extensive shear, translating into a significant
shrinking over the analyzed time interval.

The second case, with tMO = 1 Myr (middle line in Figure 2.7) exhibits an early onset of
convection. However, the initial overturn occurs near the end of the crystallization, making it
qualitatively similar to the previous case. Yet an early onset promotes mixing (Figure 2.7d)
and, as a consequence, this case is characterized by a generally lower value of the integrated
shrinking factor (i.e., more efficient mixing) throughout the mantle (Figure 2.7f).

The last case, with tMO = 10 Myr (bottom line in Figure 2.7) presents a very different
mixing pattern. Due to the long-lived magma ocean, the first overturn occurs early during
solidification and causes a first layer located at mid-mantle depth to sink to the CMB where it
remains unmixed for some time (see blue stripe at mid-mantle depth in Figure 2.7h and local
maximum of the green profile in Figure 2.7i), while the initially underlying material is entrained
by vigorous thermal convection. By the end of the solidification, the density heterogeneity has
been progressively erased by convective mixing (see blue profile on Figure 2.7i), and even the
material that accumulated at the CMB after the first overturn is re-entrained in the bulk of
the mantle by convection (no dense layer is present atop the CMB on Figure 2.7g), while the
newly crystallized uppermost layers of the stagnant lid are progressively entrained by large
downwellings.

2.4.3 Correlation between early or late onset of convection and mixing

The various influences of the main parameters on the final state of the mantle are not
straightforward to define because the trends are not necessarily monotonic and some effects
exhibit couplings. Figure 2.8 presents the final value (after 11 Myr) of the average shrinking
factor for all simulations covering the entire parameter space investigated. Each diagram is
divided in two domains according to the time of onset of convection in the simulations (early
or late onset). As expected, the reference Rayleigh number has a clear monotonic influence
on the onset of convection and on the degree of mixing (Samuel et al., 2011; Samuel & Tosi,
2012). However, the dependence of the final value of the shrinking factor on the buoyancy
ratio B and on the solidification time tMO is more complex. In particular, two opposite effects
of tMO can be identified:

1. When convection starts only after complete solidification (”late onset” in Figure 2.8), its
onset occurs earlier for lower values of tMO because the full thermal and compositional
density contrasts across the mantle become available earlier, i.e. the final value of the
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Figure 2.7: Snapshots of the composition field (a, d, g), integrated shrinking factor (b, e, f) and
laterally averaged profiles of composition, temperature, and integrated shrinking factor (c, f, i)
after 11 Myr for simulations assuming fractional crystallization with B = 1.8, Ra = 1010, and
different solidification durations (tMO = 0.1 Myr in a–c, tMO = 1 Myr in d–f, and tMO = 10 Myr
in g–i). The integrated shrinking factor is a mapping of the final value of the shrinking factor of
each tracer, plotted at the initial position of the tracer.

effective Rayleigh number is reached sooner. As a consequence, convection has more time
to mix the mantle, so that, by the end of the simulation time, a higher level of mixing
(i.e. a smaller shrinking factor) is achieved, which is further enhanced by increasing the
buoyancy ratio.

2. When convection starts before the end of solidification (”early onset” in Figure 2.8), the
mixing of the solid cumulates is more efficient during solidification than after it because
the continuous formation of denser and denser material at the top of the solid cumulates
acts as a supplementary source of buoyancy. Mixing during solidification also erases
efficiently compositional heterogeneities, avoiding the formation of a stably stratified
structure that would hinder subsequent thermal convection. Therefore, in these cases, a
better mixing is achieved for both a longer tMO and a higher B.
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2. Early onset of convection and mantle overturn: the case of Mars

The influence of tMO is controlled by both Raref and B. For low values of Raref , the first effect
discussed above is dominant because an early onset of convection is less likely, and a higher
degree of mixing is achieved for lower tMO (compare the upper rows of the three diagrams in
Figure 2.8). For high values of Raref , the second effect becomes dominant and the opposite
trend is observed (compare the bottom rows in Figure 2.8). For intermediate values of Raref ,
the transition from the first to the second effect occurs upon increasing B (compare the middle
rows in Figure 2.8). Note that in case of early onset, although high values of B enhance mixing
at the end of solidification as shown in Figure 2.8, they also increase the absolute density
contrasts. As a consequence, cases with a high value of B still tend to end up with a stronger
stable compositional gradient in the bulk convecting mantle than cases with a low value of B.
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Figure 2.8: Average shrinking factor after 11 Myr for all simulations as a function of tMO and
Raref for the three different values of B The color-scale is linear.

2.5 Discussion

2.5.1 Application to Mars’ mantle

2.5.1.1 Plausible parameter range for Mars

The reference Rayleigh number for the early Martian mantle is poorly constrained, particularly
because of the large uncertainties in the mantle rheology. Among the numerous factors
that affect the reference viscosity, which enters the Rayleigh number, the water content is
particularly critical because of the wide range of values advocated in the literature (e.g. Ruedas,
Tackley, & Solomon, 2013; Breuer, Plesa, Tosi, & Grott, 2016). From the analysis of the SNC
meteorites, water concentrations in the mantle source regions have been estimated to range
from 55 to 160 ppm for the depleted shergottites and from 120 to 220 ppm for the enriched
ones (Watson, Hutcheon, Epstein, & Stolper, 1994; Leshin, 2000; McCubbin et al., 2012). If
these ranges are also representative for the solid cumulates that formed during magma ocean
solidification, the water concentration of the early Martian mantle may have been even higher
than the maximum value of assumed here of 100 ppm, for which we have Raref = 1010. Testing
the effects of higher water concentrations, i.e. of higher reference Rayleigh numbers has proven
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computationally challenging. Yet, increasing Raref by lowering the reference viscosity would
simply imply an earlier onset of convection and more efficient mantle mixing. For comparison,
note that Elkins-Tanton et al. (2005b) used Raref = 3 × 109, albeit in the context of isoviscous
simulations.

Note also that we have not considered the effects of stress-dependent, non-Newtonian
viscosity. This kind of rheology, which is often mimicked by simply using a Newtonian viscosity
similar to the diffusion creep regime, with a reduced activation energy (e.g. Scheinberg et al.,
2014), could be relevant for Mars and have an important influence on the onset time of
convection and on mantle mixing. In particular, the first overturn is likely to induce large
shear stresses that in turn could reduce the viscosity even further. This is an important issue
that should be addressed in future studies.

The buoyancy ratio ultimately depends on the amount of iron present in the mantle and
on how it is partitioned between the melt and the solid cumulates as the mantle solidifies
under the assumption that fractional crystallization occurs. In a recent review, Taylor (2013)
suggested an iron oxide content of around 18 wt.% for the bulk silicate Mars. In the case
of a linear compositional gradient (completely iron-depleted at the bottom), this abundance
would result in a buoyancy ratio 0.86, assuming that iron replaces magnesium oxide (which
is in excess compared to iron oxide) in the solid cumulates as crystallization proceeds. The
crystallization sequence proposed by Elkins-Tanton et al. (2005b) results in a very large B
of 3.34 (but with a more realistic density gradient). This value was employed by Plesa et al.
(2014) to simulate a whole-mantle overturn and to show that, with such a large buoyancy ratio,
post-overturn mantle convection and melting would be strongly inhibited. The values of B
that we tested in this study (B ≤ 1.8) are lower than the value predicted by Elkins-Tanton
et al. (2005b), but close to the values based on Taylor (2013) with a simple linear profile.

In our analysis of the early onset of solid-state convection, the time scale of mantle
solidification tMO plays a central role. For this, the initial volatile content of the planet is
of fundamental importance as it can determine the emergence of an insulating atmosphere
generated upon magma ocean solidification and degassing. Along with water, the CO2 content
of the mantle is also essential because of its greenhouse potential as a gas. Debaille et al. (2007)
suggest a long-lived Martian magma ocean with a lifetime in excess of 100–200 Myr based
on Sm-Nd systematics of shergottites. This time scale, however, is significantly longer than
that determined using coupled interior-atmosphere models of mantle solidification. Assuming
0.6 wt.% content of CO2 and no water, Elkins-Tanton (2008) found that a 2000 km deep
magma ocean on Mars would solidify in less than 3 Myr, while Lebrun et al. (2013) obtained
solidification times of about 1 Myr assuming 420 ppm H2O and 140 ppm CO2. A recent
study by Bouvier et al. (2018) based on isotope age dating of zircons from Martian meteorites
proposed that the Martian magma ocean was crystallized within the first 20 Myr of the solar
system evolution. These estimates are thus in line with our choice of tMO ≤ 10 Myr.

In summary, despite significant uncertainties in the parameters that govern the early
dynamics of solid mantle cumulates, it seems likely that the Martian mantle was at least
partly mixed by the time the magma ocean solidified, which calls into question the scenario of
a whole-mantle overturn that has been often used as a starting condition for simulations of
interior evolution.
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2.5.1.2 Martian geochemical reservoirs

The isotopic analysis of the Martian meteorites reveals large variations in lithophile radiogenic
isotope systems such as 87Rb−86Sr, 147,146Sm−143,142Nd, and 176Lu−176Hf, and suggests the
existence of three to four distinct chemical reservoirs (e.g., Jargoutz, 1991; Foley et al.,
2005). The range of crystallization ages determined for these samples, from 4.5 Ga to 160 Ma
(Nakamura, Unruh, Tatsumoto, & Hutchinson, 1982b; Nakamura, Kogi, & Kagami, 1982a;
Nyquit et al., 2001; Humayun et al., 2013; Agee et al., 2013), indicates that their source-
reservoirs have been preserved over the entire thermo-chemical evolution of Mars. To explain
such systems, the scenario of a global cumulate overturn has been invoked in previous studies
because of its ability to create a stable density configuration, which easily allows the isotopic
signature of various reservoirs to be preserved until present-day (Elkins-Tanton et al., 2005b;
Elkins-Tanton et al., 2005a). However, the predicted compositional density gradient following
the crystallization and global overturn of the magma ocean, albeit being able to form and
maintain distinct reservoirs over the entire thermo-chemical evolution of the planet, is too
large to allow subsequent thermo-chemical convection, with the consequence that sampling of
the various mantle sources through partial melting is unlikely (Tosi et al., 2013; Plesa et al.,
2014). The crystallization of the liquid magma ocean is a highly dynamical process and, as
shown in Section 2.4.3, the onset of solid-state convection well before complete solidification
may strongly reduce chemical heterogeneities. In fact, a more suitable scenario would require
smaller density gradients to be present at the end of the crystallization phase, so that reservoirs
can be sampled by subsequently formed mantle plumes and partial melting. This configuration
can be achieved through progressive mixing of the solid cumulate due to an early onset of
convection.

It should be noted that Ogawa and Yanagisawa (2011) and Plesa and Breuer (2014) proposed
differentiation due to secondary melting in an initially hot and homogeneous post-magma ocean
mantle as an alternative way to generate – and possibly preserve – large-scale compositional
heterogeneities. This mechanism would apply in the case of a magma ocean undergoing batch
crystallization. However, in the case of fractional crystallization, and particularly if the mantle
experienced an early onset of convection and hence partial mixing, it is not straightforward
to predict to which extent primordial compositional anomalies generated by magma ocean
fractionation would affect the subsequent differentiation associated with partial melting of the
solidified mantle.

2.5.2 A more realistic evolution of mantle solidification

The linear unstable density profile that was used in this and previous works (Zaranek &
Parmentier, 2004; Tosi et al., 2013; Elkins-Tanton et al., 2005b) is only a crude approximation
of the density profile obtained with models of fractional crystallization (e.g. Elkins-Tanton,
Parmentier, & Hess, 2003; Elkins-Tanton et al., 2005b). Its actual shape influences both the
onset time of convection because it affects directly the evolution of the effective buoyancy
forces term, and the degree of mixing achieved at the end of solidification since it determines
the local density gradient in the upper boundary layer, where newly crystallized material is
located. Realistic profiles are typically characterized by a relatively flat gradient in the deep
mantle that grows steeper and steeper close to the surface, as that represented in Figure 1.11.
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Since we have demonstrated that the buoyancy ratio has only a small influence on the onset of
convection (Figure 2.4), for given Raref and tMO – the overturn being mainly thermally driven
– the use of a more realistic crystallization sequence would only result in a slightly delayed
onset time.

A constant cooling rate of the magma ocean is also only a first-order approximation of
the solidification evolution. A volumetrically constant solidification rate would result in a
slower solidification of the shallower layers with respect to the deeper ones. Furthermore, the
heat flow through a turbulent liquid magma ocean scales with the Rayleigh number of the
magma ocean (RaMO ∼ 1020 − 1030) to an exponent varying between 1/3 and 2/7 (Solomatov,
2007). Thus heat is less efficiently extracted as the magma ocean becomes shallower, i.e. as its
Rayleigh number decreases. If no atmosphere is formed during the solidification, the radiative
heat loss at the surface of the planet decreases with the surface temperature of the planet
to the fourth power, while if a blanketing atmosphere is outgassed, the heat escape may be
considerably slowed down (Lebrun et al., 2013; Nikolaou et al., 2019). The evolution of the
different heat-fluxes all act in favour of a decrease of the solidification rate with time, i.e. a
slower solidification of the shallower layers. A more realistic solidification evolution is thus
likely characterized by a lower mantle solidifying rapidly, possibly via batch crystallization,
and an upper mantle solidifying much more slowly, probably via fractional crystallization.

The time-evolution of the solidification front would also be influenced by the release of
latent heat during crystallization. Since the crystallization time is imposed and not modeled
self-consistently, latent heat effects are implicitly incorporated in this parametrization. The
influence of latent heat consumption or release on solid-state convection is not relevant for
the fractional crystallization cases where only subsolidus temperatures are considered in the
cumulates. For the batch crystallization cases, instead, latent heat effects would have to
be considered in the mush domain. For a specific case with tMO = 10 Myr, we carried out
an additional simulation including latent heat, which we took it into account by adding the
term −L∂ϕ/∂t to the right hand side of the thermal energy equation ((2.5)). The addition of
latent heat acts as a local heat source upon solidification, which tends to equalize temperature
differences and, in turn, to slightly hinder the growth of the imposed initial perturbation. As
a consequence, we observed an onset of convection delayed by about 10% with respect to the
corresponding case, where latent heat was neglected.

2.5.3 Application to other terrestrial bodies

The terrestrial bodies of the inner solar system including (and in particular) the Moon are
thought to have experienced magma ocean episodes (Elkins-Tanton, 2012). However, these
bodies have largely different properties, which likely resulted in different solidification scenarios.
Below we discuss how the major terrestrial bodies would fit in the parameter space that we
explored.

The reference Rayleigh number is mainly controlled by the size of the body, while the
buoyancy ratio, indicative of its mantle’s iron content, might increase with distance from the
Sun as a result of the accretion history (Taylor, 2013). Assessing the initial volatile content
is extremely speculative, therefore the lifetime of the magma ocean is probably the least
constrained parameter.
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2.5.3.1 Earth

The Earth’s mantle is 1.7 times as deep as Mars’s, which increases the reference Rayleigh
number by a factor 5. Although it formed from a volatile-depleted zone of the protoplanetary
disc (Carlson et al., 2014), and the mechanisms involved in the delivery of volatile on Earth
are not clearly identified, it is likely that Earth’s water content was delivered during planetary
formation (Morbidelli, Lunine, O’Brien, Raymond, & Walsh, 2012a), so that it was already
available by the time of the magma ocean solidification. The Earth can thus have developed a
thick blanketing atmosphere, able to sustain a long-lived magma ocean (Abe, 1997; Zahnle
et al., 2007; Lebrun et al., 2013; Nikolaou et al., 2019, e.g.). According to our results, a
late magma ocean on Earth is likely to have experienced solid cumulate mixing during its
crystallization, resulting in a roughly homogeneous mantle structure, even though the pressure
dependence of the rheology, more relevant for the Earth than for Mars because of the higher
pressure range, may have caused a less efficient mixing of the lower mantle. These findings
are corroborated by (Ballmer et al., 2017), who performed similar simulations but using a
more realistic iron fractionation model and a simplified (isoviscous) rheology. As noted in
Section 1.3.2.6, the bottom-up crystallization scenario might not be applicable to the Earth,
due to either the melting curve gradient becoming less steep than the adiabat at high pressures
(Stixrude, de Koker, Sun, Mookherjee, & Karki, 2009) or the density cross-over between solid
and liquid due to enrichment of melts in iron (Boukaré et al., 2015). Modelling the latter effect,
Miyazaki and Korenaga (2019) showed that, depending on the efficiency of crystal settling
and cumulates compaction (which they found to be decisive for the fate of iron distribution),
sub-mantle scale Rayleigh-Taylor instability was also likely to affect the thermal structure of
the mantle, in favour of mantle mixing and potentially formation of a long-lived basal magma
ocean (Labrosse et al., 2007; Laneuville et al., 2018). This scenario still has to be compared
with present-day possible traces of a past magma ocean, in particular with the presence of
large low-shear-velocity provinces at the core mantle boundary (e.g. Garnero, McNamara,
& Shim, 2016). Interpreted in the light of post magma ocean solidification dynamics, they
could represent remnants of a long-lived basal magma ocean, or overturned cumulates of a
bottom-up solidified mantle (Ballmer et al., 2017).

2.5.3.2 Venus

Venus and Earth are similar in many respects; in particular, they have nearly the same size and,
possibly, also the same bulk composition (Fegley, 2005), although their present-day surface
conditions are very different. The evolution of a putative magma ocean clearly depend on the
early surface conditions on Venus, which are essentially unconstrained. Nevertheless, it should
be noted that, depending on its initial water content, Venus could have sustained a magma
ocean for more than 100 Myr (Hamano et al., 2013; Nikolaou et al., 2019). This, together
with a high Rayleigh number comparable with that of the Earth, may have resulted in highly
efficient mixing during magma ocean solidification and hence in a well homogenized mantle
already at the beginning of its evolution.
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2.5.3.3 Mercury

With a mantle thickness of only ∼ 400 km (Hauck et al., 2013), Mercury has the thinnest
silicate shell among the terrestrial planets, resulting in a significantly lower Rayleigh number.
The relatively high surface abundance of sulfur (Evans et al., 2012), along with the evidence of
pyroclastic volcanism (Thomas, Rothery, Conway, & Anand, 2014) indicate that Mercury may
be relatively rich in volatiles. However, its proximity to the Sun suggests that it should have
formed in a hot region of the protoplanetary disk from volatile-depleted materials (Fegley &
Cameron, 1987), which makes unlikely the outgassing of a significant blanketing atmosphere
able to survive escape processes. A rapid cooling of Mercury’s magma ocean may have
prevented crystal-melt separation during crystallization, thus leading to a rather homogeneous
mantle. Nevertheless, spectroscopic measurements of Mercury’s surface materials performed
during the MESSENGER mission have revealed the existence of compositionally distinct
signatures (Weider et al., 2015). As for the Moon, fractional crystallization of a magma ocean
characterized by a late stage involving the flotation of buoyant crystals – graphite in the case of
Mercury (Vander Kaaden & McCubbin, 2015) – and accompanied by a whole-mantle overturn
seems then to be a viable scnenario (Brown & Elkins-Tanton, 2009; Charlier, Grove, & Zuber,
2013). Furthermore, the magma ocean solidification on Mercury has been shown to influence
the distribution of heat-producing elements as a result of their partitioning in exsolved sulfides
(Boukaré, Parman, Parmentier, & Anzures, 2019). Although we did not study the influence of
the initial distribution of heat sources, this likely influences the subsequent mantle dynamics
as well.

2.5.3.4 Moon

In general, based on our results on the onset of convection and mixing during magma ocean
solidification, the early lunar mantle is expected to be less homogeneous compared to the
mantles of Mars, Venus and Earth, essentially because the effective Rayleigh number of the
Moon is smaller. However, as will be shown in the next chapter, we expect the crystallization
of the lunar magma ocean to occur over a very long time (∼ 180 Myr) because of the formation
of an insulating flotation crust. This protracted timescale allows for a prolonged period of
mixing. An in-depth analysis of the lunar mantle mixing in relationship with the magma ocean
solidification is provided in Chapter 5.

Conclusions

The solidification of a magma ocean during the early stages of the evolution of terrestrial bodies
is often assumed to be a rapid process, occuring within thousands of years (e.g. Monteux et al.,
2016) because of the very efficient radiative cooling of the hot surface in contact with cold
space. In case of a rapid solidification, batch crystallization, which results in a homogeneous
mantle, or fractional crystallization followed by a global overturn, which results in a stably
stratified mantle, can take place. Nevertheless, outgassing of a blanketing atmosphere can
retard heat escape and sustain a magma ocean for a few million years (Elkins-Tanton, 2008;
Lebrun et al., 2013; Nikolaou et al., 2019) up to hundreds of million years for bodies, like
Venus, that experience a strong insolation (Hamano et al., 2013; Nikolaou et al., 2019). We
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2. Early onset of convection and mantle overturn: the case of Mars

showed that, due to the low viscosity of the hot solid cumulates (potentially further decreased
by the presence of water and residual interstitial melts), a solidification duration of ∼ 1 Myr is
sufficient for solid-state convection to begin during the crystallization of the magma ocean.
Convectoin then starts mixing the unstable compositional density gradient resulting from iron
partitioning during fractional crystallization. For the longest magma ocean’s lifetime tested
(10 Myr), and for a sufficiently high reference Rayleigh number (Raref ≳ 109), a high level of
mixing of the solid cumulates can be achieved by the end of the solidification. In this situation,
compositional heterogeneities are at least partly erased during the early evolution, with the
consequence that the traditional scenario of a whole-mantle overturn becomes unlikely.
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3
Growth of a flotation lid: the case of

the Moon

This chapter is largely based on the published paper: Maurice, M., Tosi, N., Schwinger, S.,
Breuer, D. and Kleine, T. (2020). A long-lived magma ocean on a young Moon. Science
Advances 6, eaba8949

3.1 The lunar magma ocean

The most widely accepted theory about the formation of the Moon, the so-called giant impact
hypothesis (Canup & Asphaug, 2001; Asphaug, 2014; Barr, 2016), posits that the Moon
accreted from a debris disk formed around the proto-Earth after it was hit by a planetary
embryo. Although some studies have investigated the process of lunar accretion from the debris
disc (Canup, 2004; Pahlevan & Stevenson, 2007; Lock et al., 2018) and its thermal outcomes
(Pritchard & Stevenson, 2000), this remains too poorly constrained for models to provide a
robust estimate of the initial thermal state of the Moon. The existence of a global magma
ocean on the early Moon is nonetheless strongly supported by geochemical and mineralogical
evidences from the lunar sample record as exposed in the introduction of this thesis.

The results presented in the previous chapter seem to suggest that an early onset of
solid-state convection during the solidification of the lunar magma ocean is unlikely due to
the small size (hence low Rayleigh number) of the Moon. However, due to the formation of
a plagioclase flotation crust at the surface of the magma ocean, its solidification timescale
is likely to exceed the maximum value previously investigated (10 Myr). Indeed, on one
hand, the radiated heat flux at the liquid surface of a magma ocean can be estimated as
qrad ∼ σT 4

MO ∼ 104 to 105 W/m2 (with the Stefan-Boltzmann constant σ = 5.67 × 10−8

W/m2/K4 and the surface temperature of the magma ocean TMO ∼ 103 K). On the other
hand, the conductive heat flux through a flotation crust can be estimated by Fourier’s law:
qcond ∼ kcrust(TMO − Ts)D−1

crust ∼ 10−2 to 10−1 W/m2 (with the thermal conductivity of the
crust kcrust ∼ 100 W/m/K, the temperature contrast accross the crust TMO − Ts ∼ 102 to
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3. Growth of a flotation lid: the case of the Moon

103 K – Ts being the temperature at the surface of the crust – and the thickness of the crust
Dcrust ∼ 104 m). Thus the presence of a flotation crust induces a decrease of 4 to 5 orders of
magnitude in the efficiency of the magma ocean’s cooling. If one considers that a radiating
magma ocean crystallizes in 103 years (due to the small size of the Moon, the lunar magma
ocean is unlikely to outgas and retain a significant insulating atmosphere, unlike Mars in the
previous chapter), the solidification of a magma ocean below flotation crust would take up to
109 years. Although this simple calculation clearly yields an overestimate of the crystallization
timescale for the lunar magma ocean (making it comparable to the age of the solar system,
meaning that the Moon should still host a liquid magma ocean), it provides a good illustration
of the reduced colling efficieny induced by the presence of a flotation crust. The present chapter
aims at modelling it in a robust fashion, and the following one at using this model to propose
a new interpretation of the isotopic record of the lnuar samples related to the early evolution
of the Moon.

3.1.1 Existing models for the lunar magma ocean solidification

Plagioclase becomes a liquidus phase relatively late in the crystalliation sequence of the lunar
magma ocean. Thus, only the crystallization of the last few volume tenths of the lunar
magma ocean occurs below a growing flotation lid and is effectively protracted. This largely
decorrelates the duration of the lunar magma ocean solidification from its intial depth.

Solomon and Longhi (1977) were among the first to propose a self-consistent thermal
evolution model for the lunar magma ocean, finding that a 200 to 400 km-deep magma ocean
on the Moon should crystallize in 90 to 180 Myr. However, their consideration of a conductive
lid throughout the whole magma ocean lifetime as well as an early crystalization of plagioclase
and a thick final crust (70 km) result in the overestimation of the effect of the flotation crust
thermal insulation. Relying on more recent crustal thickness estimates and crystallization
sequence, Elkins-Tanton, Burgess, and Yin (2011) found a solidification lasting up to ∼ 35
Myr for an initially 1000 km-deep magma ocean, depending on the depth of the magma ocean
at the beginning of plagioclase crystallization (Figure 3.1).

A protracted crystallization of the lunar magma ocean, associated with prolonged crust
formation, has been proposed to explain the large span in isotopic age measurements among
Moon’s crustal samples. However, this span covers 200 Myr (Elkins-Tanton et al., 2011),
which is much longer than the duration predicted by the recent thermal evolution model from
Elkins-Tanton et al. (2011), even when solidification is slowed by the insulating power of the
flotation crust.

Various effects that could further prolong the solidification of the lunar magma ocean have
been investigated. Meyer, Elkins-Tanton, and Wisdom (2010) studied the coupling between
the Earth-Moon orbital system and the thermal evolution of the inner early Moon, affected
by tidal heating. Some giant impact studies (Ćuk & Stewart, 2012; Canup, 2012) explain
the Earth-Moon isotopic similarities (suggesting the fact that the Moon derives mainly from
terrestrial mantle’s material, which is in contradiction with basic giant impact simulations)
with models in which the inital Earth-Moon system’s angular momentum was much higher
than it is today. A substantial amount of angular momentum needs to be dissipated to reach
the present-day configuration, and it is achieved partly through tidal dissipation. During the
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3.1 The lunar magma ocean

Figure 3.1: Time-series of the temperature of the magma ocean, solidifying below a lid of constant
thickness (40 km, dashed curves) or a growing lid (final thickness 40 km, solid curve). The numbers
associated with each curve indicate the depth at which plagioclase starts to crystallize (from
(Elkins-Tanton, Burgess, & Yin, 2011))

existence of the lunar magma ocean, the flotation crust is decoupled from the solid mantle,
and is prone to tidally-induced deformation and resulting heating. Although in Meyer et al.
(2010)’s model the lunar magma ocean crystallization can thus be extended up to 200 Myr,
it depends on highly underconstrained parameters. Furthermore, in a follow-up study, Tian,
Wisdom, and Elkins-Tanton (2017) pointed out a caveat in the thermal evolution model of
Meyer et al. (2010) that can lead to significant overestimation of the solidification duration.

Tides may also induce heating within the liquid magma ocean. Although tidal dissipation
is an increasing function of viscosity and is hence minimal in liquids, Chen and Nimmo (2016)
proposed that a resonant configuration between the obliquity tides and the flow pattern in
the magma ocean can result in significant dissipation. However, the focus of the study was
put on the orbital evolution of the Earth-Moon system, and the duration of the magma ocean
solidification merely used as a free parameter.

Finally, Perera et al. (2018) investigated the influence of impacting debris on the duration
of the lunar magma ocean solidification. Although the accretion of the Moon after the giant
impact is poorly constrained, remnant orbiting debris probably survived for millions of years,
which eventually collided with either the Earth or the Moon. In the latter case, impactors
massive enough could perforate the flotation crust, inducing an influx of kinetic energy that
contributed in heating the magma ocean. However the net effect is twofold since the ”holes”
punctured in the crust increase the magma ocean’s outgoing heat flux.

3.1.2 Unconsidered effects

A common caveat to all the models that aimed at simulating the solidification of the lunar
magma ocean below a growing flotation crust is the use of too high a value for the thermal
conductivity of the anorthositic crust. The lunar flotation crust is largely anorthositic (still
today, the farside highland’s crust is composed of 80 to 97% of anorthosite (e.g. Yamamoto
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3. Growth of a flotation lid: the case of the Moon

et al., 2012)), a mineral that has a low thermal conductivity, of ∼ 1.5 W/m/K (Branlund
& Hofmeister, 2012). The studies previously mentioned all used values around 3.4 W/m/K,
thereby significantly overestimating heat conduction through the crust.

Moreover, as shown in the previous chapter, even for a Rayleigh number corresponding to
that of the early Moon, a crystallization of the magma ocean in at least 10 Myr, as predicted by
thermal evolution models and likely a lower bound, is compatible with the onset of solid-state
convection in the cumulates before the end of the solidification. In the previous chapter, the
temperature field was buffered to the solidus value and the assumption was made that further
heating would be compensated by secondary melting. The mafic melts thus produced are
positively buoyant and are extracted into the magma ocean, where their heat is efficiently
evacuated via effective convective and radiative transfer. In the case of the lunar magma ocean,
such melts would enter the overlying magma ocean as well. Yet, due to the insulating crust,
their thermal energy requires much more time to be removed. Hence the thermal evolution
of the convecting cumulates needs to be linked with that of the magma ocean, providing a
potential heat source to increase the magma ocean’s lifetime. The heating of the magma
ocean by extraction of hot secondary melts form the cumulates is referred to in this study as
”heat-piping”.

In this chapter, we investigate the timing of the lunar magma ocean crystallization when
both a realistic value of the thermal conductivity in the crust and the possibility of an early
onset of convection, and its influence on the thermal evolution of the magma ocean, are taken
into account. Because this study is focused on the Moon, we use a dedicated crystallization
model reproducing the lunar particularities. This model is presented in the following Section,
while Section 3.3 describes the coupled thermal evolution model of the Moon’s interior.

3.2 Crystallization model

The small pressure reached at the Moon’s core-mantle boundary makes the lunar mantle a
privileged subject for experimental studies, and a wealth of petrological results exist that
help constrain the crystallization of the early Moon. In this work we used the results of a
crystallization model for the lunar magma ocean introduced in Schwinger and Breuer (2018)
and briefly described here. The model relies on a combination of two numerical crystallization
codes (Gibbs free energy minimizers) that are benchmarked against published experimental
work. High pressure crystallization is computed using FXMOTR (Davenport, Longhi, Neal,
Bolster, & Jolliff, 2014) which reproduces experimental results from (Rapp & Draper, 2018),
and the low-pressure part of the crystallization sequence is obtained with alphaMELTS (Smith
& Asimow, 2005), which provides better agreement with experimental data from the same
set (Schwinger & Breuer, 2018). We assume that the magma ocean is initially 1000 km deep
(see section 3.2.1 for a discussion on the initial depth of the magma ocean), corresponding to
a temperature of 2048 K at the bottom of the magma ocean. The crystallization proceeds
by constant temperature decrement of 1 K. All crystals (other than plagioclase) produced
as a result of this cooling are assumed to settle at the bottom of the magma ocean, thereby
thickening the cumulates pile (which also retains 5 % of trapped interstitial melt). When
plagioclase becomes a liquidus phase, its crystals are similarly separated from the magma ocean
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3.2 Crystallization model

but settle at the surface, forming the flotation crust. The thickness of the plagioclase crust at
the end of crystallization is 44 km, in good agreement with estimates based on gravity and
topography data (Wieczorek et al., 2013). The bulk silicate Moon composition is from (O’Neill,
1991) for the major elements and from (Taylor, 1982) for the heat-producing elements (U, Th,
K). The latter are assumed to be pferfectly incompatible in the solid mantle, and contained
only in the magma ocean and in the interstitial melt. The oxygen fugacity is assumed to be
constant at one log-10 unit below the iron-wüstite buffer (IW-1).

3.2.1 Initial depth of the magma ocean

The constrains on the initial depth of the lunar magma ocean are scarce, and their interpretation
speculative. Previous studies have considered values ranging from the whole mantle (i.e. a
1350-km-deep magma ocean (de Vries, van den Berg, & van Westrenen, 2010)) to a ∼ 200-km-
deep magma ocean (Solomon & Longhi, 1977). On one side, the lack of contraction features
at the surface of the Moon has been used to argue that the lunar mantle could not have
been much hotter in the past than it is today, setting an upper bound to the magma ocean’s
initial depth around ∼ 400 km (Solomon & Longhi, 1977; Shearer et al., 2006). However
the contraction history of the Moon is likely to have been influenced by other processes, like
burial of heat-producing elements, and its surface expression might have been blurred by
asymmetrical heating of the crust. One the other side, the thickness of the plagioclase crust
sets a lower bound to the initial extent of the lunar magma ocean, because enough plagioclase
needs to be crystallized out of it. According to Solomon and Longhi (1977), only a magma
ocean initially deeper than ∼ 200 km could produce a sufficient crustal thickness. Incidentally,
the thickness of the crust has also been used to argue against a whole-mantle magma ocean,
that would crystallize too much plagioclase (Shearer et al., 2006; Charlier, Grove, Namur, &
Holtz, 2018). However, our crystallization model never produces a crust that is too thick, even
for a whole-mantle magma ocean. The existence of a seismic anomaly at ∼ 500 km depths
detected by the Apollo seismometer array (Wieczorek et al., 2006) has also been suggested to
record the extent of the primordial magma ocean. Finally, the presence of a highly enriched
reservoir below the lunar crust also seems to indicate that a large part of the lunar mantle was
efficiently fractionated, arguably through fractional crystallization of a deep magma ocean.

Previous studies on the thermal evolution of the lunar magma ocean have largely focused
on the case of a 1000 km-deep magma ocean (Elkins-Tanton et al., 2011; Meyer et al., 2010;
Perera et al., 2018). From the thermal evolution standpoint, the duration of the magma ocean
crystallization before the switch from a radiative cooling regime to the growth of an insulating
flotation crust is negligible, regardless of its initial depth. However, the initial extent of the
magma ocean influences its crystallization sequence, i.e. its crystallization temperature, as
well as the melting curves and heat producing element (HPE) distribution in its cumulates.

In addition to our fiducial model of 1000 km-deep magma ocean (our fiducial model, best
suited for comparison with previous studies, for which quantities are given in the text, unless
otherwise stated), we computed the crystallization sequences corresponding to a magma ocean
initially covering the whole mantle, and an shallower one, initially 500-km deep. The resulting
crystallization temperature profiles are presented on Figure 3.2, along with their respective
HPE distributions.
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Figure 3.2: Depth profiles of the crystallization temperatures (a) and the internal heating
distributions (b) for an initially 1350-km-deep (i.e. whole-mantle, red curves), 1000-km-deep (blue
curves), and 500-km-deep (green curves) lunar magma ocean. The dashed lines at the bottom
of the crystallization temperature profiles correspond to the accretion-like temperature profile
assumed in the unmolten pristine lower mantle. The crystallization temperature profile used in
Elkins-Tanton, Burgess, and Yin (2011) is show in grey for comparison.

The crystallization temperature is globally only slightly affected by the initial extent of
the magma ocean, and remains within a range of ±25 K from one case to the other, with the
exception of the last crystallized cumulates, whose enrichment in low temperature-crystallizing
elements depends on the integrated fractionation of the whole magma ocean, and thus its
initial extent. The crystallization temperature used in previous studies (Elkins-Tanton et al.,
2011; Meyer et al., 2010; Perera et al., 2018), obtained for a 1000 km-deep magma ocean, is
significantly lower in most of the cumulates, but converges toward a similar value as our model
for the late crystallized layers. The distribution of HPE is particularly affected by the intial
extent of the magma ocean. The heat budget of the bulk silicate Moon computed at 4.567 Ga
amounts 1.946 TW (Taylor, 1982), but the shallow layers are enriched in HPE when the lower
mantle is equilibrated, and even more when the whole mantle is initially molten. This results
in an increased heat budget in the magma ocean. The influence of the initial extent of the
magma ocean on our results is discussed in Section 3.5.6.

3.2.2 Re-melting of the cumulates and the crust

If the heat flow into the magma ocean increases sufficiently, it will heat up, thereby causing
re-melting of the cumulates. They start to remelt at the solidus, which is slightly hotter than
the crystallization temperature because secondary melting involves the isolated cumulates,
while, during their initial crystallization out of the magma ocean, they were in equilibrium with
the bulk liquid, thus modifying the melting/crystallization conditions. Those two reactions
are different in essence, and not just the reverse of one another. However, when the onset
of heat-piping is strong enough to cause a re-heating of the magma ocean, the top of the
cumulates, which is in equilibrium with the magma ocean, is likely to remelt at a temperature
lower than its solidus, and which is better approximated by the crystallization temperature.
Therefore, upon re-heating of the magma ocean, the cumulates accordingly re-melt so that the

54



3.3 Thermal evolution model

Figure 3.3: The thermal evolution model consists in four coupled reservoirs: the core, the growing
cumulates, the shrinking magma ocean and the growing flotation crust.

crystallization front always corresponds to the intercept between the magma ocean temperature
and the crystallization temperature profile.

Similarly, while plagioclase starts to crystallize from the magma ocean when it reaches a
temperature of approximately 1530 K, once isolated in the crust, its solidus is close to 1800 K.
This is much higher than the highest temperature reached during transient reheating events of
the lunar magma ocean induced by the onset of heat-piping, suggesting that the crust does not
re-melt during suche events. Nevertheless, melting at the base of the crust (which is in contact
with the magma ocean) is controlled by an equilibrium between crustal anorthosites and the
bulk of the magma ocean. Therefore it is not straightforward whether – and if yes, to which
extent – the base of the crust should partially remelt during transient reheating of the magma
ocean. Our fiducial model considers that, upon re-heating of the magma ocean, the crust melts
in the same proportion relative to the cumulates as that with which it crystallized (noted f in
Section 3.3.4). However, in Section 3.5.4 we show that taking this effect into account or not
does not alter our results.

3.3 Thermal evolution model

The thermal model consists of four thermally-coupled sub-systems: the core, the solid cumulates,
the magma ocean, and the flotation crust (Figure 3.3). Below, we describe the equations
governing the evolution of the sub-systems as well as their couplings.
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3. Growth of a flotation lid: the case of the Moon

3.3.1 The core

The core is treated as an isothermal sphere of temperature Tc. The equation controlling the
time evolution of Tc reads (see Section B.2.3):

4
3πR

3
cρccp,c

dTc

dt
= 4πR2

ck
∂T

∂r
(Rc), (3.1)

where cp,c is the core heat capacity, ρc the core density, Rc the radius of the core and k is the
thermal conductivity in the mantle.

3.3.2 The solid cumulates

The temperature of the solid cumulates is modelled in two different ways. When only the effect
of the thermal conductivity of the crust is addressed, it follows the spherically symmetrical
time-dependent heat diffusion equation described in Section 3.3.2.1. When the effect of
heat-piping is considered, it is modelled by 3D thermal convection as described in Section
3.3.2.2.

3.3.2.1 Spherically symmetrical heat diffusion

We model the thermal evolution of the solid cumulates by solving the heat diffusion equation in
a spherically symmetrical shell of constant inner radius Rc and outer radius RMO, corresponding
to the radius of the bottom of the magma ocean:

∂T

∂t
= 2
r
κ
∂T

∂r
+ κ

∂2T

∂r2 + h

cp
, (3.2)

where κ = k/(ρrefcp) is the thermal diffusivity, ρref the mantle density, cp the heat capacity,
and h the internal heat production per unit mass. The initial internal heating href is the
volume average of the heat production in the solid cumulates (see Figure 3.2) at the initial
time of the simulations (corresponding to a 110-km-deep magma ocean, see Section 3.3.5). It
is computed from our crystallization sequence accounting for the partitioning of the long-lived
radionuclides 235U, 238U, 232Th and 40K, providing the following time-dependent internal
heating:

h(t) =
∑

i

hi exp(−λit)href , (3.3)

where the subscript i refers to either of the four heat-producing elements, hi is the non-
dimensional initial contribution to internal heating of the ith element (verifying Σihi = 1), λi

the decay constant of the ith element (λi = ln(2)/τi where τi is the half life of species i) and
href the total initial rate of internal heating. The species-specific quantities are reported in
Table 3.1 while href is given in table 3.2. Note that we do not consider the shift in internal
heating due to a late formation of the Moon (due to the decay occurring between the creation
of the solar system and the Moon-forming event), which however causes little change in the
heat provided by the long-lived systems under consideration.

The boundary conditions for equation (3.2) are: T |r=Rc = Tc and T |r=RMO = TMO, where
TMO is the magma ocean’s temperature. Equation (3.2) is solved using an implicit time-
stepping and a first-order central finite-difference scheme on a 100 points regular grid. Since
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Species hi λi
235U 0.3138 593
238U 0.1745 93

232Th 0.1220 30
40K 0.3897 334

Table 3.1: Non-dimensional initial contribution to the total heat budget and decay constant for
each of the heat producing species accounted for. The λiare indicated in unit Ga−1.

the geometry evolves as the crust grows, the positions of the grid points change from one time
step to the other. To account for this, the temperature profile (before solving equation (3.2))
is interpolated from the profile at the previous time step onto the new grid points positions.

3.3.2.2 3D thermal convection

In order to compute secondary melting caused by solid-state convection in the solid cumulates,
we use the finite-volume code GAIA (Hüttig, Tosi, & Moore, 2013) to solve the equations of
thermal convection in a 3D spherical shell composed of 132 shells containing 10242 computation
nodes each (see section 3.4.4 for a discussion about the resolution choice). The inner radius of
the domain corresponds to Rc while the outer radius evolves following RMO as described in
Chapter 2.

Similar to Chapter 2, we solve the conservation of mass, momentum and thermal energy
with the Boussinesq approximation which read in non-dimensional form (Section B.1):

∇⃗ · v⃗ = 0, (3.4)

∇⃗ · [η(∇⃗v⃗ + ∇⃗v⃗T)] − ∇⃗p = g(r)RaT e⃗r, (3.5)
∂T

∂t
+ v⃗ · ∇⃗T − ∇2T = RaH

Ra h, (3.6)

where v⃗ is the velocity, η the viscosity, p the dynamic pressure, g(r) the (radially-dependent)
gravity acceleration, e⃗r the unitary radial vector, Ra and RaH the Rayleigh and thermal
Rayleigh numbers respectively, and h the internal heating rate (as introduced in Equation (3.3),
made non-dimensional by dividing it by href). All these quantities being made non-dimensional,
following Section B.1 (the dimensional values are indicated in Table 3.2).

The viscosity is temperature- and pressure-dependent, following an Arrhenius law (see
Section A.2). The reference viscosity (corresponding to a pressure pref = 3 GPa and temperature
Tref = 1600 K) is one of the study parameters (see Section 3.5.1), the activation energy is
E∗ = 335 kJ/mol and the activation volume V ∗ = 4 × 10−6 m3/mol, both values being
characteristic of olivine diffusion creep (Hirth & Kohlstedt, 2003).

Because of its small core, the gravity acceleration in the lunar mantle is not constant. We
compute the non-dimensional gravity g by considering a constant density ρref in the mantle,
resulting in:

g(r) = 4/3πG
grefr2

(
ρcR

3
c + ρref(r3 −R3

c)
)

(3.7)

where G is the gravitational constant and gref the reference gravity (appearing in both Rayleigh
numbers), and corresponds to the gravity at the surface of the Moon. The internal heating
as well as the thermal boundary conditions associated to this system are the same as those
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3. Growth of a flotation lid: the case of the Moon

introduced in Section 3.3.2.1. The dynamical boundary conditions are free-slip at both inner
and outer boundaries.

3.3.2.3 Heat-piping

We assume that extraction of the secondary melts due to decompression melting in the rising
upwellings of convecting solid cumulates buffers the maximum temperature in the cumulates to
the solidus. After solving equation (3.6), if the temperature locally exceeds the solidus, a mass
of melt dMmelt is produced, driving the temperature back to the solidus through consumption
of latent heat of melting:

dMmelt = 1
L
ρrefcpdV max(T − Tsol, 0). (3.8)

where L is the latent heat of melting, dV is the element volume, and Tsol the local solidus
temperature. This mass of melt is then extracted at its solidus temperature, into the magma
ocean, providing a heat source proportional to the temperature difference between the magma
ocean and the solidus at the melting position. The resulting total energy increment in the
magma ocean reads:

dEHP =
∫

Vcumulates
cp(Tsol − TMO)dMmelt, (3.9)

where Vcumulatesis the volume of cumulates crystallized thus far (excluding plagioclase).

3.3.3 Magma ocean

The magma ocean is modelled as an isothermal spherical shell of inner radius RMO and outer
radius Rcrust (the radius of the bottom of the flotation crust). We solve the conservation of
heat in the magma ocean by balancing the different fluxes in and out of the magma ocean
with its internal heating. The heat conservation equation for the thermal energy of the magma
ocean reads:

ρrefcp
d

dt

(∫
VMO

TMOdV

)
= qbot4πR2

MO − qtop4πR2
crust + ρrefhMOVMO + dEHP

dt
+ ρrefL

dVMO
dt

+ ρrefcp4πR2
MO

dRMO
dt

TMO − ρrefcp4πR2
crust

dRcrust
dt

TMO,

(3.10)

where qbot and qtop are the conductive heat fluxes at the bottom and the top of the magma
ocean, RMO and Rcrust the radii of the bottom of the magma ocean and of the crust respectively,
and TMO, hMO and VMO the magma ocean’s temperature, internal heating per unit mass and
volume. The left-hand-side term corresponds to the variation in thermal energy of the magma
ocean (due to variation in both temperature and volume, since it is an open system). The first
two terms on the right-hand-side correspond to the conductive heat fluxes at the top of the
cumulates into the magma ocean and at the base of the crust out of the magma ocean, and
are computed as: qbot = −k ∂T

∂r

⏐⏐⏐⏐
r=RMO

and qtop = −kcrust
∂T

∂r

⏐⏐⏐⏐
r=Rcrust

, where k and kcrust are

the thermal conductivity of the mantle and the crust, respectively. The third term on the
right-hand-side of equation (3.10) corresponds to the internal heating of the magma ocean.
Note that hMO depends on time, due to the decay of heat-producing elements, and on RMO,
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3.3 Thermal evolution model

due to the enrichment in incompatible heat-producing elements in the magma ocean as it
crystallizes. The fourth term is the heat-piping flux introduced in Section 3.3.2.3. The fifth
term corresponds to the release of latent heat upon crystallization (or consumption of latent
heat upon melting). Finally the two last terms correspond to the heat flow due to the mass
flux out of the magma ocean through settling of the crystals (mafic crystals for the first term
and plagioclase crystals for the second). This terms appear because we consider the heat
conservation of an open system (the crystallizing magma ocean).

The left-hand-side term consists in a time-derivative of an integral, whose bounds are
time-dependent. Applying Leibniz rule to the integral yields:

ρrefcp
d

dt

(∫ Rcrust

RMO
4πTMOr

2dr

)
=ρrefcp4πR2

crust
dRcrust
dt

TMO − ρrefcp4πR2
MO

dRMO
dt

TMO

+ ρrefcp

∫ Rcrust

RMO
4πdTMO

dt
r2dr.

(3.11)

The first and second terms of the right-hand-side cancel out with the last two terms of
equation (3.10) respectively, while the last term is simply ρrefcpVMOdTMO/dt.

We can write the latent heat term in Equation (3.10) as:

ρrefL
dVMO
dt

= ρrefL
dVMO
dRMO

dRMO
dTMO

dTMO
dt

. (3.12)

Note that dVMO
dRMO

is not simply −4πR2
MO due to the coupled evolution of RMO and Rcrust

defining the magma ocean’s boundaries (see equation (3.19) below). Furthermore, both the
evolution of TMO and RMO are linked because TMO follows the radial profile of the crystallization
temperature Tcrys (represented in Figure 3.2a) as the magma ocean crystallizes:

dTMO
dRMO

= dTcrys
dr

⏐⏐⏐⏐
r=RMO

. (3.13)

Inserting equation (3.13) into equation (3.12), we can write the latent heat term of equation
(3.10) as:

ρrefL
dVMO
dt

= ρrefL
dVMO
dRMO

dTcrys
dr

⏐⏐⏐⏐−1

r=RMO

dTMO
dt

. (3.14)

Finally, inserting equations (3.14) and (3.11) into equation (3.10), we obtain the equation
that controls the evolution of the temperature of the magma ocean:

ρrefcpVMO
dTMO
dt

=
4πR2

MOqbot − 4πR2
crustqtop + ρrefhMOVMO + dEHP

dt

1 − L

cp

dVMO
dRMO

dTcrys
dr

⏐⏐⏐⏐−1

r=RMO

. (3.15)

3.3.4 The flotation crust

The flotation crust is modelled as a spherically-symmetrical shell of inner radius Rcrust and outer
radius RM , whose temperature distribution is obtained by solving the spherically symmetrical
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3. Growth of a flotation lid: the case of the Moon

heat diffusion equation, including heat sources:

∂T

∂t
= 2κcrust

r

∂T

∂r
+ κcrust

∂2T

∂r2 + hcrust
cp

, (3.16)

where κcrust = kcrust/(ρcrustcp) is the thermal diffusivity of the crust and hcrust its heat
production per unit mass. The time dependence of the geometry is handled the same way as
described for equation (3.2), with the difference that in the case of the crust, the outer radius
is fixed while the inner radius evolves with time. Fixed-temperature boundary conditions are
prescribed at both boundaries: Ts at the surface and TMO at the interface with the magma
ocean.

The crust starts to grow from an initial thickness of 5 km as in Elkins-Tanton et al. (2011).
The time evolution of Rcrust is obtained by assuming a constant ratio f of volume of crystallized
plagioclase per unit volume of crystallized magma ocean, and assuming that all plagioclase
crystals formed settle at the top of the magma ocean. The value of f is imposed by the
thickness of the crust at the end of crystallization. By definition, we have:

f = −dVcrust
dVMO

= −

dVcrust
dRcrust

dRcrust(
∂VMO
∂RMO

)
Rcrust

dRMO +
(
∂VMO
∂Rcrust

)
RMO

dRcrust

, (3.17)

where
(
∂VMO
∂RMO

)
Rcrust

is the derivative of VMO with respect to RMO when Rcrust is kept

constant, and inversely for
(
∂VMO
∂Rcrust

)
RMO

. Noting that
(
∂VMO
∂Rcrust

)
RMO

= − dVcrust
dRcrust

(with

Vcrust = 4π/3
(
R3

Moon −R3
crust

)
the volme of the crust), we can write equation (3.17) as:

dRcrust = − f

1 − f

(
∂VMO
∂RMO

)
Rcrust(

∂VMO
∂Rcrust

)
RMO

dRMO (3.18)

which is the evolution equation for Rcrust. Equation (3.18) also yields:

dVMO
dRMO

=
(
∂VMO
∂RMO

)
RMO

(
1 + f

1 − f

)
(3.19)

3.3.5 Initial set-up

The thermal evolution simulations start when the crust has already reached a thickness of 5
km (Rcrust,0 = 1735 km). The magma ocean is then 110 km deep (RMO,0 = 1630 km) and its
temperature is TMO,0 = 1518 K. The initial temperature profile in the crust is linear from the
bottom of the crust at temperature TMO,0 up to the surface at 250 K. The initial temperature
profile in the cumulates follow the crystallization temperature, with an accretion-like decreasing
profile in the pristine lower mantle, as represented in Figure 3.4.
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3.4 Thermal model benchmark

Quantity Value Unit Quantity Value Unit
Core Crust
cp,c 840 J/kg/K kcrust 1.5 to 4 W/m/K
ρc 7200 kg/m3 κcrust 4.6 × 10−7 to 1.2 × 10−6 m2/s
Rc 390 km ρcrust 2715 kg/m3

Cumulates hcrust,0 1.01 × 10−10 W/kg
L 500 kJ/kg Dcrust 43 km
href 1.43 × 10−11 W/kg Reference
G 6.67 × 1011 m3/kg/s2 RMoon 1740 km
ηref 1019 to 1022 Pa s Dref 1350 km
E∗ 335 kJ/mol ∆T 1930 K
V ∗ 4 × 10−6 m3/mol Ts 250 K
R 8.314 J/mol/K cp 1200 J/kg/K
pref 3 GPa α 3.0 × 10−5 1/K
Tref 1600 K ρref 3245 kg/m3

Magma ocean k 4.0 W/m/K
hMO variable W/kg κ 10−6 m2/s
f 0.39 gref 1.62 m/s2

Table 3.2: Physical quantities used. Values computed from our crystallization model are
highlighted in blue and model parameters in red.
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Figure 3.4: Temperature profile at the beginning of the simulations. Note that the surface
temperature extends beyonds the left border of the plot, down to 250 K.

3.4 Thermal model benchmark

3.4.1 Comparison with existing models

In order to test our model, we benchmarked it against results from the literature by reproducing
the simulations performed by Elkins-Tanton et al. (2011) and Perera et al. (2018). The
differences in the implementation of the crystallization and thermal evolution models between
the present work and these studies induce discrepancies that are complicated to constrain
without a full description of these models. However, we attempted to reproduce their set-up
as close as possible. To do so, we used the same crystallization temperature that was used
in these models, noted T ′

crys to distinguish it from the crystallization temperature computed
from our model, and which reads (Elkins-Tanton et al., 2011):

T ′
crys(r) =

(
−1.3714 × 10−4

)
r2 − 0.1724r + 1861 − 4.4(0.2Vliq(r) + 0.01)−1 (3.20)
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3. Growth of a flotation lid: the case of the Moon

where T ′
crys is in K, r is the radius in km and Vliq(r) = VMO(RMO = r)/VMO(t = 0) with

VMO(t = 0) corresponding to a 1000 km-deep magma ocean. Using a surface temperature of
25 K, as done by Elkins-Tanton et al. (2011) and Perera et al. (2018), we reach a final volume
of the magma ocean of 1% (which is their criterion defining the end of solidification) in 28
Myr. This is more than the ∼ 10 Myr found in Elkins-Tanton et al. (2011) but very similar to
the 26 Myr obtained for the same set-up in Perera et al. (2018), where this discrepancy was
already pointed out.

3.4.2 Comparison between different effects included in the thermal model

In order to have a precise insight of the magnitude of the various effects modelled, this section
offers an individual analysis for each of them. They can be identified on the right-hand-side of
equation (3.15). Some of them are necessary for the physical consistency of the model (like the
heat flux through the crust, which is necessary to ensure that the magma ocean cools), others
have been considered in previous studies (like the latent heat term or the internal heating of
the magma ocean), while others have not been considered before (like the conductive heat
flux from the cumulates and the heat-piping effect). While the present work focuses on the
top heat flux and heat-piping, this section presents a comparison of the influence of the other
terms.

3.4.2.1 Typical heat fluxes and sources evolution

Figure 3.5 presents, for a reference case (kcrust = 2 W/m/K and ηref = 1021 Pa s, see Section
3.5.1), the evolution of the various heat fluxes and sources at play, along with the evolution of
the temperature of the magma ocean and the depth of its top and bottom boundaries. At the
beginning of the simulations, the conductive heat flow through the crust dominates because
the crust is still very thin (5 km), but it decreases rapidly as the crust thickens and the magma
ocean cools down. The onset of convection in the cumulates, which results in heat-piping, is
identified in Figure 3.5a by the initial peak in the heat-piping curve (red line). In Figure 3.5b,
it corresponds to the reduction in the cooling rate of the magma ocean and in the growth
of the plagioclase crust. Heat-piping then slowly decreases as the cumulates cool down and
less melt is produced. The internal heating diminishes as the magma ocean shrinks, although
preferential partitioning of the heat-producing elements in the liquid is taken into account.
Radioactive decay of the heat sources plays a minor role in the time-variations of internal
heating, but is still accounted for. The conductive heat flux from the cumulates is minor for
most of the crystallization except towards the end, when the top of the cumulates solidifies
following a steep temperature gradient associated with the solidification of low crystallization
temperature minerals. This steep gradient results in an increased conductive flow from the
cumulates, and the end of the magma ocean crystallization is controlled by the balance between
conductive heat fluxes from the cumulates and through the crust.
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3.4 Thermal model benchmark

Figure 3.5: (a) Time evolution of the heat fluxes and sources for a reference case, accounting
for heat-piping with kcrust = 2 W/m/K, ηref = 1021 Pa s, and (b) corresponding evolution of the
temperature (red) and magma ocean’s top and bottom boundaries (black). (c) Time evolution of
the heat fluxes and sources for a siilar but purely diffusive case, i.e. with kcrust = 2 W/m/K but
neglecting convection and heat-piping, and (d) corresponding evolution of the temperature (red)
and magma ocean’s top and bottom boundaries (black).

3.4.2.2 Effect of the various heat fluxes and sources

In Figure 3.6, for a case with kcrust = 2 W/m/K and purely diffusive cumulates, we show the
effect of removing the conductive heat flux from the cumulates, internal heating in the magma
ocean, or the effect of latent heat.

The latent heat release upon crystallization has the strongest effect, prolonging by a factor
of 2 the duration of the magma ocean solidification when it is included. Due to the steep
gradient of the crystallization temperature at the top of the cumulates (see Figure 3.2) reached
at the end of magma ocean solidification, the conductive heat flux from the cumulates becomes
important towards the end of the solidification. This induces a protracted crystallization of
the last few kilometers of the magma ocean, as seen by the longer ”tail” exhibited by all other
curves in comparison with the blue one. Finally, accounting for internal heating in the magma
ocean generally prolongs its solidification by ∼20 Myr. Note that the amount of heat stored in
the magma ocean depends on the volume fraction of the mantle that underwent fractional
crystallization, i.e. its initial depth.

3.4.3 Heat-piping and mass conservation

Heat-piping is accounted for only in the heat conservation equation of the magma ocean, while
we make the assumption that the mass of melt added to the magma ocean remains negligible.
The high temperature difference between the extracted melts and the magma ocean allows
the resulting heating to be significant even if the volume of melts extracted remains modest.
Nevertheless, this assumption becomes weaker as the magma ocean shrinks (i.e. as the ratio
of injected melt mass to total magma ocean mass increases). Figure 3.7 presents the time
evolution of the ratio of the cumulative quantity of melt introduced into the magma ocean via
heat-piping until time t, to the instantaneous volume of the magma ocean at time t. This ratio
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Figure 3.6: Time-series of the depth of the magma ocean (solid curves) and crust (dahsed curves)
bottom, for purely conductive cumulates with kcrust = 2 W/m/K. The black curves correspond to
a case where latent heat effect, internal heating and conductive heating by the cumulates were
accounted for in the energy budget of the magma ocean, the blue curves correspond to a similar
case where the conductive heat flux was neglected, the red curve to a case similar to the first one
where inernal heating was neglected and the green curves to a case similar to the first one where
the effect of latent heat was neglected. The vertical dotted lines mark the end of the magma ocean
solidification for the cases of corresponding color.

remains below 5% until for 90% of the solidification time in all cases exhibiting heat-piping
presented in Section 3.5.3, and below 10% during 95% of the solidification time. This justifies
the approximation of neglecting the mass of extracted heat when considering the evolution of
the magma ocean, supporting the robustness of our results.
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Figure 3.7: Time-serie of the ratio of cumulative mass of the extracted melt (
∫ t

0 dMHP) to
instantaneous magma ocean mass (MMO(t)), computed for the three cases presented in Section
3.5.3. In order for the comparison between the case to be easier, the time is normalized (t = 0
corresponds to the beginning of the magma ocean solidification and t = 1 to its end).

3.4.4 Convergence tests for the convection simulations

3D convection simulations are computationally extremely costly, and can only be performed
using relatively coarse grids. In order to choose a resolution that both allows for a reasonable
computation time and yields a solution that faithfully captures the dynamics of the system
(especially in terms of the top heat flux and the heat-piping flux, which are the main outputs
of the convection model), we ran convergence tests on 2D cylindrical grids having 132, 191,
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220 and 249 regularly spaced radial points (with 654, 947, 1091 and 1234 points per shell,
respectively), using the fiducial values for the model parameters (see Sections 3.5.2 and 3.5.3).
These resolutions where chosen to optimize the interpolation of the final gradient of the
crystallization temperature profile, important during the final stage of the solidification (see
Section 3.4.2.2). Time-series of the depths of the magma ocean and crust, and of the cumulates
and heat-piping fluxes are plotted in Figure 3.8. They clearly show that lowering the resolution
to 132 radial shells does not result in significant changes in the time-series (the final times
agree within 5 Myr, i.e. 2%). We therefore chose to run our 3D simulations with a radial
resolution of 132 shells. We also evaluated the discrepancy between 2D and 3D simulations
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Figure 3.8: Convergence tests made on 2D cylindrical grids, with a radial resolution of 132 shells
(blue), 191 shells (green), 220 shells (red), and 249 shells (magenta).

since some tests (such as the thermo-chemical ones presented in Chapter 5) were run on 2D
grids only.

Discrepancies on the heat flow and temperature between 2D cylindrical and 3D spherical
simulations are well documented in steady-state (Hernlund & Tackley, 2008), but less
constrained for transient regimes such as those considered here. A common method to
mimic a flow in 3D spherical shells using a 2D cylindrical shell is to re-scale the core radius in
order to recover in 2D the 3D ratio of core-mantle boundary surface to planetary surface (van
Keken, 2001). This results in a decrease of the radius of the core, which is already quite small
for the Moon. Using our fiducial set-up, we compared three cases: a 3D simulation using a
resolution of 132 radial shells (i.e. the geometry used for the main results of the study), a 2D
simulation with “real” core radius and 249 radial shells, which closely matches the simulation
computed on a 2D grid with 132 shells (Figure 3.8), and another 2D simulation using 249
shells, but with a re-scaled core. Figure 3.9 presents the time-series corresponding to these
three cases. The 3D simulation (green lines) yields the same onset time of heat-piping as the
2D simulation with non-scaled core (blue lines), but a slightly shorter magma ocean duration
due to a lower heat-piping flux. The 2D simulation with a re-scaled core (red lines) exhibits a
later onset of convection, but a similar magma ocean lifetime as the non-scaled 2D simulation
due to a trade-off between late onset of heat-piping below thick crust and early onset below a
thin crust described in Section 3.5.3. This suggests that there is no need to rescale the core
size in our 2D runs.
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Figure 3.9: Comparison between a 3D simulation with 132 radial shells (red), a 2D simulation
with 249 radial shells with the actual lunar core radius (blue), and a 2D simulation with 249 radial
shells but a core radius rescaled according to (van Keken, 2001) (green). As in Figure 3.8, panel
a) represents the evolution of the bottom of the crust and magma ocean, panel b) that of the
conductive heat flux at the top of the cumulates, and panel c) that of the heat-piping flux.

3.5 Application to the lunar magma ocean

3.5.1 Choice of the parameter space

Each of the two effects investigated in this study can be broadly quantified using one parameter.
Thermal conduction through the crust is naturally characterized by the thermal conductivity of
the crustal material. The thermal conductivity of pure anorthosite (1.5 W/m/K) is one of the
lowest among rock-forming minerals (Branlund & Hofmeister, 2012) Although some samples of
the lunar farside crust exhibit a composition close to pure anorthosite, it is likely that the bulk
of the lunar crust is composed of a mix of minerals, including other more conductive minerals.
We therefore vary the value of the effective thermal conductivity in the crust (kcrust) from 1.5
W/m/K up to 4 W/m/K, close to the value used in previous studies of the solidification of
the lunar magma ocean. As a compromise between a low value representing pure anorthosite,
and a value too high for an anorthosite-rich material, we consider kcrust = 2 W/m/K as our
fiducial value.

Heat-piping depends on the amount of melt produced, which relates to the intensity of
convection in the cumulates, which in turn is controlled to the first order by the value of
the viscosity. Since in this study, we consider an Arrhenius law for the rheology of diffusion
creep (see Section A.1.4), the viscosity depends explicitly on the temperature and pressure
(i.e. depth). Moreover, the reference viscosity (the prefactor in equation (A.23)) can be
further parametrized by the water content and the grain size (Karato & Wu, 1993; Hirth &
Kohlstedt, 1996). Deformation of the cumulates by dislocation creep rather than diffusion
creep would induce further dependencies (on the strain rate for example, making the rheology
non-Newtonian and hence the numerical resolution of convection computationally much more
challenging). However, diffusion creep is known to dominate at high temperatures and low
pressures, conditions relevant for the early lunar mantle. Therefore, we restrict this study to
the case of diffusion creep.

Since most of the quantities on which the rheology depends are extremely ill-constrained
for the early Moon (see for instance Hauri et al. (2017) for the water content in the Moon), we
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3.5 Application to the lunar magma ocean

chose to vary the reference viscosity over a wide range of values (from 1019 Pa s up to 1022

Pa s) in order to capture all realistic regimes between extremely weak and extremely strong
cumulates. A reference viscosity of ηref = 1021 Pa s has been previously used for the early
Moon (Li et al., 2019) and is also the value we chose for our fiducial case.

3.5.2 Effect of kcrust: purely diffusive cumulates

As a first step, we investigate the influence of the thermal conductivity in the crust. To isolate
this effect, we consider that no solid-state convection occurs in the cumulates (see Section 3.3),
which would be the case if the solid mantle was too stiff for an early onset of convection, as
demonstrated in Chapter 2. We run simulations of the solidification of the lunar magma ocean
for three values of kcrust: 1.5, 2 and 4 W/m/K. The resulting time-series of the depths of the
magma ocean and crust bottom are presented on Figure 3.10. The solid line indicates that, for
kcrust = 4 W/m/K, the lunar magma ocean solidifies within 50 Myr, i.e. 22 Myr longer than
when using the crystallization sequence from Elkins-Tanton et al. (2011) (see Section 3.4.1).
This is in part due to the presence of a very strong gradient at the end of our crystallization
temperature profile (see Figure 3.2) that corresponds to the final crystallization of the most
incompatible materials, and which induces a protracted tail in the time-series. This effect
is roughly parametrized by the last term of equation (3.20), but does not result in such a
significant prolongation of the solidification.
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Figure 3.10: Time-series of the depths of the bottom of the magma ocean (lower curves) and of
the bottom of the crust (upper curves) for various values of the thermal conductivity of the crust.

Since the characteristic time for heat diffusion scales inversely with the thermal diffusivity,
which is proportional to the thermal conductivity, a doubling of the solidification time between
kcrust = 4 W/m/K and kcrust = 2 W/m/K is expected. Yet the solidification takes ∼ 130 Myr
for kcrust = 2 W/m/K. This is due to the various non-linear effects included in our set-up, in
particular the late importance of the conductive heat flux from the cumulates (see Section
3.4.2.2). While the scaling of the solidification duration with kcrust applies before entering the
late ”tail” of the time-series, when the conductive flux through the crust is largely dominant,
it breaks down when the conductive heat flow from the cumulates becomes an important term
in the energy balance of the magma ocean. Thus, although this stage represents only 10% of
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the solidification duration for kcrust = 4 W/m/K, it reaches 20% for kcrust = 2 W/m/K and
more than 30 % for kcrust = 1.5 W/m/K.

3.5.3 Effect of ηref : solid-state of convection in the cumulates and heat-
piping

Adopting our fiducial value of the crustal thermal conductivity results in a solidificaition time
of the lunar magma ocean of at least 130 Myr. This estimate exceeds by far the simple guess
based on scaling with the size of the Moon from the previous chapter. It shows that the
insulating effect of the flotation lid dramatically prolongs lunar magma ocean solidification,
suggesting that solid-state convection can set in before the lunar mantle completely solidifies.
Using this value for kcrust we run further simulations where we solve the convection in the
cumulates, and adopt various values of reference viscosity, on a similar principle as that for
chapter 2, when the Rayleigh number was varied.

Figure 3.11: (a) Snapshot of the temperature field in the cumulate after 100 Myr for our fiducial
case using kcrust = 2 W/m/K and ηref = 1021 Pa s (blue curve in Figure 3.12). Convection in the
cumulates occurs while the magma ocean (yellow area) is still solidifying and the plagioclase crust
(grey area) still growing. (b) Corresponding laterally-averaged temperature profile (blue line). In
hot upwellings, the temperature exceeds the solidus (red dashed line in panel b), causing partial
melting (pale areas in panel a) that results in heat-piping.

Figure 3.11 represents the convection pattern obtained for the case featuring ηref = 1021 Pa
s, 100 Myr after the beginning of magma ocean solidification. The buffering of the temperature
at the solidus prevents from developping clear usual convective features on the 3D snapshot,
but cold downwelling are identifiable on the temperature slice. Once convection has started, a
nearly continuous partial melting zone develops (light shaded region on the temperature slice
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3.5 Application to the lunar magma ocean

in Figure 3.11a), where the average temperature is buffered at the solidus (where the solid
blue curve and the dahsed red curve are the closest in Figure 3.11b). Above this region, the
cumulates remain essentially conductive, thus preventing from forming a thinner boundary
layer at the top, thereby limiting the conductive heat flux from the cumulates into the magma
ocean. In fact, without this limiting mechanism, the conductive heat flux from the cumulates
would be high enough to balance the heat flux through the crust when the magma ocean
becomes thin, and to sustain a perpetual magma ocean.

Figure 3.12 presents the time-series for the depths of the bottom of the magma ocean
and of the flotation crust for all cases, as well as that for purely conductive cumulates using
the same value of kcrust, shown for reference. For the stiffest cumulates (i.e. the highest
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Figure 3.12: Time-series of the depths of the bottom of the magma ocean (lower curves) and of
the bottom of the crust (upper curves) for various values of the reference viscosity in the solid
cumulates and kcrust = 2 W/m/K (colored curves) and for the purely conductive case for the same
value of kcrust (black dashed curve, identical as that on Figure 3.10).

value of ηref), convection does not set in before the end of the magma ocean crystallization,
and no supplementary heat flux occurs: the orange curve is identical to the dashed black
curve. For ηref ≤ 1021 Pa s, an early onset of convection in the cumulates takes place, and
immediately results in an effective heat-piping flux that slows the solidification, and can be
identified by the deviation of the respective curves from the reference one (black dashed). A
lower reference viscosity systematically causes an earlier onset of convection, as well as a more
intense initial effect of the heat-piping: for ηref ≤ 1020 Pa s, the evolution of the solidification is
even temporarily reversed, and a transient thickening of the magma ocean occurs, because the
initial thermal overturn of the cumulates induces enough secondary melting for the heat-piping
flux to outgrow the conductive flux through the crust.

Nevertheless, a similar trend is not observed for the overall duration of the magma ocean
solidification: for all the cases that exhibit an early onset of convection and associated heat-
piping, the lifetime of the magma ocean cluster around 180 Myr. This is due to a trade-off
between a late onset of a mild heat-piping effect (for relatively high values of ηref), taking
place below an already thick crust, making even a low heat flux addition hard to evacuate,
and a strong heat-piping occurring below a still thin crust (for the lowest values of ηref), which
is much more prone to dissipate even high heat flux additions.
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Figure 3.13: Time-series of the depth of the magma ocean and the crust (a), and of the bottom
conductive (b) and heat-piping (c) fluxes for two cases using similar parameters (kcrust = 2 W/m/K
and ηref = 1019 Pa s), one allowing the bottom of the crust to remelt (this is the case presented on
figure 3.12 for the corresponding reference viscosity), and the other where re-heating of the magma
ocean is not associated with re-melting of the crust

From Sections 3.5.2 and 3.5.3, it clearly appears that both the low value of the thermal
conductivity in the anrthoisitic crust and the heat-piping associated with early onset of
convection in the solid cumulates cause a significant prolongation of the magma ocean
solidification, reaching 180 Myr in our fiducial case.

3.5.4 Transient remelting of the cumulates and the crust

The uncertainty on the melting behaviour of the crust can be investigated by comparing one
of the previous cases with another one where the crust does not remelt when the magma
ocean heats up. The strongest heating effect is obtained in the case ηref = 1019 Pa s. We thus
chose this value rather than our fiducial one, in order to accentuate the difference and make
the comparison conservative. In the case where the crust does not re-melt, the radius of the
crystallization front needs to reach its highest level previously reached before new crust is
formed, so that the final volume of the crust remains the same in both cases. The underlying
assumption is that, due to the re-melting of mafic cumulates, plagioclase is not a liquidus
phase for the magma ocean until it recovers the composition it had when it started to re-heat.
In this case the difference between the time-series is negligible, as seen on Figure 3.13.

3.5.5 Partitioning of the heat-producing elements in the crust

The results presented above rely on the assumption that the crust contains a homogeneous
content of heat-producing elements, resulting in an initial internal heating rate hcrust,0. This
means that upon crustal growth, a constant rate of heat-producing elements enters the crust,
thus leaving the heat budget of the magma ocean. However, the partitioning of the heat-
producing elements into plagioclase is poorly constrained. In order to assess the importance of
this assumption, we present here a simulation where the opposite end-member assumption is
taken, i.e. that no heat-producing elements enter the crust. In this case the internal heating
rate in the crust is zero (increasing the efficiency of magma ocean cooling via heat conduction
through the crust) and the internal heating rate in the magma ocean is increased (which is
expected to have the opposite effect). Since this effect is independent of the convective regime
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3.5 Application to the lunar magma ocean

in the cumulates, we assume the solid mantle to be purely conductive for the sake of simplicity.
In this case, the increase in the total heat budget of the magma ocean provides more thermal
energy to the magma ocean. However this is balanced by the absence of internal heating in the
crust, which allows for higher cooling flux. Still, the net effect is a lengthening of the magma
ocean crystallization duration of ∼ 20 Myr (i.e. 15%).

3.5.6 Influence of the crystallization model

As mentioned in Section 3.2.1, the initial depth of the magma ocean has a twofold effect. It
affects the heat budget in the magma ocean and the temperature drop associated with the
crystallization of the last (∼ 5 km-thick) cumulates layer. To assess the influence of the initial
depth of the magma ocean on the duration of the magma ocean, we computed the thermal
evolution associated with the three different cases of Section 3.2.1 (1350-km, 1000-km and
500-km-deep magma oceans) for diffusive cumulates and kcrust = 2 W/m/K. The contribution
of either the internal heating in the magma ocean and/or that of the conductive heat flux
from the cumulates are successively disabled in order to assess what their respective influences
are. The results are presented in Figure 3.14. The superposition of effects resulting in a large
difference between the duration of the crystallization of a 1000 km-deep magma ocean and a
whole-mantle magma ocean (that can be seen on panel a) can be analyzed on panels b and
c: internal heating is important during the early phase of the magma ocean crystallization,
contributing to the bulk in the shape of the time-series for the whole mantle magma ocean
(on panels a and c), while the conductive heat flux from the cumulate dominates the end of
the time-series, inducing the protracted ”tail” for the whole-mantle magma ocean (on panels
a and b). Both these effects are due to the higher enrichment of the whole-mantle magma
ocean in incompatible elements, which include both heat-producing elements and elements
crystallizing at low temperature. When neither of these effect is accounted for in the heat
budget of the magma ocean, the discrepancy is only due to the higher temperature drop in the
last cumulates layers for the whole mantle magma ocean, and to a lesser extent for the 1000
km-deep magma ocean with equilibrated lower mantle (which is also induced by the increased
enrichment of the magma ocean in those two scenarios). Because of its smaller volume when
the flotation crust starts to grow (the magma ocean is then ∼75-km-deep) as well as the
lower final thickness of the crust, an initially 500-km-deep magma ocean solidifies significantly
faster than deeper cases. Furthermore, due to the smaller volume of fractionated mantle, the
prolonged final tail in the time-series associated with incompatible elements crystallization
does not appear for the shallow magma ocean case.

Conclusions

Accounting for the lower thermal conductivity of the Moon’s anorthosite crust compared to
most minerals prolongs the solidification of the lunar magma ocean up to 130 Myr (for our
fiducial value of kcrust = 2 W/m/K). Accounting also for heat-piping associated with re-melting
of magma ocean cumulates further extends the lifetime of the magma ocean up to 180 to
200 Myr, with little influence of the reference viscosity (as long as it is low enough to allow
for an early onset of convection in the solid cumulates), in spite of the broad range of values
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Figure 3.14: Time-series of the bottom of the crust (upper curves) and of the magma ocean
(lower curves) for the three different initial depths of the magma ocean presented in section 3.2.1,
when both the the conductive heat flux from the cumulates and internal heating in the magma
ocean are taken into consideration (a), when only the former is accounted for (b), when only the
later (c), or when both effects are discarded (d). Note that radioactive heating has no noticeable
effect, and conductive heating only a limited one on the evolution of a initally 500 km-deep magma
ocean (blue curves). This is due to the limited mantle fractionation occuring in this case.

investigated. Finally, the duration of the lunar magma ocean solidification also depends on its
initial depth, but not for the intuitive reasons: only the crystallization of the last 75 to 110
km are significant in terms of time. The longer solidification of a deeper magma ocean is due
to the more important fractionation of heat sources in the magma ocean as well as the thicker
crust produced.

These results provide us with a relative time evolution. In order to anchor this chronology
in the absolute (solar system) time, it is possible to relate it to the formation and isolation of
distinct isotopic reservoirs from the silicate Moon that have been sampled and dated. This is
the objective of the next chapter.
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4
Reproducing the isotopic record of the

Moon

This chapter is largely based on the published paper: Maurice, M., Tosi, N., Schwinger, S.,
Breuer, D. and Kleine, T. (2020). A long-lived magma ocean on a young Moon. Science
Advances 6, eaba8949

4.1 The KREEP trace elements signature

Figure 4.1: Trace elements signa-
ture of KREEP, normalized to chon-
dritic composition. From (Shearer
et al., 2006)

The Moon is the extraterrestrial body for which we have
the largest catalogue of samples, thanks to the ∼ 382
kg of rocks brought back to Earth by the Apollo and
Luna missions, as well as the lunar meteorites (Tartèse
et al., 2019). This record has been extensively used
to perform mineralogical, petrological and geochemical
analyses in order to constrain the history of the Moon. It
contains pristine anorthosites from the flotation crust as
well as plutonic rocks and basalts. The oldest anorthosites
have been dated as far back in time as ∼ 4.4 Ga
(Alibert, Norman, & McCulloch, 1994). Along with crater
counting, age estimates of young basaltic flows as recent
as ∼ 1.2 Ga (Hiesinger, Head III, Wolf, Jaumann, &
Neukum, 2003) suggest either a long period of dynamical
activity in the lunar mantle, or eruptions induced by
impact events. One class of samples (containing both
basalts and the oldest lunar plutonic rocks) is charaterized
by the highest enrichment in incompatible elements, in
particular Potassium (K), rare-Earth elements (REE) and
Phosphorus (P). This chemical signature is thus referred

73

https://advances.sciencemag.org/content/6/28/eaba8949.full
https://advances.sciencemag.org/content/6/28/eaba8949.full
https://advances.sciencemag.org/content/6/28/eaba8949.full


4. Reproducing the isotopic record of the Moon

to as ”KREEP”, and its associated source reservoir is called ”urKREEP”. The KREEP-like trace
element composition could be due either to a direct origin of the samples from the urKREEP
reservoir, or by assimilation of urKREEP material by melts produced in a more depleted
reservoir. In either case, the presence of urKREEP is required. Such an enriched reservoir
can only be formed as a result of a large degree of fractional crystallization of the mantle,
which can be achieved through the solidification of the lunar magma ocean. The urKREEP
is often considered to be composed of the last ∼ 1% of the magma ocean, corresponding to
a cumulate layer thickness between 1 and 5 kilometers. Its incompatible elements signature
is plotted in Figure 4.1. Notice the deficit in Eu compared to other elements, which is due
to the high compatibility of this element in plagioclase. The formation of the flotation crust
drained a large part of the Eu out of the magma ocean, resulting in a deficit in this element in
all reservoirs formed posterior to the crust.

Because of its characteristic isotopic signature, its high content in trace elements, and
its inferred chronology (being the last cumulates crystallized from the lunar magma ocean),
KREEP material has been used to constrain the timing of the lunar magma ocean crystallization
using radio-isotopes chronometry. Section 4.2 describes the methods used, while Section 4.3
introduces a model of radioactive trace elements fractionation that builds up on the magma
ocen crystallization model presented in the previous chapter. Using this coupled fractionation-
thermal evolution model, we show in Section 4.4 that a protracted crystallization of the magma
ocean induces a bias in the interpretation of KREEP isotopic data, and propose new results
that allow us to constrain the early chronology of the Moon.

4.2 Isotopes fractionation during silicate differentiation

The isotope fractionation induced by silicate differentiation is similar in principle to that
induced by core formation (described for the 182Hf −182 W system in the introduction, see
Section 1.2.1.2). While the latter is controlled by the difference in partitioning behaviour of
the parent and daughter species between iron-liking (siderophile elements) and silicate-liking
(lithophile elements), the former is controlled by the difference in partitioning behaviour of the
species involved between solid-loving (compatible elements) and liquid-loving (incompatible
elements). An incompatible behaviour is mainly caused by the inability of the atoms of the
concerned species to fit inside of the vacant sites of the crystal lattice. This, in turn, is due
either to their large ionic radius (species of this class are referred to as ”large-ion lithophile
elements”, and include K, Rb, Cs, Sr, Ba, Pb and Eu) or to their high cathionic charge (species
of this class are referred to as ”high field strength elements”, and include Ti, Zr, Hf, Nb and
Ta). The partitioning behavior of a species X between melt and the crystals of a given mineral
is generaly parametrized using a partition coefficient, which corresponds to the equilibrium
constant of the reaction Xsolid ⇆ Xmelt. The partition coefficient of X between melt and the
crystals of mineral i is noted Ki

X . Assuming chemical equilibrium, it obeys an equation similar
to (1.2), written here in a more general form for multi-component equilibrium:

[X]i = Ki
X [X]melt, (4.1)
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where [X]i is the concentration of X in the crystals of mineral i and [X]melt the concentration
of X in the melt. Ki

X is in general a function of pressure, temperature and composition of the
melt. By definition, a chemical species X is incompatible in mineral i if Ki

X < 1.
In the rest of this section, we consider a toy model of the crystallization of a magma ocean

whose cumulates are composed of only one mineral. We can thus drop the index i in the
notation of the partition coefficient. Letting P and D be the parent and daughter species,
respectively, of a given isotopic system, for which KP > KD (i.e. the daughter species is more
incompatble than the parent one), then the ratio [P ]/[D] in the magma ocean decreases as
it solidifies. In turn, the latest crystallized cumulates inherit a decreased value of this ratio
compared to the value of the bulk silicate part of the body. This is illustrated by the blue
curve in the left panel of Figure 4.2a (the blue dashed line represents the bulk composition).

4.2.1 Isotopes fractionation

Let’s further note Dr the product of P ’s radioactive decay, and Ds another reference stable
isotope of D. Since Ds and Dr are two isotopes of the same species, they have the same
partitioning behaviour, and the ratio [Dr]/[Ds] is not affected by the crystallization of the
magma ocean. The value of [Dr]/[Ds] in the forming crystals is similar to that of the magma
ocean at the time of crystallization. Hence, assuming that the crystallization of the magma
ocean is instantaneous (or of negligible duration compared to the half-life of the system) all
cumulates evolve from a similar value of [Dr]/[Ds] at the time of the fractionation event. This
ratio then increases due to radiogenic production of Dr. This increase depends on the initial
quantity of P in the cumulates or, equivalently, on the ratio [P ]/[Ds]. This ratio, contrarily to
[Dr]/[Ds], is affected by fractionation (if KP ≠ KD). Hence, as time goes by, each cumulate
layer will evolve away from the bulk value of [Dr]/[Ds], at a rate depending on the layer’s
initial deviation of [P ]/[Ds] from the bulk value, inherited from the fractionation of P and D.
This phenomenon is represented in Figure 4.2.

By measuring the present day values of [P ]/[Ds] and [Dr]/[Ds] of a sample, knowing the
decay constant (noted λ) of P , and assuming the bulk mantle values of both these ratios, it is
possible to compute the time at which the source reservoir of this sample had the same value
of [Dr]/[Ds] as the bulk mantle, which is then considered to be the time of the differentiation
event. However, the formation and extraction of the sample from its source reservoir is unlikely
to leave its isotopic composition unaffected. A model considering only one fractionation event
is then not sufficient to trace back the initial formation of inner-mantle reservoirs. In fact,
using a single sample, any inference of the values of [P ]/[Ds] and [Dr]/[Ds] back in time
further than the latest fractionation event it experienced is a degenerate problem. Therefore,
chronological studies of mantle reservoirs involve the analysis of multiple samples assumed to
share a common source reservoir.

4.2.2 Isotope age dating of a single sample

A prerequisite to understanding isotope age dating of planetary-scale fractionation events
(i.e. mantle reservoirs formation) like magma ocean crystallization is hence the dating of the
crystallization of single samples. Dating a rock sample is in general possible if it possesses
more than one mineral, and contains a sufficient amount of isotopes to allow for precise enough
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Figure 4.2: Radial profiles of the parent-to-stable daughter species ratio ([P ]/[Ds], (a)) and
radiogenic-to-stable daughter species ratio ([Dr]/[Ds], (b)) in the monomineralic cumulates formed
from the crystallization of a magma ocean (solid lines) and the bulk value of this ratio in the whole
mantle (dashed lines), at two different points in time: right after the magma ocean solidification
(blue) and after two half-lives of the system τ1/2 (red). Both the parent and the daughter species
are incompatible as it is usually the case. The partition coefficients of the parent and the daughter
species are respectively: KP = 0.5 and KD = 0.2 (the daughter species is thus more incompatible
than the parent one). The bulk initial value of [P ]/[Ds] is 1.1 (blue dashed line on panel a), and
that of [Dr]/[Ds] is 0.1 (blue line on panel b) and is not affected by fractionation (the solid and
dashed blue lines are superposed). After two half-lives of the parent species, radioactive decay has
afftected both [P ]/[Ds] and [Dr]/[Ds] in the cumulates, as shown by the red curves in both panels.

measurements. Because all the minerals present in the sample crystallized from a common
magma reservoir, they retained its [Dr]/[Ds] value at the time of crystallization. However, the
various minerals have different partition coefficients, inducing a spread in their initial values of
[P ]/[Ds]. Thus, if we represent the values of the different minerals at the crystallization time
on a [P ]/[Ds] vs [Dr]/[Ds] diagram, they all plot on a horizontal line. As time goes by, each
mineral’s value of [Dr]/[Ds] evolves as a function of its initial value of [P ]/[Ds], according to
the equation:

[Dr]/[Ds](t) = [Dr]/[Ds](tcrys) + [P ]/[Ds](tcrys)
(
exp

(
(tcrys − t) ln(2)/τ1/2

)
− 1

)
. (4.2)

On a [P ]/[Ds] vs [Dr]/[Ds] diagram, Equation 4.2 defines a straight line of slope(
exp

(
(tcrys − t) ln(2)/τ1/2

)
− 1

)
, referred to as an ”isochron” (Figure 4.3). Hence, fitting

a straight line through the data points representing each mineral constitutive of a sample, and
measuring its slope, gives access to the time elapsed since the crystallization of this sample.
This age dating method is called the isochron method.

Other methods exist to retrieve the age of a sample, like the U-Pb dating technique, that
uses the differential decay of two U isotopes, requiring only the initial 235U/238U ratio to be
known. However, an exhaustive description of all methods used in the isotope geochemistry is
beyond the scope of this work.
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Figure 4.3: Typical isochron plot: two different minerals forming a sample are represented by
the square and the circle repectively. At the time of crystallization (tcrys) they align following
a horizontal line corresponding to the bulk sample value of [Dr]/[Ds] at this time. As time
passes [P ]/[Ds] decreases causing the circle and square to drift leftwards, while [Dr]/[Ds] increases
accordingly causing an upward drift. Overall, the isochrons remain aligned following a straight
line, with slope exp

(
(tcrys − t) ln(2)/τ1/2

)
− 1.

4.2.3 Isotope age dating of the fractionation event

The difficulty of dating a fractionation event pointed out in Section 4.2.1 can be overcome
if several samples are available for one reservoir. If these samples were formed from the
source reservoir at different times, measuring their [P ]/[Ds] and [Dr]/[Ds] ratios gives access
to the corresponding value of [Dr]/[Ds] in the origin reservoir at their respective times of
crystallization, as represented in Figure 4.4. A time-evolution of the origin reservoir (black
dashed line in Figure 4.4) can then be inferred without a priori knowledge of its [P ]/[Ds]
value. Finally, this time-evolution allows for the calculation of the isolation time of the origin
reservoir, by matching its value of [Dr]/[Ds] with that of the bulk mantle (x-axis in Figure
4.4). In this case, both the differentiation time and the corresponding value of [P ]/[Ds] are
results. This method is illustrated in Figure 4.4, where the deviation of [Dr]/[Ds] from the
bulk value is expressed in the notation:

εDr =
(

[Dr]/[Ds]
[Dr]/[Ds]|bulk

− 1
)

× 104. (4.3)

Expressing the deviation in part-per-104 allows to study small variations occuring over a time
short in comparison with the half-life of the system. If the investigated time scale is comparable
with the system’s half-life, the decay lines can no longer be approximated by straight lines
(there real form is an exponential). In practice, this method requires that the sample still have
a measurable [P ]/[Ds] value and thus are applied to long-lived systems when studying early
solar system processes. Thus the approximation of the decay lines by straight lines is correct
and the ε notation is usual.
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Figure 4.4: Time evolution of εDr in the origin reservoir (black dashed line) and two samples
(red and blue segments). The present-day values of [P ]/[Ds] and [Dr]/[Ds] have been measured
for the two samples, and their respective crystallization times (t1 and t2) have been determined.
This allows us to draw both red and blue line. The values of those lines at their respective sample
formation times (t1 for the red line and t2 for the blue one) define two distinct points, hence a
new line, which represents the isotopic evolution of the origin reservoir. Finally, the time at which
the black line intercepts the x axis corresponds to the time at which the reservoir had a value of
[Dr]/[Ds] similar to that of the bulk mantle, corresponding to the isolation time of the reservoir.

4.2.4 Application to the lunar magma ocean

Based on this reasoning, Gaffney and Borg (2014) estimated the time of crystallization of
the urKREEP reservoir, interpreted as that of the lunar magma ocean crystallization. They
performed high precision measurements of the 176Lu/177Hf and 176Hf/177Hf ratios on 4 samples
(basalts 15386 and 72275,383 and plutonic samples of the Mg-suite 77215 and 78238) whose
crystallization had been deteremined by previous studies (Carlson & Lugmair, 1979; Shih
et al., 1992; Carlson, Borg, Gaffney, & Boyet, 2013; Edmunson et al., 2009). Using in addition
documented measurements of 147Sm/144Nd and 143Nd/144Nd for these same samples as well as
for 4 further ones (basalt NWA773, the only lunar meteorite used in this study, and Mg-suites
14304,267, 15455,247 and 76535) (Borg et al., 2009; Borg et al., 2013; Snyder, Taylor, & Neal,
1992), they applied the method described above for both isotopic chronometers and found
a concordant formation time for urKREEP at 4.369 ± 45 Ga, as shown on Figure 4.5. The
isotopic systematics of the samples used by Gaffney and Borg (2014) are reported on table
4.1. Based on the lunar magma ocean thermal evolution model of Elkins-Tanton et al. (2011),
which suggesed a rapid crystallization in no more than 35 millions of years (see Section 3.1.1),
Gaffney and Borg (2014) argued for a late formation of the Moon, posterior to 4.4 Ga.

In the light of the results concerning the duration of the lunar magma ocean solidification
exposed in the previous chapter, this last conclusion seems questionable. In fact, more than
this conclusion, our results shed light on a caveat in the dating method exposed in the previous
section, namely the assumption that the duration of the fractionation event is negligible
compared to the half-life of the isotope system being used. Lu-Hf is the longest-lived system
of Gaffney and Borg (2014)’s study, with a half-life of 151.91 Gyr (τ1/2,Lu = 1.52 × 1011 years).
We have shown that the lunar magma ocean takes up to 180 Myr (tMO = 1.8 × 108 years)
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4.2 Isotopes fractionation during silicate differentiation

Name age (Ma) ε176Hf ε143Nd
15386 3845 ± 77a −6.47 ± 0.38a −1.51 ± 0.335b

72275,383 4090 ± 70a −3.65 ± 0.39a −0.62 ± 0.63c

NWA773 2993 ± 32d - −4.5 ± 0.3d

77215 4288 ± 22e −0.81 ± 0.45a −0.54 ± 0.09e

78238 4349 ± 19e −0.26 ± 0.48a −0.27 ± 0.74e

14304,267 4108 ± 40e - −1.08 ± 0.23e

15455,247 4291 ± 91e - −0.35 ± 0.31e

76535 4306 ± 10e - −0.15 ± 0.22e

Kal 009 4369 ± 7f +12 ± 4.6g -

Table 4.1: Ages and εX values of the KREEP samples used to select the fractionation models.
The first three samples are KREEP basalts and the five last are Mg-suite rocks. The last line
corresponds to the basalt sample Kal 009 used to refine the fit. References: a(Gaffney & Borg,
2014), b(Carlson & Lugmair, 1979), c(Shih, Nyquist, Bansal, & Wiesmann, 1992), d(Nyquist, Shih,
Reese, & Irving, 2009), e(Borg, Gaffney, & Shearer, 2014), f (Snape et al., 2018), g(Sokol et al.,
2008)
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Figure 4.5: Isotopic deviation from the bulk silicate Moon (considered chondritic, CHUR =
chondritic homogeneous uniform reservoir) against time for a set of lunar samples representative of
KREEP isotopic signature. Note that contrary to Figure 4.4, the deviation is negative for both Hf
and Nd due to a higher incompatibility of their parent species throughout the lunar mantle.

to solidify until forming the urKREEP reservoir. Hence tMO/τ1/2,Lu ∼ 10−3, which is one
order of magnitude greater than the deviation in part-per-104 used by Gaffney and Borg
(2014) to quantify KREEP’s isotopic deviation from the bulk lunar silicate reservoir. Thus the
assumption that the duration of the lunar magma ocean solidification is negligible does not
hold for a crystallization time of 180 Myr.

In order to study the influence of a long-lived magma ocean on the primordial isotope
fractionation, with a particular focus on reproducing the isotopic ratios measured in KREEP
samples, we implemented a model of coupled fractionation and radioactive decay, that we
feeded with the time-series of the lunar magma ocean solidification obtained in our fiducial
case in Chapter 3. We can thus compute the evolving isotopic signature of the magma ocean
to track that of its last formed cumulates: the urKREEP reservoir. The following section
describes this model.
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4. Reproducing the isotopic record of the Moon

4.3 Coupled fractionation and radioactive decay model

The caveat when considering the fractionation event as instantaneous is that radioactive decay
occuring during the magma ocean crystallization is neglected. We thus need to model both the
fractionation induced by the crystallization of the lunar magma ocean and the simultaneous
radioactive decay of the parent species of both Lu-Hf and Sm-Nd systems. Section 4.3.1
describes how, based on the time-series associated with our fiducial case from Chapter 3,
the isotopic evolution of the magma ocean is computed, accounting for both these effects.
The evolution is tracked until the remaining magma ocean reaches the isotopic signature
of KREEP, defining the urKREEP formation time (tKREEP). Section 4.3.2 describes the
computation of the whole-rock isotopic signature of the mantle cumulates used to further
constrain our results (see Section 4.4.3). The workflow of the combined thermal evolution and
fractionation/radioactive decay model is presented in Figure 4.6.

4.3.1 Evolution of the magma ocean’s isotopic ratios

Following Equation 4.1, the chemical equilibrium of species X (X being in the present case
either Lu, Hf, Sm or Nd) between the magma ocean and the different crystallizing minerals
reads: [X]MO = 1/Ki

X [X]i, where [X]MO is the concentration of X in the magma ocean,
[X]i the concentration of X in mineral i, and Ki

X the partition coefficient of X between
melt and mineral i, (see Table 4.2 for the list of the partition coefficients associated with the
minerals present in the crystallization sequence). The minerals in the cumulates pile as well
as plagioclase are assumed to be in equilibrium with the magma ocean only at the time step
during which they crystallize. They then retain their crystallization concentration in X (unless
modified by radioactive decay). The time of crystallization of a given layer is obtained from
the time-series for the fiducial case (see Section 3.5.1) presented in Chapter 3, shifted by the
formation time of the Moon (t0), treated as a free parameter (see section 4.4.1). The mass
conservation of X between times t and t+ dt (during which the magma ocean volume changes
by ∆VMO = VMO(t+ dt) − VMO(t) and the volume of the cumulates and the crust (combined)
by ∆V = −∆VMO) reads:

VMO(t+dt)[X]MO(t+dt)+[(1 − ϕt)ΣiCi[X]i(t+ dt)∆V + ϕt[X]MO(t+ dt)∆V ] = VMO(t)[X]MO(t)
(4.4)

where ϕt is the amount of trapped melts remaining in the cumulate pile and Ci the abundance
of mineral i in the layer of volume ∆V of cumulates formed during dt. The first term on
the left-hand-side represents the total amount of X in the magma ocean at time t+ dt, the
second term on the left hand side is the amount of X that enters the different minerals of
the newly crystallized cumulates and crust layers and the right-hand-side represents the total
amount of X in the magma ocean at time t. Using the partition coefficient Ki

X , [X]i can be
replaced in Equation (4.4) by Ki

X [X]MO. If we write successively Equation (4.4) for X = P

(the radiogenic parent species, i.e. 176Lu or 147Sm) and for X = Ds (the stable daughter
species, i.e. 177Hf or 143Nd), and divide the former by the latter, we obtain the isotopic ratio
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updated for fractionation, before radioactive decay:

[̃P ]
[Ds]

⏐⏐⏐⏐⏐
MO

(t+ dt) = [P ]
[Ds]

⏐⏐⏐⏐
MO

(t) VMO(t+ dt) +
(
(1 − ϕt)ΣiCiK

i
D + ϕt

)
∆V

VMO(t+ dt) +
(
(1 − ϕt)ΣiCiKi

P + ϕt
)

∆V , (4.5)

˜[Dr]
[Ds]

⏐⏐⏐⏐⏐
MO

(t+ dt) = [Dr]
[Ds]

⏐⏐⏐⏐
MO

(t). (4.6)

Since the radiogenic and stable daughter species Dr and Ds have the same partition coefficient,
the ratio [Dr]/[Ds] is not affected by fractionation. Equation (4.6) represents the ”fractionation”
part of the time step. We then apply radioactive decay:

[P ]
[Ds]

⏐⏐⏐⏐
MO

(t+ dt) = [̃P ]
[Ds]

⏐⏐⏐⏐⏐
MO

(t+ dt) exp(−dt ln(2)/τ1/2), (4.7)

[Dr]
[Ds]

⏐⏐⏐⏐
MO

(t+ dt) =
˜[Dr]
[Ds]

⏐⏐⏐⏐⏐
MO

(t+ dt) + [̃P ]
[Ds]

⏐⏐⏐⏐⏐
MO

(t+ dt)
(
1 − exp(−dt ln(2)/τ1/2)

)
, (4.8)

where τ1/2 is the half-life of the parent species. The initial magma ocean has a chondritic
composition for trace elements from Bouvier, Vervoort, and Patchett, 2008. This procedure
is iterated using the time-series to link the volume of the magma ocean (VMO) and the
radius of its bottom (RMO) with time, until [P ]/[Ds]|MO reaches the value measured in
KREEP samples from Gaffney and Borg (2014) for both systems at the same time, i.e.
[176Lu]/[177Hf] = 0.0153 ± 0.0033 and [147Sm]/[143Nd] = 0.1723 ± 0.0019 (present-day values).
If these ratios are never reached simultaneously, the simulation is discarded. If they do, we
consider the isotopic ratios of the remaining magma ocean as representative of the KREEP
ratios. The earliest time at which KREEP’s parent-to-daughter ratios are simultaneously
matched for both isotopic systems is considered the time of formation of the urKREEP
reservoir, and is noted tKREEP.

4.3.2 Cumulates whole-rock isotopic signature

We also compute the whole-rock isotopic ratios in the cumulates pile forming before the
growth of the flotation crust. We can thus make two simplification: first, all minerals forming
settle in the cumulate pile (i.e. Cplagioclase = 0); second, contrary to the prolonged evolution
after the growth of the crust, radioactive decay of long-lived species can be neglected (i.e.
[Dr]/[Ds]|MO = ˜[Dr]/[Ds]

⏐⏐⏐⏐
MO

and [P ]/[Ds]|MO = ˜[P ]/[Ds]
⏐⏐⏐⏐
MO

). The whole-rock (subscript
WR) isotopic ratios in the cumulate pile at the time of crystallization (tcrys) hence read:

[P ]
[Ds]

⏐⏐⏐⏐
WR

(tcrys) = ΣiCiK
i
P

ΣiCiKi
D

[P ]
[Ds]

⏐⏐⏐⏐
MO

(tcrys), (4.9)

[Dr]
[Ds]

⏐⏐⏐⏐
WR

(tcrys) = [Dr]
[Ds]

⏐⏐⏐⏐
MO

(tcrys). (4.10)
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Mineral KLu KHf KSm KNd
olivine 0.0089 ± 11a 0.0008 ± 1a 0.00032 ± 4a 0.00008 ± 1a

clinopyroxene 0.74 ± 12a 0.37 ± 10a 0.459 ± 78a 0.273 ± 51a

orthopyroxene 0.181 ± 31a 0.047 ± 17a 0.0251 ± 3a 0.0120 ± 2a

plagioclase 0.092 ± 4b 0.1483 ± 25b 0.1650 ± 11b 0.203 ± 7b

ilmenite 0.0545 ± 76c 0.52 ± 4c 0.0037 ± 7c 0.0055 ± 4c

spinel 0.28 ± 9c 0.65 ± 17c 0.007 ± 4c 0.0037 ± 21c

quartz 0.01424 ± 104b 0.03025 ± 75b 0.0140 ± 2b 0.016 ± 2b

whitlockite 1.902 ± 57d 0.01216 ± 90d 12.67 ± 51d 10.18 ± 26d

sphene 34.1 ± 7e 27.90 ± 1.49e 6.23 ± 25e 14.01 ± 32e

Table 4.2: Partition coefficients for th eminerals in the cumulate sequence. References: aMcDade,
Blundy, and Wood, 2003, bNash and Crecraft., 1985, cKlemme, Gunther, Prowatke, and Zack,
2006, dProwatke and S., 2006, eProwatke and S., 2004

The ratios at any time t can be then computed using a simple radioactive decay law:

[P ]
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WR

(t) = [P ]
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)
(4.11)
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4.4 Re-interpreting the isotopic data of KREEP samples

4.4.1 Monte-Carlo simulations

Performing random sampling of both t0 (within the first 400 Myr of the solar system, i.e.
as late as 4.167 Ga) and of the melt/rock partition coefficients of the cumulates minerals
within the error-bars listed in the literature (see Table 4.2), we compute 104 fractionation
simulations. We select the simulations where a reservoir is formed that corresponds to the
KREEP parent-to-daughter ratios. Drawing the corresponding decay lines for both systems,
starting at the obtained time tKREEP, we further select the simulations for which the KREEP
decay lines cross most data points used in (Gaffney & Borg, 2014) and listed in Table 4.1.
The 8 different samples provide a total of 12 data points (4 having both ε143Nd and ε176Hf
values and four having only ε143Nd values). Some data points are not compatible with the
others because they cannot be all matched with a single line. Hence, the best fit consists in
matching 11 out of 12 data points. A case (i.e. a Monte-Carlo simulation corresponding to a
set of partition coefficients and a value of t0, resulting in a formation time tKREEP and isotopic
systematics for the KREEP reservoir) is considered to fit a data point when its KREEP decay
line crosses the ellipse defined by the data point’s error bars in a εX vs time diagram.

4.4.2 Matching KREEP isotopic signature

From our pool of 104 simulations, 775 match 10 out of 12 data points and 45 match 11.
This low matching is likely due to an over-simplified modelling of the fractionation induced
by considering constant partition coefficients (see Section 4.5.1 for a discussion about the
influence of the partition coefficients). However, the large differences in the values of partition
coefficients between various minerals suggest that this simple model grasps the main effect
in the fractionation. The cases that reach the optimal fit (11/12) are shown in Figure 4.7 as
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Figure 4.6: Global model workflow. Input parameters are indicated in green, intermediate results
in blue, and final results in red (the main results, t0 and tKREEP are framed by a dashed line).
Note that t0 and the partition coefficients are iterated to fit the parent-to-daughter ratio of the
KREEP inferred by Gaffney and Borg (2014). Chapter 3 is concerned with the upper part of the
workflow, while the present chapter deals with the loop in the lower half, the right box (”Coupled
fractionation and radioactive decay model”) being described in sections 4.3.1 and 4.3.2, and the
”Fitting to KREEP” one in section 4.4.1.
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time-series of εDr where Ds is either 176Hf or 143Nd. From panels a) and b), it is clear that, at
time of KREEP formation, the magma ocean isotopic composition has already largely drifted
away from the CHUR-like composition assumed for the bulk lunar mantle. The average value
of ε143Nd at KREEP formation is ∼ −0.32 and that of ε176Hf is ∼ −1.75. This deviation
makes the previously used method of reading KREEP age as the intersection of KREEP’s
decay line with the CHUR decay line (characterized by an ε value of 0) obsolete. In fact, the
age of KREEP is an outcome of our simulations, and ranges from 4.27 to 4.19 Ga (Figure
4.7c, blue histogram), i.e. 70 to 180 Myr later than inferred by Gaffney and Borg (2014).
Furthermore, while once isolated, the isotopic evolution of KREEP follows a straight decay
line, the earlier evolution in the magma ocean is influenced by the crystallization sequence, the
associated partition coefficients, and the chronology of the solidification, and does no longer
plot as a straight line, but as a bent curve. Hence the intercept between KREEP decay line
and the CHUR decay line does not provide the time of initiation of the silicate fractionation
either, but it underestimates it. We find a Moon-forming event between 4.44 and 4.36 Ga
(Figure 4.7c, red histogram), only marginaly overlapping with the estimates by Borg et al.
(2014) based on Gaffney and Borg (2014).

4.4.3 Matching Kal009 isotopic signature

A complementary information to KREEP isotopes systematics is brought by another sample:
the meteorite Kal 009. It represents the oldest crystallized non-crustal lunar sample with
a formation age of 4.369 ± 7 Ga (Snape et al., 2018). It formed from a mantle reservoir
characterized by a high 176Hf/177Hf ratio (ε176Hf = +12.9 ± 4.6). A model that succeeded
in reproducing the KREEP signature ought to be considered realistic only if it also succeeds
at creating a mantle reservoir compatible with Kal 009. We thus compute the whole-rock
Lu-Hf systematics for our ”successful” cases (see Figure 4.8), and found that a pyroxene-rich
reservoir located between 200 and 250 km depth overlaps with Kal 009’s ε176Hf value. We
select the cases that produce such a reservoir and plot their t0 and tKREEP as the turquoise
histograms in Figure 4.7. This results in a KREEP formation time between 4.29 and 4.24 Ga
and a Moon-formation time between 4.44 and 4.40 Ga, i.e. 40 to 80 Myr older than inferred
by Gaffney and Borg (2014).

4.5 Sensitivity study

The model presented here depends on various parameters, some of which are poorly constrained.
This section investigates the impact of the uncertainty in these parameters on the results.

4.5.1 Sensitivity to the partition coefficients

As mentioned above, the choice of constant values for the partition coefficients is likely an
over-simplification. Models exist for parametrization of partition coefficients as a function of
temperature, pressure, and mineral and melt composition (e.g. Sun, Graff, & Liang, 2017),
however their use would bring the complexity of the present model beyond the scope of the
study. Nevertheless, all minerals do not play an equivalent role. Some have a low partition
coefficient and do not affect much the evolution of the magma ocean isotope signature, while
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Figure 4.7: (a) ε143Nd
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points. Each grey curve
corresponds to one simu-
lation, the light part cor-
responding to the magma
ocean evolution prior to
KREEP formation and the
dark part to the decay line
of the associated KREEP
reservoir. The orange
points are the KREEP
samples from Gaffney and
Borg (2014) (G14) (cir-
cle for basalts and dia-
monds for Mg-suite rocks)
and the orange line is the
KREEP model line de-
rived by the same study.
(b) Similar to (a) for
ε176Hf. (c) Histograms
of t0 (red) and tKREEP
(blue) for the same set
of cases. The orange
shaded area corresponds
to the KREEP age span
inferred from the two iso-
topic systems by Gaffney
and Borg (2014) and the
black dashed line to the
age of FAN 60025 from
Borg, Connelly, Boyet,
and Carlson (2011). The
turquoise histograms cor-
respond to t0 and tKREEP
for the cases presented
whose cumulates whole-
rock Lu-Hf systematics are
also consistent with the
formation of Kal009.

others, although they are only marginal in the crystallization sequence, can significantly affect
the isotopic evolution of the magma ocean because they appear late (when the magma ocean
has a reduced volume) and have high values of the partition coefficients. We can evaluate which
minerals are the most sensitive. Figure 4.9 and 4.10 represent the distribution of the values
of the partition coefficients between melt and each mineral, for all ”successful” simulations,
for Lu and Hf respectively. While for almost all minerals, the histograms are relatively flat
and centered on the mean value of the normal distribution, a strong trend is observed for
clinopyroxene, with successful cases featuring high KCpx

Lu and low KCpx
Hf compared to the

normal distribution. This is due to the combined effect of relatively high values of the partition
coefficient and the importance of clinopyroxene in the crystallization sequence. A similar trend,
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Ga (age estimated for Kal 009 (Snape et al., 2018)) for all cases matching KREEP isotopic ratios
(red envelope). The initial ε176Hf value for Kal 009 (Sokol et al., 2008) is highlighted in blue
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(c) t0 distribution, as plotted in Figure 4.7, with the same color code as for (b).

although not as important, can be observed for spinel and sphene (titanite), which are much
less common in the crystallization sequence.
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Figure 4.9: Lu mineral/melt partition coefficients of cases presented in Figure 4.7. The orange
normal distributions correspond to the means and standard deviations listed in table 4.2 are
reported in orange.

4.5.2 Sensitivity to the magma ocean solidification’s time-series

The different input parameters (other than those used in the fitting process, like partition
coefficients) are reported in green in Figure 4.6. The bulk lunar composition in terms of
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Figure 4.10: Same as Figure 4.9, but for Hf, the daughter species of the Lu-Hf system.

major and heat-producing elements has been kept fixed in Chapter 3 and will not be varied
here either, since it would require the computation of new crystallization sequences and new
thermal evolution modelling. The trace elements content of the bulk silicate Moon is considered
chondritic (Bouvier et al., 2008). We will focus on the effects of varying:

1. the initial depth of the lunar magma ocean,

2. the effective thermal conductivity of the crust (kcrust),

3. the reference viscosity of the cumulates (ηref),

4. the reference isotopic composition of KREEP.

The first three parameters have been shown in Chapter 3 to result in distinct time series,
that can be used directly in the fractionation/decay model in order to evaluate their influence
on t0 and tKREEP. The sensitivity to the isotopic composition of KREEP is studied in the
next section. Figure 4.11 presents the cases that reached the optimal fit using time-series for
kcrust = 4 and 1.5 W/m/K for a 1000 km-deep magma ocean, and kcrust = 2 W/m/K for a
whole-mantle magma ocean. In the case of a 1000 km-deep magma ocean, the higher value of
kcrust leads to a configuration close to the original two-stage model from Gaffney and Borg,
2014 and provides the most fitting cases, but is likely significantly underestimating the duration
of the magma ocean as shown in Chapter 3. It is also only marginally compatible with Kal 009
data, producing a high enough ε176Hf reservoir only in less than 5% of the cases. The lowest
value of kcrust, also physically unlikely, results in a later formation of KREEP (between 4.13
and 4.18 Ga) but a similar Moon formation time range as for our fiducial case. For an initially
whole-mantle magma ocean, although the shape of the time-series are different from the 1000
km-deep magma ocean (see Section 3.4.2.2), the results are very similar to our fiducial case (t0
between 4.40 and 4.44 Ga and tKREEP between 4.20 and 4.29 Ga). The resulting variations
in t0 and tKREEP are reported in table 4.3. Finally, we also tested a 500-km-deep magma
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ηref [Pa s] t0 [Ga] tKREEP [Ga] t0 [Ga] (fitted to Kal009) tKREEP [Ga] (fitted to Kal009)
1022 4.44-4.35 4.32-4.23 4.44-4.40 4.32-4.28
1021 4.44-4.36 4.27-4.19 4.44-4.40 4.27-4.22
1020 4.44-4.36 4.29-4.20 4.44-4.40 4.29-4.24
1019 4.45-4.36 4.26-4.18 4.45-4.40 4.26-4.21

Table 4.3: Moon formation time (t0) and KREEP isotlation time (tKREEP) spans for all values
of the reference viscosity investigated, with our fiducial value of the crustal thermal conductivity:
kcrust = 2 W/m/K, our fiducial value of the reference viscosity (1021 Pa s) appearing in the second
line from the top.

ocean, which, due to a rapid crystallization, yields similar results as the case of a 1000-km-deep
magma ocean with kcrust = 4 W/m/K.

Figure 4.11: As in Figure 4.7, but using time-series based on a 1000 km-deep magma ocean with
ηref = 1021 Pa s and kcrust = 1.5 (left panels), and 4 W/m/K (middle panels), and a whole-mantle
magma ocean with the same reference viscosity and kcrust = 2 W/m/K (right panels).

4.5.3 Sensitivity to KREEP composition: the case of the lunar zircons

A few years before Gaffney and Borg (2014), Taylor, McKeegan, and Harrison (2009)
documented the first conclusive measurement of subchondritic 176Lu/177Hf in lunar material,
which was a predicted outcome of the magma ocean hypothesis, but had not been observed so
far. They analyzed zircons originating from KREEP material, particulary suited for Lu-Hf and
U-Pb dating due to the strong partitioning of U from Pb and of Hf from Lu induced by zircons
crystallization. They obtained U-Pb age of the crystallization time for each sample (ranging
from 4.00 to 4.40 Ga), and applied a 2-stage model (as done by Gaffney and Borg (2014) and
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4.5 Sensitivity study

described in Section 4.2.3) to infer an initial 176Lu/177Hf value in KREEP of 0.0164, and an
associated KREEP formation age of 4.478 ± 0.046 Ga.

The KREEP decay line thus obtained has both a steeper slope (due to a lower intial
176Lu/177Hf) and an older formation age than that found by Gaffney and Borg (2014). Hence
the results of those two studies cannot be reconciled under the hypothesis that they both
describe the evolution of the same reservoir (urKREEP). We can nevertheless adapt the present
model to investigate the data from Taylor et al. (2009). In this case, KREEP is only fitted
using the Lu-Hf system. The same caveat as that highlighted in (Gaffney & Borg, 2014), here
leads to a more accute underestimation of t0 because of the stronger curve of the time-series of
ε176Hf in the magma ocean compared to that of ε143Nd (see e.g. Figure 4.7). Thus our model
should yield Moon-formation ages older than 4.478 Ga.

Figures 4.12a and b present the results of fitting Taylor et al. (2009)’s zircon data to our
fiducial time-series. All cases reaching the maximum fit correspond to a Moon formation
occuring within 30 Myr after CAIs condensation. According to Jacobson et al. (2014), a Moon
formation occuring earlier than 40 Myr after the condensation of CAIs (grey hatched area on
Figure 4.12) would result in the late accretion onto the Earth of a mass to high to reconcile
with the observed highly-siderophile elements content of the silicate Earth, and is thus ruled
out. This suggests that the array described by zircons does not correspond to the decay of the
KREEP reservoir and cannot be used to estimate the Moon formation age.
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Figure 4.12: (a) Results of the fit to the KREEP signature from zircon samples of Taylor,
McKeegan, and Harrison (2009). The grey hatched area corresponds to the first 40 Myr after
the CAI formation time, during which the Moon forming impact has been shown to be highly
unlikely (Jacobson et al., 2014). As in Figure 4.7, the light grey curves correspond to the evolution
of ε176Hf in the magma ocean prior to KREEP formation and the dark grey lines to the decay of
KREEP. The thick black line corresponds to the evolution of the CHUR reservoir (corresponding
to the bulk silicate Moon composition) and the thin blue line to Taylor, McKeegan, and Harrison
(2009)’s KREEP model. (b) Moon formation (red histograms) and KREEP isolation times (blue
histograms) for the cases presented in panel a. (c) Results of the fit to the KREEP signature
from Barboni et al. (2017). Note that the model’s decay line from (Barboni et al., 2017) (dotted
black line) assumes a value of 176Lu/177Hf = 0, resulting in the steepest slope possible. Fitting a
straight line through the cloud of data points provides the blue line, to which our models are fitted
(grey lines). (d) Similar to (b), for the case fitted to Barboni et al. (2017)’s data.
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4. Reproducing the isotopic record of the Moon

Extending Taylor et al. (2009)’s data set and applying correction for neutron capture effect
that can affect the ε176Hf value of samples when exposed for a long time at the surface of
the Moon, Barboni et al. (2017) computed an older formation age of the Moon, of 4.51 Ga.
However, their method was less systematic and more arbitrary: rather than fitting a decay
line through their cloud of data points, and inferring from it both the 176Lu/177Hf ratio of
KREEP and its formation time, they assumed KREEP to reach the depleted end-member
176Lu/177Hf = 0, and thus posited the slope of the decay line (black dotted line on Figure
4.12c). They computed for each data point the KREEP formation age associated to this slope,
and took the average of the four oldest values as their estimate for the formation of KREEP.
On the one hand, while 176Lu/177Hf = 0 is not a realistic case, it results in the steepest slope
for the KREEP decay line, thus the youngest KREEP age. On the other hand, the selection for
the four data points yielding the oldest KREEP induces a clear bias towards an old formation
of KREEP.

Fitting a line through Barboni et al. (2017)’s data points yields a slope corresponding to
a 176Lu/177Hf value in KREEP of 0.0143 ± 0.0025 and an intercept with the CHUR decay
line (defined by ε176Hf = 0) at 4.531 Ga (blue line in Figure 4.12c). The very low vlaue of
176Lu/177Hf obtained is only marginally compatible with our model, and can be attained only
for the end-member combination of partition coefficients (highest value of KLu and lowest
value of KHf for all minerals in the cumulates pile). Hence, we applied the same process as
previously, but chose systematically these values for the partition coefficients, and let only
t0 be a free parameter. Figures 4.12c and d represent the result for the cases achieving the
maximum fit to Barboni et al. (2017)’s data points. Here again, all cases result in a formation
time of the Moon in the time-domain excluded by Jacobson et al. (2014), supporting our
previous conclusion that zircons data cannot be used to infer KREEP chronology.

Conclusions

Inferring a chronology for the early Moon from its isotopic record necessitates a model for
the primordial lunar differentiation. Using the model developed in Chapter 3, more realistic
than previous ones, has shed light on caveats in interpretation of isotopic systematics of
KREEP, the last formed cumulates of the magma ocean, commonly used to infer the age of
the Moon-forming event. We have shown that the classical two-stage models (Section 4.2.3)
failed to capture the complexity of the fractionation event when the protracted crystallization
of the magma ocean allows for significant radioactive decay of the long-lived isotopes before
the formation of the last mantle reservoirs. Thus a realistic chronology for the early Moon can
only be inferred by properly modelling the fractionation event and considering simultaneous
isotopes decay. Furthermore, we have shown that the Moon-forming event and the end of the
magma ocean crystallization, materialized by KREEP isolation, are separated by more than
100 Myr, a conclusion based on our results from Chapter 3, but which couldn’t have been
met using previous models of isotopes data interpretation. Finally, by investigating a broad
parameter space, we found that the Moon-forming event is robustly constrained between 4.40
and 4.45 Ga.
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5
Mixing the lunar mantle: the fate of

the ilmenite-bearing cumulates

A major component of the lunar mantle samples consist in basalts whose eruption times
postdate the formation of major impact basins. These eruptions flooded and filled the large
basins, forming the lunar maria, which cover 17% of the surface of the Moon (almost exclusively
on the nearside). The samples associated with these late form of volcanism are referred to as
mare basalts. Most eruption times of the mare basalts spread over the Imbrian period, i.e.
from about 3.85 to 3.2 Ga (Shearer et al., 2006), suggesting a late surge in lunar volcanism
after a somewhat quiescent period following the crystallization of the magma ocean. The
cause of this delay in volcanic activity is still a topic of active investigation, and some of the
proposed solutions will be presented later in this chapter.

The mare basalts exhibit an important diversity in terms of major and trace elements
composition. They have been broadly classified according to their content in Ti, Al and K
(Delano, 1986). The source of the mare basalts is located in the mantle and likely consists
in evolved magma ocean cumulates (Shearer et al., 2006). Thus, the mare basalts provide
a valuable insight into the evolution of the lunar mantle. Furthermore, their trace elements
signatures suggest that some degree of mixing beween different reservoirs is required (Snyder
et al., 1992; Cano, Sharp, & Shearer, 2020). Hence, not only should thermal evolution models
of the Moon address the observed delay in mare volcanism, but dynamical models can also
be constrained by the inferred mantle mixing involved in the genesis of the mare basalts. In
particular, the high Ti content observed in the lunar maria in general (see Figure 5.1), and
more specifically in a class of mare basalts (termed high-Ti mare basalts, containing up to 17
% TiO2 (Delano, 1986)) represents a long-standing problematic. High-Ti mare basalts are too
rich in Ti to originate from low degree melting of either fertile or depleted Earth-like mantle
rock (Shearer et al., 2006). Their origin reservoir must hence be a highly differentiated, Ti-
enriched source. Ti being incompatible, Ti-bearing minerals appear late in the crystallization
sequence of the lunar magma ocean and are largely absent in the early cumulates, from which
mare basalts are thought to originate. Therefore some mixing mechanism of the late forming,
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5. Mixing the lunar mantle: the fate of the ilmenite-bearing cumulates

Ti-bearing cumulates with the bulk of the lunar mantle is required. The present chapter shows
how the protracted crystallization of the lunar magma ocean demonstrated in Chapter 3 can
dramatically enhance such mixing.

Figure 5.1: Lunar surface Ti content map derived from the Kaguya mid-infrared data (Otake,
Ohtake, & Hirata, 2012). There is a clear correlation between Ti content and the Procelarum
KREEP Terrane on the nearside. Figure from Kato et al. (2017).

5.1 The ilmenite-bearing cumulates

The main Ti-bearing mineral in the lunar magma ocean crystallization sequence is the Ti-
oxide ilmenite. Because of its incompatible nature, Ti remains in the melts until most
of the magma ocean has solidified, and ilmenite appears only late in the crystallization
sequence. The late formed cumulates containing ilmenite are referred to as ”ilmenite-bearing
cumulates” (abbreviated IBC). This section presents the modelling and experimental work
on the crystallization of IBC in the lunar magma ocean. It then describes the various ways
through which the source reservoir of the mare basalts could be contaminated by IBC, to
produce the high-Ti mare basalts.

5.1.1 Mineralogical models and experimental studies

Numerous studies have aimed at constraining the crystallization sequence of the lunar magma
ocean, and especially its late cumulates, including IBC. Both numerical simulations (Snyder
et al., 1992) and experimental work (Lin, Tronche, Steenstra, & van Westrenen, 2016, 2017;
Rapp & Draper, 2018; Charlier et al., 2018) have addressed this question. Based on numerical
crystallization simulations, one of the earliest such studies, by Snyder et al. (1992), found that
an initially 400 km-deep magma ocean starts producing ilmenite after 95% of its volume has
solidified, resulting in a ∼ 17 km-thick IBC layer containing 11% ilmenite. Considering an

92



5.1 The ilmenite-bearing cumulates

initially 1000 km-deep magma ocean, Elkins-Tanton et al. (2011) found that ilmenite starts
crystallizing after 87% of the magma ocean is solid, which is earlier than most models. However,
the focus of this study was not on IBC and they did not further discuss this result. Most
models and experiments since Snyder et al. (1992) have found that ilmenite starts crystallizing
after 90 to 95% of the magma ocean has solidified, with the bulk silicate Moon composition
being obviously an essential parameter.

Carrying on a series of experiments for an anhydrous, slightly more Ti-rich lunar mantle
than that considered by Snyder et al. (1992), Lin et al. (2017) found that ilmenite starts to
crystallize after 91% of an initially 700 km-deep magma ocean has crystallized, forming a first
15 km-thick IBC layer containing 3% of ilmenite overlain by another 7 km-thick IBC layer
containing 8.5% ilmenite (these two layers correspond to their two low-pressure end-member
experiments). However, they found a plagioclase crust that is too thick, a discrepancy they
attribute to their water-depleted bulk mantle composition. Running a forward model of the
crystallization of an initially 600-km-deep magma ocean, based on a set of experiments they
carried out, Charlier et al. (2018) found a very thin (< 10 km) IBC layer. Finally, in a series
of experiments aiming at constraining the crystallization of a whole-mantle (initially 1400
km-deep) magma ocean, Rapp and Draper (2018) found ilmenite in the ∼ 3 last percents of
the solidification, yielding a ∼ 19 km-thick IBC layer. These different models are represented
in Figure 5.2.

5.1.2 The origin of Ti in mare basalts

High-Ti mare basalts owe their Ti content to contamination by IBC. Two main scenarios have
been proposed to explain this contamination: 1) assimilation of low-Ti magma during their
ascent and crossing of the IBC, and 2) melting of a mixed source reservoir, containing both
low-Ti early mafic cumulates and sunken IBC. Experimental work on competitive dissolution
of ilmenite and clinopyroxene by van Orman and Grove (2000) have shown that assimilation
is not able to reproduce the Ti/Ca ratio observed in high-Ti mare basalts. Indeed, IBC
also contain a large part of clinopyroxene, which dissolves at least as much as ilmenite when
assimilated by low-Ti melts. The resulting basalts have a CaO content (due to clinopyroxene
melting) that is too high compared to TiO (due to ilmenite melting). Thacker, Liang, Peng,
and Hess (2009) proposed that an assimilation mechanism might create positively buoyant
Ti-bearing secondary melts (see below for this last point), however without discussing whether
or not this would result in a consistent Ti/Ca fractionation. In a recent study, Kommescher
et al. (2020) also showed that the assimilation scenario alone is unable to produce the observed
Ti isotopic variety observed between low- and hight-Ti mare basalts.

The second scenario, that of mixing of IBC with early mafic magma ocean cumulates, is
thus favoured. Due to their high Ti content, IBC are denser than the average mantle, and
their position in the crystallization sequence (at the top of the cumulates pile) makes them
prone to overturn via Rayleigh-Taylor instability. Two questions are critical for the possiblity
of IBC mixing in the manlte:

• Can IBC overturn or do they remain trapped in the cold and stiff stagant lid?
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Figure 5.2: Comparison between the crystallization sequences from Snyder, Taylor, and Neal
(1992), Elkins-Tanton, Burgess, and Yin (2011), Charlier, Grove, Namur, and Holtz (2018),
Rapp and Draper (2018), Lin, Tronche, Steenstra, and van Westrenen (2016) and from that
used in the present work. The minerals’ names are the following: Ol=olivine, Px=pyroxene,
Opx=orthopyroxene, Cpx=clinopyroxene, Pl=plagioclase, Pig=pigeonite, Aug=augite, Sp=spinel,
Sph=sphene, Qz=quarz, Ilm=ilmenite and Sil=silimanite. Note that in our model ilmenite appears
very late, but the earlier formed clinopyroxene is already enriched in Ti. The fraction of each
mineral crystallizing out of each layer is proportional to the width of its color-coded box. The
y-axis is the precentage of volume of magma ocean crystallized. Since the initial depth of the
magma ocean varies from one model to the other (from 400 km for Snyder, Taylor, and Neal (1992)
to the whole mantle for Rapp and Draper (2018)) and plagioclase does not settle at the bottom
but floats to form the crust, these diagram should not be interpreted as the final mantle layering
resulting from the magma ocean crystallzation.
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5.2 Entraining the IBCs into the mantle

• If IBC do overturn and form a dense layer atop the CMB, can they be destabilized and
entrained in the mantle?

Note that the question of whether or not Ti-bearing secondary melts would be positively
buoyant and reach the surface is also of importance in the generation of high-Ti mare basalts.
The present work focuses on mantle dynamics and this question is beyond its scope. The
following section describes how previous studies adressed the first two questions and how our
model can further improve our understanding of IBC mobilization, required for the production
of high-Ti mare basalts. Section 5.3 introduces the extensions to the convection model used in
Chapter 3 to address the dynamics of IBC overturn and describes our results relative to the
first question. Section 5.4 discusses the second question in light of our results and discusses
the limitations of our model to fully address it.

5.2 Entraining the IBCs into the mantle

5.2.1 The importance of IBC overturn

Besides providing the source reservoir of the mare basalts with Ti, the potential overturn
of IBC might have affected a number of other characteristic features of the Moon’s history.
Various studies have adressed the possible outcome of IBC overturn in light of such features.
Along with one of the first models of IBC overturn, Hess and Parmentier (1995) proposed that
the time needed to destabilize the dense layer of overturned IBC by radioactive heating is
responsible for the delay in mare volcanism onset (see Section 5.4). Zhong et al. (2000) showed
that such a destabilization of the overturned IBC, occuring as a degree-one upwelling, could
provide an explanation for the dichotomy in maria distribution. Stegman et al. (2003) studied
the possibility that the same delayed upwelling mechanism be responsible for the late onset of
the lunar dynamo (Weiss & Tikoo, 2014). Zhang, Parmentier, and Liang (2013) ran long-term
thermo-chemical evolution simulations of the Moon accounting for an overturned IBC layer,
with focus on inner-core crystallization. Comparing their results with seismic observations
suggesting a present-day solid inner-core of 250 km radius, they inferred that the lunar core
contains 5 to 10% sulfur. It seems also plausible that a part of the overturned IBC, although
heated up, remains at the core-mantle boundary. These cumulates could hence be responsible
for the seismic anomaly in the lunar lower mantle, attributed to the presence of partially
molten material (Khan, Connolly, Pommier, & Noir, 2014). In a recent study, Zhao et al.
(2019) adressed the formation of such a deep, partially molten IBC layer. Finally, de Vries
et al. (2010) investigated the possibility to generate an ilmenite-rich core from overturned IBC
if no Fe-core pre-exists.

Most of these studies (except de Vries et al. (2010) and Zhao et al. (2019)) considered a post
IBC overturn configuration as initial condition. They usually relied on the conceptual model
of Hess and Parmentier (1995), ignoring the dynamics of the very process of IBC overturn.
Nevertheless, some other studies have focused on the dynamics of IBC overturn, generally
assuming that this overturn occurs after the end of the lunar magma ocean solidification.
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5.2.2 Post-magma ocean overturn

The first model aiming at a proper description of the IBC overturn was conceptual (in the sense
that it proposed a mechanism for the overturn, but did not solve its dynamics). Introduced by
Hess and Parmentier (1995), it has been widely relied upon since then. This model distinguishes
two phases:

1. The crystallization of an enriched IBC layer (containing ∼ 15 % ilmenite). This layer is
very unstable and rapidly develops small scale diapirs of ilmenite-rich material that sink
through the lower cumulates. This process takes place during the late crystallization of
the magma ocean, thereby dissolving the IBC into the cumulates sitting immediately
beneath. They calculated that a magma ocean forming an initially 20-km-thick IBC
layer within 200 Myr would thus result in an ∼ 80-km-thick diluted IBC layer.

2. This diluted IBC layer being still denser than the average mafic cumulates is also
gravitationally unstable, but develops a much larger wavelength. It would thus result in
a large-scale mantle overturn.

This model is based on scaling laws, which might represent an over-simplification of the
dynamics of the overturn and mixing of the IBC. Building upon this model, using finite-
amplitude dynamics calculations, Parmentier, Zhong, and Zuber (2002) showed that the thick
layer of dissolved IBC can develop a degree-one instability, provided that it is 4 orders of
magnitude weaker than the underlying mantle. Ilmenite is weaker than mafic cumulates, and
its enrichment can significantly decrease the viscosity of the resulting mixture. However, an
ilmenite content of ∼ 3%, as expected for the diluted IBC layer in the second step of the
model, although having a significant weakening effect, is unlikely to result in a 4 orders of
magnitude viscosity contrast (Dygert, Hirth, & Liang, 2016). At the same time, Elkins-Tanton,
van Orman, Hager, and Grove (2002) supported the opposite view (although using a slightly
different set-up), claiming that, in absence of secondary re-melting, the IBC would remain
where they crystallized, trapped in a cold stiff stagnant lid.

de Vries et al. (2010) investigated the possibility to form either a thick IBC layer atop the
core or a complete core from the overturn of IBC. However, due to computational limitations,
they did not use a realistic initial set-up. Taking advantage of the advances in terms of
computing capabilities, a series of recent studies (Zhao et al., 2019; Yu et al., 2019; Li et al.,
2019) adressed the quantification of the IBC overturn more throroughly. The general outcome
of these studies is that accounting for a weak IBC layer is essential in order for the overturn
to occur. Specifically, Li et al. (2019) found that a thousand-fold weakening of the IBC layer
(as suggested by experimental work from Dygert et al. (2016)) is necessary to decouple the
dense layer from the stiff, conductively growing stagnant lid. Yu et al. (2019) found that, for
a reference viscosity of 1021 Pa s (our fiducial value for the lunar magma ocean cumulates
in Chapter 3), no IBC overturn occurs, regardless of other rheological parameters. However,
for lower values of the reference viscosity, decreasing the activation energy (which accounts
for the temperature-dependence of the viscosity, see Equation A.23) in order to simulate the
effect of dislocation creep regime (Christensen, 1984) significantly helps the mobilization of
IBC. Zhao et al. (2019) stressed the importance of the initial temperature profile, which they
varied as a free parameter. Our crystallization and magma ocean thermal evolution model
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can significantly improve the constraints on this regard. Finally, all these studies found IBC
overturn durations of up to a few hundreds of millions of years, comparable with the lifetime of
the lunar magma ocean that we computed in Chapter 3. Since the longest part of the magma
ocean solidification time is spent while crystallizing the final layers (i.e. IBC), it is likely that
the overturn, if it occured, started before the end of the magma ocean crystallization.

Recent studies on IBC overturn usually relied on simplified versions of Snyder et al. (1992)’s
crytallization sequence and the first step of Hess and Parmentier (1995)’s model to compute a
density structure consisting in an average mantle layer, overlain by a dense IBC layer, itself
overlain by a light crustal layer. The density profiles they adopted are represented in Figure
5.3. Note that both Zhao et al. (2019) and Li et al. (2019) considered the thickness as well
as the density of the IBC layer as parameters; for the former (red line), we plotted their
fiducial values (which they base their discussion upon), while for the latter, we plotted the two
end-member cases (solid and dashed cyan lines). Similar to the present study, Yu et al. (2019)
computed their density structure by modelling the magma ocean crystallization.
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Figure 5.3: Density profiles in the uppermost 200 kilometers of the Moon considered by the
different studies that simulated the overturn of IBC. Both dense (i.e. thin) and dilluted (i.e. thick)
IBC layer end-members are represented when relevant, the former with solid lines and the latter
with dashed lines (Note that Zhao, de Vries, van den Berg, Jacobs, and van Westrenen (2019) also
ran a simulation with no density anomaly in the IBC). The depth is indicated without accounting
for the overlying plagioclase crust.

5.2.3 Overturn during magma ocean crystallization

Running simulations comparable to those presented in Chapter 2 for a Moon-like model,
Boukaré, Parmentier, and Parman (2018) studied the possibility of an early onset of mantle
convection during the lunar magma ocean solidification. Although they did not aim at
simulating the IBC overturn, they suggested that an early onset of convection in the cumulates
might have significantly helped it. Zhao et al. (2019) designed a numerical experiment to
quantify IBC overturn occuring before the end of the lunar magma ocean solidification. By
setting a high temperature in a thin layer corresponding to urKREEP, they artificially decreased
the viscosity, thereby mimicking the mechanical decoupling between the hot mantle and the
cold crust due to a liquid magma ocean. They found that, compared with a case without weak
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decoupling layer, the IBC entrainment efficiency was more than doubled (see Section 5.3.5
for their definition of the IBC entrainment efficiency). A potentially important aspect that
this study did not model is the progressive crystallization of the IBC: as shown in Chapter
2, the progressive entrainment of a forming dense layer at the top of the cumulates pile is
much more efficient, from the mixing point of view, than a general overturn, often resulting
in accumulation of dense material at the core-mantle boundary. Since our model of magma
ocean crystallization does involve solving the mantle dynamics of the Moon, we extended it to
include the tracking of the IBC layer. The following section describes the adopted set-up.

5.3 IBC overturn simulations

5.3.1 3 Layers mantle model

As introduced in previous studies by Zhao et al. (2019), Yu et al. (2019), and Li et al. (2019),
the most important characteristics of the IBC layer regarding its overturn are its density
and its rheology. The heat production in the IBC is also important, both for the long-term
destabilization of the overturned IBC and because heating the IBC weakens them, helping
their initial mobilization. We hence track the presence of IBC in the convecting cumulates and
scale density, viscosity and heat production according to it. As for the case of the Martian
magma ocean solidification presented in Chapter 2, we solve the advection equation for the
non-dimensional composition. Similar to what was done in previous studies, we approximate
our high-resolution crystallization sequence (see Figure 5.2) with a three-layers model, divided
into average mantle, IBC, and crust. The value of density and internal heating in each layer
(see Table 5.1) is obtained by averaging the corresponding profile over each layer’s initial depth
range (see Figure. 5.4). Our crystallization model does not constrain the viscosity of the
cumulates (which is controlled not only by the composition, but also the water content, the
grain size, the creep regime etc.). Therefore, to account for the weakening induced by the
presence of ilmenite, following Yu et al. (2019), we simply set a viscosity contrast between IBC
and the average mantle within the range of the expected weakening effect of ilmenite (Dygert
et al., 2016).

Layer top depth - bot. depth [km] density [kg/m3] internal heating [W/kg3]
Crust 0 - 43 2715 1.01 × 10−10

IBC 43 - 70 3775 - 3995 1.27 × 10−10

Mantle 70 - 1350 3206 1.43 × 10−11

Table 5.1: Initial depth extension and average density of the three layers of the model.

5.3.2 Numerical implementation

The advection of the non-dimensional composition (noted C) used to scale density, heat
production, and viscosity, is accounted for by solving equation (A.25) using the particle-in-cell
method. In each computational volume, the density and the internal heating are computed as
the arithmetic average of the values indicated in Table 5.1, weighted by the composition in

98



5.3 IBC overturn simulations

2750 3000 3250 3500 3750 4000 4250 4500
density [kg/m3]

0

20

40

60

80

100

120

140

de
pt

h 
[k

m
]

(a)

10 8 10 7 10 6 10 5 10 4

heat production [W/m3]

0

20

40

60

80

100

120

140

de
pt

h 
[k

m
]

(b)

Figure 5.4: Density (a) and heat production (b) profiles in the upper 140 kilometers of the Moon.
The top 42 km correspond to the plagioclase crust. The red dashed lines indicate the averaged
values used in the implementation and listed in Table 5.1. Due to the strong density oscillations,
averaging over the IBC layer is sensitive to the averaging method. Both low and high IBC density
end-members are thus represented.

each of the three component. Thus on the ith volume:

ρi =
3∑

j=1
ρjCi,j and hi =

3∑
j=1

hjCi,j , (5.1)

where the index j designates each of the three components, ρj (respectively hj) is the density
(respectively the heat production) indicated in Table 5.1 for the corresponding component,
and Ci,j the composition of component j in volume i (with Ci,mantle + Ci,IBC + Ci,crust = 1).
The heat production is further modified to account for the decay of heat sources with time.
The viscosity is computed on the ith computational volume as:

ηi = η(pi, Ti)∆ηCIBC
i , (5.2)

where η(pi, Ti) is the pressure- and temperature-dependent Arrhenius viscosity introduced
in Equation (A.23), pi and Ti the pressure and temperature in the ith volume, and ∆η the
viscosity ratio between IBC and the average mantle.

The decoupling effect of the overlying liquid layer, that Zhao et al. (2019) found to be of
high importance in easing the sinking of IBC, is included in this model through the choice of a
free-slip boundary condition at the top of the cumulates pile. In order for the IBC layer to be
properly resolved, the grid we use contains 249 equally spaced shells (i.e. a radial resolution of
5.4 km). Because of the prohibitive cost of running such high-resolution simulations in 3D
using the particle-in-cell method, we run these models on 2D half cylindrical grids. The rest of
the set-up is identical to that presented in Chapter 3. In order to address the influence of IBC
overturn on the long-term evolution of the Moon, each simulation runs for 4.5 Gyr. Although
using 2D rather than 3D simulations may result in discrepancies on the long-term thermal
evolution, we do not expect it to significantly affect the fundamentally transient process of
the overturn. However, the settling of overturned IBC might be affected by the geometry.
This problematic is further discussed in Section 5.3.4, while the effect of the geometry on the
long-term thermal evolution of our models is discussed in Section 5.4.
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5.3.3 Parameter space

As in Chapter 3, the reference viscosity (ηref) is varied between 1019 and 1021 Pa s in order
to capture the wide spectrum of possible values for the early lunar mantle. The thermal
conductivity in the crust is however held constant at the fiducial value of 2 W/m/K. Notice
that after complete solidification of the magma ocean, the crust conserves its low thermal
conductivity, thereby affecting the long-term thermal evolution and convection intensity (Ziethe,
Seiferlin, & Hiesinger, 2009). If 2 W/m/K is a realistic value for an anorthosite-rich crust,
the progressive build-up of the lunar regolith via continuous impact and gardening is likely to
further decrease the thermal conductivity, at least in the shallowest (∼ 10 − 100 m) surface
layer of the Moon.

Similarly to Yu et al. (2019), the distribution of heat-producing elements as well as
the density profile are obtained from a self-consistent crystallization model. We thus keep
them constant, and put the focus on the rheology. Nevertheless, due to the large-amplitude
oscillations in density in the IBC layer of our crystallization model (see Figure 5.4), the IBC
density obtained is sensitive to the choice of averaging method. 3775 kg/m3 being the lower
end-member value obtained, we also test the high end-member value (3995 kg/m3) in a case
with intermediate viscosity (ηref = 1020 Pa s). Furthermore, as in Yu et al. (2019) and other
recent studies, we vary the value of the activation energy (E∗) between either 335 kJ/mol (the
value for diffusion creep previously adopted), and 150 kJ/mol, a decreased value aimed at
mimicking the effect of dislocation creep. Finally, following Yu et al. (2019), we consider a
one-order-of-magnitude viscosity contrast between IBC (weak component) and average mantle
(stiff component). We also test the effect of a two-orders-of-magnitude viscosity contrast in
cases featuring the highest reference viscosity.

In order to assess the influence of the solidification of the magma ocean on the overturn of
IBC, we run simulations either starting from a completely solidified lunar mantle (as in Yu
et al. (2019)), or coupled with the thermal evolution model used in Chapter 3. In the first
case, the initial temperature follows the crystallization temperature (i.e. we assume that the
cumulates remained conductive during the whole solidification of the magma ocean).

5.3.4 Quantification of the IBC overturn

In order to assess the efficiency of IBC entrainment and settling, each study proposed its own
criterion. This lack of homogeneity is partly due to the fact that studies using 2D convection
codes aimed at quantifying an effect which is strongly geometry-dependent (in particular IBC
settling). Thus their results cannot be directly extrapolated to a realistic 3D case. Indeed, if a
27 km-thick IBC layer initially located between 43 and 70 km depth (as in our model) was
to fully overturn and perfectly settled at the CMB, it would constitute a 271-km-thick layer,
while in a 2D geometry (due to the higher value of the outer-to-inner surface ratio in 3D than
that of the outer-to-inner perimeter ratio in 2D) it would only correspond to a 103-km-thick
layer. In order to avoid this caveat, 2D studies have focused on quantifying the mobilization
of IBC rather than their settling. Zhao et al. (2019) quantified the amount of mobilized IBC
by computing the IBC content at the point of maximum curvature of a laterally-averaged
IBC content radial profile. Yu et al. (2019) also focused on the mobilitzation of IBC rather
than their fate. There criterion, which will be used in this study (unless explicitely stated) is
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computed as:
ψIBC = VIBC − V ′

IBC
VIBC

× 100, (5.3)

where ψIBC is the volume fraction of overturned IBC, expressed in %, VIBC is the total volume
of IBC and V ′

IBC is the volume of IBC which has not yet taken part in the overturn.
Finally, Li et al. (2019) ran 3D full-sphere simulations, hence avoiding the geometry-related

issues. They were thus able to adopt a more intuitive and straightforward criterion. They
computed at each time the fraction of IBC in the lower mantle (which they define to be deeper
than 700 km depth), and normalized it by its maximum value over the complete simulation
time.

Li et al. (2019) also quantified the overturn timescale. They defined the time of initiation
of the overturn as the time when the amount of IBC in the lower mantle reaches 1% of its
maximum value, and the overturn time as the time at which the time-series curve of the amount
of IBC in the lower mantle exhibits its maximal curvature (the duration of the overturn being
the time span between these two values). It is noteworthy that, for almost all the cases they
investigated, the overturn time is shorter than the magma ocean solidification time computed
in Chapter 3 with our fiducial set of parameters. This strongly suggests that IBC overturn is
likely to occur before the end of magma ocean solidification, especially since the hot upper
boundary during the magma ocean lifetime will ease the decoupling of IBC from the stiff crust.

5.3.5 IBC mobilization

5.3.5.1 Effect of rheology

For an activation energy similar to that used in Chapter 3 (335 kJ/mol, corresponding to
a diffusion creep regime), Figure 5.5a represents the time-series of IBC overturn for cases
starting both at the Moon formation time or after the solidification of the magma ocean, and
for reference viscosities from 1019 to 1021 Pa s.

When no magma ocean is considered, IBC is mobilized only for ηref = 1019 Pa s, yielding
a final value of ψIBC = 87%. For a similar set-up, Yu et al. (2019) found a slightly higher
value of ψIBC, as well as partial IBC mobilization (ψIBC ∼ 50%) for a higher reference viscosity
(ηref = 1020 Pa s). This is likely due to their slightly lower activation energy (300 kJ/mol) as
well as their higher IBC density and thicker initial IBC layer (see Figure 5.3). In the presence
of a magma ocean, the final value of ψIBC increases for ηref = 1020 and 1021 Pa s, although
in the latter case it remains too low to imply a significant overturn. Intriguingly, the IBC
mobilization is less efficient in the presence of a magma ocean for the lowest value of the
reference viscosity.

When the activation energy is lowered in order to mimick dislocation creep (Figure 5.5b),
IBC overturn occurs for ηref ≤ 1020 Pa s without magma ocean and for all cases when magma
ocean solidification is accounted for. For ηref = 1019 and 1020 Pa s, the influence of the presence
of a magma ocean is less marked because of the high value of ψIBC reached without considering
the magma ocean. Nevertheless, for the case ηref = 1021 Pa s, the influence of the magma
ocean is even higher than that shown above for a higher activation energy, increasing ψIBC

from less than 1% (without magma ocean) to 76% (with magma ocean). These results show
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Figure 5.5: Time-series of the IBC overturn for an activation energy of 335 kJ/mol (a) and of 150
kJ/mol (b), ηref = 1019 Pa s (red lines), ηref = 1020 Pa s (blue lines), ηref = 1021 Pa s (green lines),
with (solid lines) and without (dashed lines) magma ocean solidification. The time series for cases
without a magma ocean are offset by the time coresponding to the duration of the magma ocean
crystallization for the same set-up. The step-like appearance of the curves in (b) for E∗ = 150
kJ/mol and ηref = 1020 and 1021 Pa s is due to resolution effects, but does not affect the final
value of ψIBC because it only appears when the IBC in one grid shell completely overturns, but is
damped when the mobilization is less efficient (e.g. blue curve after 200 Myr).

that taking into consideration the presence of a crystallizing magma ocean at the top of the
IBC layer is crucial for the overturn dynamics, as suggested by Zhao et al. (2019).

5.3.5.2 Onset of overturn and mixing of IBC

Figure 5.6 represents successive snapshots of the IBC concentration for cases ηref = 1019, 1020

and 1021 Pa s, and E∗ = 150 kJ/mol. The onset time of IBC overturn increases with the
reference viscosity (second column from the left). This is due to the fact that, until IBC
crystallizes, all cases are purely thermal, and thus similar to those presented in Chapter 3. A
convergence of the time-series was then already observed after onset of heat-piping (see Figure
3.12). Hence, in all cases, IBC starts to crystallize approximately after the same amount of
time. From this moment on, the overturn time scales as the growth of a Rayleigh-Taylor
instability, i.e. proportionally to the reference viscosity. Once the overturn has started, as
previously described in Chapter 2, a more efficient mixing is observed for lower viscosities.
This mixing is key to the production of high-Ti mare basalts, as further discussed in Section
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5.4.2. Finally, the total duration of the magma ocean slidification is influenced by the overturn
of IBC, as discussed in Section 5.3.6.

Figure 5.6:
Snapshots
of the IBC
content in the
cumulates at
four different
times: initial
state (leftmost
column), onset
of IBC overturn
(middle-left
column),
intermediate
state (middle-
right column)
and end of the
magma ocean
solidification
(rightmost
column), for
three cases
featuring
E∗ = 150
kJ/mol:
ηref = 1021

Pa s (top row),
ηref = 1020 Pa
s (center row),
and ηref = 1019

Pa s (bottom
column). The
magma ocean is
represented in
yellow and the
crust in grey.
Two close-ups
illustrate the
small-scale
mixing of IBC
for the case
ηref = 1020.
Streamlines are
indicated in
white on the
close-ups.
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5.3.5.3 Effect of IBC density and weakening

As previously mentioned, although the initial density distribution is an output of our
crystallization model, its averaging over the IBC layer is sensitive to the numerical averaging
method, and can yield higher values than the one used in the previous cases (3775 kg/m3),
up to 3995 kg/m3. Following the results from Chapter 2, we do not expect an increase of the
density contrast, even up to 39% (shifting the buoyancy ratio from 3 to 4.3) to have as strong an
effect on the overturn, as that of varying the reference viscosity by several orders-of-magnitude.
Nevertheless, in order to assess this influence, we run a simulation using the high IBC density
end-member (3995 kg/m3). We run it using a rheologically intermediate set-up (ηref = 1020

Pa s and E∗ = 335 kJ/mol) yielding an intermediate final ψIBC (46%) for the low IBC density
end-member, in order to ease the evaluation of the net effect of increasing the IBC density. The
time-series of ψIBC for both IBC density end-member cases, as well as for a weaker (E∗ = 150
kJ/mol) low IBC density case, are represented in Figure 5.7a. In absence of a magma ocean,
neither IBC end-member case exhibits overturn, as already observed above. When magma
ocean solidification is considered, IBC is partially to completely mobilized in all cases. The
final value of ψIBC for the dense IBC end-member (63%), although expectably higher than
that for the low IBC density end-member (46%), remains closer to its light counterpart than
the case exhibiting a light IBC but a reduced activation energy, where IBC almost completely
overturn (ψIBC = 96%). This result confirms our deduction based on Chapter 2’s conclusions
about the smaller influence of density on the efficiency of overturn compared to rheology.

While rheology is a decisive factor, the weakening due to the presence of ilmenite is poorly
constrained. Dygert et al. (2016) showed that, depending on the rheological model applied
to simulate the creep of heterogeneous mineral mixtures, this weakening could reach up to 4
orders of magnitude. In order to test a higher weakening than that used in the previous cases
(1 order of magnitude), we ran two supplementary simulations based on the high reference
viscosity end-member cases (ηref = 1021 Pa s and both E∗ = 335 and 150 kJ/mol) with a
viscosity contrast between IBC and the average mante (∆η) increased to 2 orders of magnitude
(i.e. IBC are 100 times weaker than the average mantle). The time-series of ψIBC for these
cases are represented in Figure 5.7b. As previously observed, for E∗ = 335 kJ/mol, no overturn
occured, even considering magma ocean solidification. While increasing ∆η for this value of
the activation energy does not help IBC overturn when no magma ocean is considered, in its
presence, IBC mobilization is significantly enhanced, reaching a final ψIBC of 39%. For the
lower value of the activation energy, mimicking the effect of dislocation creep, increasing ∆η
also enhances IBC mobilization, however not as significantly as in the previous case. This
suggests the more important role of the temperature dependence of the rheology compared to
the weakening due to the presence of ilmenite.

5.3.5.4 Comparison with other studies

As mentioned in Section 5.2.3, very few studies have addressed the overturn of IBC during
lunar magma ocean solidification in a self-consistent manner. The agreement of the present
results with general conclusions drawn from Chapter 2 as well as those from Boukaré et al.
(2018) who used a model closer to the lunar case, support the robustness of our results.
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Figure 5.7: Similar to Figure 5.5, (a) for ηref = 1020 Pa s, E∗ = 335 kJ/mol and ρIBC = 3775
kg/m3 (green curves), E∗ = 335 kJ/mol and ρIBC = 3995 kg/m3 (blue curves) and E∗ = 150
kJ/mol and ρIBC = 3775 kg/m3 (red curves), and (b) for ηref = 1021 Pa s, E∗ = 335 kJ/mol,
∆η = 10 (red curves) and ∆η = 100 (blue curves), and for E∗ = 150 kJ/mol, ∆η = 10 (green
curves) and ∆η = 100 (cyan curves).

Zhao et al. (2019) is the only study (to the author’s knowledge) to have addressed this issue,
by mimicking the presence of a magma ocean in their simulations of IBC overturn. Although
their set-up differs from ours in several aspects, we can identify a case that approaches the best
our simulation featuring ηref = 1021 Pa s and E∗ = 335 kJ/mol. The corresponding case from
Zhao et al. (2019) (ScenB_20_1e-1_1deltarho_30km) has a 20-km-thick IBC layer which
is 323 kg/m3 denser and 10 times weaker than the average mantle. They obtained (using
their own criterion, noted IBC% and described in Section 5.3.4) an overturn quantification of
IBC%=49%, while for our corresponding case we obtain 0% (no entrainment). This discrepancy
is due to the higher intial temperature of the IBC in Zhao et al. (2019)’s simulations, which is
about 100 K hotter than in our case. For an activation energy of 335 kJ/mol, this corresponds
to a viscosity ratio of almost an order of magnitude. Decreasing the reference viscosity by
as much (ηref = 1020 Pa s), we obtain an IBC% of 70 %. Because decreasing the reference
viscosity makes the whole mantle weaker an thus further eases IBC overturn, the framing of
Zhao et al. (2019)’s value between our two cases is a logical outcome. Hence our simulations
support their conclusions, and further strengthen them by adopting a more realistic modelling
of the magma ocean’s dynamical interaction with the mantle.
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5.3.6 Thermal coupling between IBC overturn and magma ocean solidifi-
cation

A peculiarity of the thermal evolution model introduced in Chapter 3 is the feedback mechanism
between the thermal evolution of the magma ocean and cumulates convection, specifically
through heat-piping. Considering compositional buoyancy of the IBC affects the convection
pattern (causing the IBC overturn), and in turn, the thermal evolution of the magma ocean.
The return flow associated with IBC overturn causes re-melting, whose intensity depends on
the rheological parameters. It results in general in one or several late surges in the heat-piping
flux. Figure 5.8 shows the thermal evolution of the weak rheology end-member case with
ηref = 1019 Pa s and E∗ = 150 kJ/mol. In this case, thermal convection starts before the
crystallization of IBC. Although the strongest alteration of the magma’s thermal state is caused
by the initial, purely thermal onset of convection, the continuous overturn of IBC starting
around 60 Myr after the Moon formation (seen as a succession of peaks in the heat-piping flux,
due to resolution effects) affects the shape of the time-series and the overall duration of the
magma ocean crystallization (290 Myr in this case while it was 200 Myr without compositional
buoyancy effects).
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Figure 5.8: Time-series of the magma ocean and average cumualtes temperatures (a), of the
crust’s and magma ocean’s bottom depths (b), and of the various heat fluxes at play (c) for the
case: ηref = 1019 Pa s and E∗ = 150 kJ/mol.

Although the case in Figure 5.8 is the rheologically-weak end-member investigated, it is not
the case where heat-piping has the strongest influence on the magma ocean’s lifetime. Figure
5.9 shows the thermal evolution of the case ηref = 1021 Pa s and E∗ = 150 kJ/mol. In this case,
the onset of solid-state convection in the cumulates occurs later, when an IBC layer has already
crystallized. This layer is mobilized and the onset of thermal convection is strengthened by
a first episode of IBC overturn. Two important episodes of overturn can be distinguished in
Figure 5.9c which result in significant re-heating of the magma ocean and associated re-melting
of the cumulates (and the crust). The larger scale of the IBC overturn in this case compared
to the weaker case in Figure 5.8 (where it took the form of a continuous rain of small-scale
diapirs, see Figure 5.6 for both cases) results in a more significant prolongation of the magma
ocean lifetime, up to 427 Myr (while it lasts 200 Myr when compositional buoyancy is not
considered).
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Figure 5.9: Time-series of the magma ocean and average cumualtes temperatures (a), of the
crust’s and magma ocean’s bottom depths (b), and of the various heat fluxes at play (c) for the
case: ηref = 1021 Pa s and E∗ = 150 kJ/mol.

5.4 Long-term evolution and volcanism of the Moon

We let our simulations run over 4.5 Gyr in order to model the complete evolution of the lunar
interior until present-day. In this section we compare our results with a list of typical lunar
features that need to be adressed by models of the long-term evolution of the Moon. We
compare the present-day thermal state of the Moon that we obtain with estimates from other
numerical studies. The tracking of IBC also allows us to estimate the amount of Ti-bearing
melt produced and the chronology of the eruptions (compared to that inferred for the mare
basalts, (e.g. Kato et al., 2017)). As already mentioned, using a 2D geometry limits the ability
of these simuations to faithfully grasp the thermal evolution of the Moon. This limitation must
be kept in mind when discussing the results, but does not prevent us from drawing insightful
conclusions.

5.4.1 Present-day thermal state of the Moon

Several studies have aimed at constraining the present-day thermal state of the Moon, either
using indirect observables of its inner temperature (Khan, McLennan, Taylor, & Connolly,
2006; Hood, Herbert, & Sonett, 1982) or by performing numerical simulations of its long-term
thermal evolution (Spohn, Konrad, Breuer, & Ziethe, 2001; Ziethe et al., 2009; Zhang et al.,
2013; Laneuville, Wieczorek, Breuer, & Tosi, 2013). Figure 5.10 represents the present-day
temperature profiles in the lunar mantle for the high and low viscosity end-members of our pool
of simulations as well as estimates from other studies. These estimates are either derived from
seismic observations (Khan et al., 2006; Gagnepain-Beyneix, Lognonné, Chenet, Lombardi,
& Spohn, 2006) or obtained from 3D convection models (Ziethe et al., 2009; Zhang et al.,
2013; Laneuville et al., 2013), more suited to study the long-term thermal evolution than
our 2D models. In particular, we expect the present-day thermal state of our simulations
to be hotter than those of 3D simulation due to the underestimate of the surface heat flux
by 2D models (although time-dependence associated with convection might result in more
complicated trends). Moreover, all 3D studies to which we compare our results considered the
same thermal conductivity in the crust as in the mantle, while we consider it twice as low (due
to the low conductivity of anorthosite). This effect should strengthen the thermal discrepancy
between our results and the estimates from those studies, although in this respect our model
is more realistic.
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Figure 5.10: Present-day temperature profile for both high and low viscosity end-member
cases (ηref = 1021 Pa s and E∗ = 335 kJ/mol, and ηref = 1019 Pa s and E∗ = 150 kJ/mol,
respectively). The black dashed line is the present-day temperature profile from (Ziethe, Seiferlin,
& Hiesinger, 2009) and the color shaded areas correspond to estimates from (Zhang, Parmentier,
& Liang, 2013) (orange, diagonally hatched), (Laneuville, Wieczorek, Breuer, & Tosi, 2013) (blue),
(Khan, McLennan, Taylor, & Connolly, 2006) (green) and (Gagnepain-Beyneix, Lognonné, Chenet,
Lombardi, & Spohn, 2006) (red, horizontally hatched).

In spite of the geometry difference, the temperature range covered between our two
end-members overlaps relatively well with most estimates. In particular, our high viscosity
end-member (corresponding to our fiducial set of values from Chapter 3) is in good agreement
with the low temperature obtained for the farside by Laneuville et al. (2013) (cold side of the
blue envelope), who used similar rheological parameters. The high temperature in shallow
layers of the near side (hot side of the blue envelope) obtained by Laneuville et al. (2013) is
due to a concentration of heat producting element in Procellarum-KREEP terrane (PKT)
region, a feature we did not simulate. The broad range of temperature between our two
end-member cases, in particular in the lower mantle, stresses the importance of the rheology
on the long-term thermal evolution of the Moon.

5.4.2 Re-melting of the IBC and production of high-Ti mare basalts

The formation of high-Ti mare basalts requires partial melting of IBC. In order to verify if
secondary melting of sunken Ti-rich cumulates is an outcome of our simulations, we need
a melting model for IBC. Several studies have adressed the melting of ilmenite, specifically
in relation with lunar mantle evolution. Prior to this problematic, Wyatt (1977) performed
experiments to constrain melting curves for a clinopyroxene-imenite solution. This mixture
is relevant for the lunar magma ocean’s IBC and these melting curves have often been used
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since then in the context of the lunar mantle. More recent studies from (Thacker et al., 2009),
(Mallik, Ejaz, Shcheka, & Garapic, 2019) investigated the possibility for overturned IBC atop
the core to undergo partial melting. They focused on the initiation of melting, and only
provide solidus curves. In order to compute a degree of melting for ilmenite in IBC, we thus
use the set of solidus and liquidus curves from Wyatt (1977).

From the mineralogy of mare basalts, it is possible to infer which minerals were the liquidus
phases when the sample melted. Some minerals (typically olivine and orthopyroxene) can both
be liquidus phases at the same time only over a given pressure window, where the mixture is
said to be multi-saturated. Thus if these minerals are found to be liquidus phases of mare
basalt samples, it is possible (assuming a simple melting scenario), to retrieve their melting
pressure and temperature, referred to as their multiple saturation point. This method has
been used to infer a melting pressure window for high-Ti mare basalts corresponding to a
depth range between 250 and 500 km (Delano, 1980).

In order to check if our simulations are compatible with the formation of high-Ti mare basalts
under realistic conditions, we verify if, within the allowed pressure window, the temperature
field trespasses the IBC solidus. If it does so, we compute the volume of ilmenite-bearing melt
produced as:

VIBC melt =
∫

250 km<z<500 km
ϕIBCdV, (5.4)

where z is depth and ϕIBC the IBC melt fraction, computed using the IBC melting curves
from (Wyatt, 1977):

ϕIBC =


0 ifT < Tsol

T −Tsol
Tliq−Tsol

if Tsol < T < Tliq
1 ifTliq < T,

(5.5)

where Tsol and Tliq are the solidus and the liquidus temperatures of IBC, respectively. Finally,
VIBC is expressed in terms of thickness of a surface layer, whose volume corresponds to
the extrusive part of VIBC (assuming an intrusive-to-extrusive volcanism ratio of 5:1, as in
Laneuville et al. (2013)). IBC melting is only computed after the solidification of the magma
ocean. This can only provide a higher-bound estimate of the quantity of Ti-bearing melt
produced, because a Ti-bearing parcel experiencing successive heating above Tsol (or staying
above Tsol during several time steps) will be counted each times. A more consistent future
model will need to account for melting-induced IBC depletion.

Figure 5.11 shows the IBC melting curves, along with averaged temperature profiles for
the three values of the ηref investigated in this chapter (1019 Pa s, 1020 Pa s, and 1021 Pa s),
all for E∗ = 150 kJ/mol, at the end of of magma ocean solidification. In the weak case, the
average temperature is below the IBC solidus throughout the whole pressure range compatible
with multiple saturation data, while in the latter, a part of the laterally averaged temperature
profile is above the IBC solidus, allowing for the formation Ti-bearing secondary melts if the
mantle contains overturned IBC in the melting zones.

In fact, for the low value of the activation energy, both cases ηref = 1019 Pa s and
ηref = 1020 Pa s cool too much during the magma ocean solidification to produce Ti-bearing
melts afterward. Due to its prolonged hot state, the high reference viscosity case does have a
protracted period of Ti-bearing secondary melting, as represented in Figure 5.12a, thereby
possibly contributing to extracting Ti-bearing materials from the mantle and creating the
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Figure 5.11: IBC melting curves (from Wyatt (1977)) plotted over the depth range corresponding
to the multiple saturation points of mare basalt (e.g. Elkins-Tanton, van Orman, Hager, & Grove,
2002), and post-magma ocean (solid curves) and present-day (dashed curves) thermal states of
the cases ηref = 1019 Pa s (red curves), ηref = 1020 Pa s (blue curves), and ηref = 1021 Pa s (green
curves), all with E∗ = 150 kJ/mol.

high-Ti mare basalts. For a higher activation energy, the case ηref = 1020 Pa s remains hot
enough to produce some IBC-containing melts after the solidification of the magma ocean.
The case with ηref = 1021 Pa s, although hotter, does not produce such melts because it fails
to mobilize IBC (Figure 5.12b).

Some studies have estimated the total volume of extrusive mare basalt melts to be between
2 × 106 and 7 × 106 km3 (Wieczorek et al., 2006; Shearer et al., 2006). However, how much
of these melts are Ti-rich is not constrained. Using usual terrestrial mantle (e.g. peridotite)
melting curves to compute the total volume of melt produced is not possible because our
simulation do not account for melting (except during the magma ocean solidification, where a
very specific solidus corresponding to the cumulate pile mineralogy is used). In absence of the
buffering effect of melting on temperature, computing melting as we do leads to unrealistic
overestimates. Hence, future work aiming at constraining the volume of mare basalt melt
produced during the evolution of the Moon will have to include a realistic and consistent
melting model. A significant part of the melt produced in the cases represented in Figure 5.12
takes place between 4 and 3 Ga, in agreement with estimates of the bulk age of mare basalts.
However, none of these cases produce Ti-bearing melt past 3 Ga and thus fail to reproduce a
positive correlation between Ti-content of mare basalts and their age until ∼ 2 Ga as observed
by Kato et al. (2017). This is likely due to the limitations of our simulations both in term of
geometry and melting model.
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Figure 5.12: Thickness of a surface layer equivalent to the volume of IBC melt produced over
the whole evolution of the Moon, for an activation energy of 335 kJ/mol (a) and 150 kJ/mol (b).

Conclusions

The overturn of IBC is an essential feature of the early evolution of the Moon. While several
studies had already stressed the importance of the rheology of the lunar mantle, we have
demonstrated that early onset of convection during the crystallization of the magma ocean
likely plays a crucial role in facilitating this overturn. Specifically, for our fiducial set of
parameters from Chapter 3, a partial overturn of IBC occurs, a result that previous studies
did not suggest. Furthermore, the enhanced dynamics in presence of IBC overturn leads to
a more complex feedback mechanism between convection in the cumulates and the thermal
evolution of the magma ocean. This modelling gives valuable insight into the early structure
of the Moon as well as the distribution of IBC in the lunar mantle, which are essential to
understand the long-term evolution of the Moon and some of its key features. Further models
building upon this one shall be able to significantly improve our understanding of the lunar
interior structure and evolution.
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Conclusions and Outlooks

Starting from a general framework, and then narrowing the focus to specific cases like Mars or
the Moon, the present thesis offers a new insight into the interplay between the crystallization
of primordial magma oceans and long-term mantle dynamics of terrestrial planets. We adopted
a parametrization of the magma ocean’s evolution based on several hypotheses supported
by the current understanding of the physics involved. The principle hypotheses, presented
in the introduction of this thesis, are 1) the bottom-up crystallization of the mantle, due to
the higher pressure-dependence of the melting curves compared to the adiabatic temperature
profile, 2) the build up of an unstable density profile due to enrichement of the shallow mantle
layers in heavy incompatible elements (Fe), and 3) the prolonged lifetime of the magma ocean,
due to the growth of an insulating atmosphere or the flotation of a solid lid. By designing an
evolution model for the solidifying mantle coupled to this parametrized model of the magma
ocean, we investigated how the mantle solidification shape its long-term dynamics.

First, we have shown that solid-state convection could start in the growing cumulates
during the crystallization of a large-scale magma ocean. By investigating a range of values
for the reference viscosity of the solid mantle, the duration of the magma ocean solidification
and the denstiy contrast due to fractionation of Fe, we found that this was a likely scenario
for Mars. While the Rayleigh number (i.e. the stiffness of the mantle) and the lifetime of the
magma ocean have a first order influence on the timing of the onset of solid-state dynamics in
the mantle, the amplitude of the density contrast is less significant. It is however essential
for long-term mantle dynamics: a heavy layer of dense overturned cumulate might prove
impossible to destabilize, and shut off thermal convection in the mantle. We have shown that
such a configuration can be avoided if an early onset of mantle dynamics allows efficient mantle
mixing.

Moving on to a more specific case, we investigated the case of the lunar magma ocean.
This example is particularly relevant because of the expected protracted solidification of the
lunar magma ocean due to the formation of a plagioclase flotation crust. In this case, thermal
feedbacks between the evolution of the magma ocean and the dynamics of the underlying solid
cumulates become significant. Therefore, we implemented a thermal evolution model for the
former while solving the latter with the realistic setup developed to study the solidification
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of the Martian mantle. We thus showed that both the insulating power of the plagioclase
crust and the heat extracted via partial melting of the convecting cumulates prolong the
solidification of the lunar magma ocean up to ∼ 200 Myr.

The crystallization of the lunar magma ocean has been particularly studied in the context
of trace element fractionation. Different istopic signatures, corresponding to distinct mantle
and crustal resvoirs have been identified in the lunar sample record, and their formation
linked directly or indirectly to the primordial solidification of the mantle. Such studies have
specifically aimed at constraining the age of the Moon-forming event. By coupling the thermal
evolution model of the lunar magma ocean introduced in Chapter 3 with a fractionation model,
we proposed, in Chapter 4, a re-interpretation of the lunar isotopic data previously used to
infer an age of the Moon of 4.36 Ga. In the light of a long-lived magma ocean, we found that
neglecting the protracted crystallization of the lunar mantle induced a bias in previous isotopic
models, and constrained the Moon-forming event to have occured between 4.40 and 4.45 Ga,
corresponding to the time inferred for the last large-scale episode of core formaiton on the
Earth.

Finally, following our general results suggesting that a long-lived magma ocean allows for
efficient mantle mixing, we addressed the issue of the overturn of ilmenite-bearing cumulates in
the lunar mantle. We have shown that this overturn is significantly enhanced by the presence
of a molten layer (the magma ocean) between the cold flotation crust and the convecting
cumulates. Furthermore, the enhanced mantle mixing allowed by this mechanism offers an
appealing solution to the presence of ilmenite in the mantle source reservoir of high-Ti mare
basalts.

The in-depth study of the lunar magma ocean case showed how different fields of planetary
sciences (such as thermal and dynamical evolution modelling and isotope geochemistry) can
beneficially interwind and lead to overarching new findings. This result is promising as to
applying such models to other terrestrial bodies. Mars and the Earth in particular, being the
only other planets for which a firmly established sample record exists, are targets of choice.
This method could help constraining the conditions under which the Martian mantle and crust
reservoirs, inferred from the isotopic variety of the SNC meteorites, formed. For the Earth,
such a study could help understanding the possible differentiation of the mantle between an
early enriched and early depleted reservoir and link them to the present day isotopic diversity
observed between mid-ocean ridge basalts and ocean island basalts. In both cases, early formed
reservoirs seem to have survived – at least partially – convective mixing up to present day.
While the formation of such reservoirs can be addressed by isotopes fractionation models, their
long-term conservation can be studied by mantle dynamics models, stressing once more the
complementarity of the different approaches undertaken in this thesis. How these reservoirs
are eventually sampled via secondary mantle melting is also an important matter that can be
addressed by our model, as suggested at the end of Chapter 5 in the case of the lunar mare
basalts. Improvements in melting models and their implementation in numerical simulations
will be of high value for this objective.

For both Mars and the Earth, an essential step forward in modelling of early differentiation
will be to adopt a more realistic model of the magma ocean crystallization, by simulating its
interactions with a growing outgassed atmosphere. The example of the flotation lid of the Moon
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showed how feedback mechanisms can emerge when a more consistent model is adopted, and,
although both Martian and terrestrial magma oceans are expected to be shorter-lived than the
lunar one, their influence on isotopic evolution can be significant when considering short-lived
systems, like 146Sm −142 Nd, which have been often used to study the differentiation of Mars
and the Earth. Furthermore, the self-consistent study of atmospheric growth coupled with
magma ocean evolution, along with fractionation of volatiles, relying on a similar model than
that used for trace-element fractionation introduced in Chapter 4, can bring new constraints
on the fate of elements essential to life.
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A
Appendix A: Mantle dynamics

Mantle dynamics is an essential component of this thesis. This appendix introduces a derivation
of the equations governing the dynamics of the planetary mantles.

A.1 Thermal convection

On geological time scales, the solid mantle of terrestrial planets behaves as a viscous fluid.
Due to both the existence of a warm iron core and internal heating of decaying radionuclides,
it undergoes thermal convection. As such, its dynamics is controlled by the conservation
equations of mass, momentum and thermal energy.

A.1.1 Boussinesq approximation

An important simplification of the equations controlling the dynamics of the mantle is obtained
in the framework of the Boussinesq approximation. The dynamics of the solid mantle is driven
by variations in density, which are, in the case of thermal convection, controlled by variations
in temperature via the coefficient of thermal expantion α. We shall thus neglect all density
variations other than thermally induced, taking these into account in the buoyancy term of
the momentum conservation equation (see A.1.4). We can hence consider the mantle as an
incompressible fluid.

A.1.2 General form of conservation equations

Conserved quantities, be they scalars, vectors or higher order tensors, are ubiquitous
idealizations in physical theories. On the mathematical standpoint, they are all governed by
similar equations. Let q be a scalar quantity, conserved on the volume V . The Reynolds
transport theorem (mathematically speaking, the commutation of derivation and integration)
allows to write the total time evolution of q within V as the sum of the intrinsic time evolution
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of q, and the flux of q through V ’s boundary (∂V ):

∂

∂t

(∫
V
qdV

)
=
∫

V

∂q

∂t
dV +

∫
∂V
q (v⃗ · n⃗) dA, (A.1)

where t is time, dV the element volume, dA the element surface area, v⃗ the velocity vector
and n⃗ the outward-pointing unity vector. The first term on the left-hand-side of equation
(A.1) corresponds to the intrinsic time evolution of q while the second term corresponds to
the flux of q through ∂V . The latter can be written as a volume integral thanks to Gauss
theorem. Doing so and combining both terms of the right-hand-side of equation (A.1) in the
same integral yields:

∂

∂t

(∫
V
qdV

)
=
∫

V

(
∂q

∂t
+ ∇⃗ · (qv⃗)

)
dV. (A.2)

The conservation equation for q is obtained by equating the total time-evolution of q over V
(as written in Equation (A.2)) with sink and source terms acting either on the volume V or its
boundary ∂V , and a diffusion term:∫

V

(
∂q

∂t
+ ∇⃗ · (qv⃗)

)
dV =

∫
V
SdV +

∫
∂V

Σ⃗ · n⃗ dA, (A.3)

where S is the volume source/sink term and Σ⃗ the surface source/sink term. Again, using the
Gauss theorem, the right-hand-side term of equation (A.3) can be written as a single volume
integral, yielding the final form of the conservation equation for q:∫

V

(
∂q

∂t
+ ∇⃗ · (qv⃗)

)
dV =

∫
V

(
S + ∇⃗ · Σ⃗

)
dV, (A.4)

Equation (A.4) is the integral form of the conservation equation of q. Since it must hold for
any arbitrary volume V , the integrand can be equated, yielding the integrated form of the
conservation equation of q, most commonly used:

∂q

∂t
+ ∇⃗ · (qv⃗) = S + ∇⃗ · Σ⃗. (A.5)

If the conserved quantity is a vector (q⃗), a similar derivation leads to:

∂q⃗

∂t
+ ∇⃗ · (q⃗ ⊗ v⃗) = S⃗ + ∇⃗ · ⃗⃗Σ, (A.6)

where the volume source/sink term is now a vector (S⃗) and the surface one a degree two tensor
(⃗⃗Σ).

A.1.3 Conservation of mass

The mass conservation equation is obtained by writing Equation (A.5) with q = ρ, the density.
Since there is neither source or sink nor diffusion term for mass, the mass conservation equation
reads:

∂ρ

∂t
+ ∇⃗ · (ρv⃗) = 0, (A.7)
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Following the Boussinesq approximation (Section A.1.1) we assume that the material is
incompressible. Hence: ∂ρ/∂t = 0 and ∇⃗ρ = 0. Equation (A.7) is thus simplified into:

∇⃗ · v⃗ = 0. (A.8)

A.1.4 Conservation of momentum

A.1.4.1 The Stokes equation

The momentum conservation equation is obtained by writing equation (A.6) with q⃗ = ρv⃗, the
momentum. The volume sink/source term corresponds to the body forces, which are simply
the buoyancy forces. In the gravity field g⃗, those read ρg⃗. The surface sink/source term is
the stress tensor, accounting for the friction forces, and noted ⃗⃗τ . Finally, the momentum
conservation equation reads:

∂ρv⃗

∂t
+ ∇⃗ · (ρv⃗ ⊗ v⃗) = ∇⃗ · ⃗⃗τ + ρg⃗. (A.9)

The left-hand-side term is the Lagrangian derivative of the momentum and represents the
inertia term. In solid-state dynamics, this term is very small compared to viscous friction, and
shall thus be neglected, yielding the Stokes equation:

∇⃗ · ⃗⃗τ + ρg⃗ = 0⃗. (A.10)

A.1.4.2 The stress tensor

The stress tensor is composed of an isotropic component, corresponding to the total pressure
(pt): −pt

⃗⃗
I (where ⃗⃗I is the identity tensor), and a deviatoric component. Under the assumption

that the fluid is Newtonian, the deviatoric stress term (noted ⃗⃗σ) and the strain rate
(1/2

(
∇⃗v⃗ + (∇⃗v⃗)T

)
) are linearly related, i.e. there exists a fourth-order tensor (whose ith, jth,

kth, lth component we note cijkl) such that:

σij =
∑
kl

cijkl
1
2

(
∂vk

∂xl
+ ∂vl

∂xk

)
. (A.11)

Because the strain rate tensor is symmetrical and the fluid isotropic, the simplest expression
for the tensor cijkl involves two independent parameters, that we denote η and ζ. Equation
(A.11) then reduces to (Landau & Lifschitz, 1987):

⃗⃗σ = η
(
∇⃗v⃗ + (∇⃗v⃗)T

)
+
(
ζ − 2

3η
)(

∇⃗ · v⃗
) ⃗⃗
I, (A.12)

and, for an incompressible fluid, further simplifies in:

⃗⃗σ = η
(
∇⃗v⃗ + (∇⃗v⃗)T

)
. (A.13)
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The coefficient linking the deviatoric stress tensor to the strain rate (η) is, by definition, the
viscosity of the fluid. The total stress tensor ⃗⃗τ hence reads:

⃗⃗τ = −pt
⃗⃗
I + η

(
∇⃗v⃗ + (∇⃗v⃗)T

)
. (A.14)

A.1.4.3 The momentum conservation equation

Taking the divergence of Equation (A.14) and inserting it in Equation (A.10) yields:

∇⃗ · [η(∇⃗v⃗ + (∇⃗v⃗)T )] = ∇⃗pt + ρg⃗. (A.15)

The total pressure can be divided into two terms: pt = p+ρgz, with p the dynamic pressure and
ρgz the lithostatic pressure (g being the magnitude of the gravity acceleration and z the depth).
Furthermore, in the framework of the Boussinesq approximation, we can write the density
as ρ = ρref + dρ, where dρ = ρrefαdT are the thermally-induced density variations and ρref a
reference density. As mentioned above, an essential aspect of the Boussinesq approximation
consists in neglecting the density variations everywhere else than in the buoyancy term of the
momentum equation. Noticing that ∇⃗(gz) = g⃗, where z is the depth, the lithostatic pressure
gradient cancels out with the reference buoyancy term. Finally, making use of the Boussinesq
approximation, the remaining buoyancy forces can be written featuring temperature anomaly
dT , and we equation (A.15) reads:

∇⃗ · [η(∇⃗v⃗ + (∇⃗v⃗)T )] − ∇⃗p+ ρrefαdT g⃗ = 0⃗. (A.16)

Equation (A.16) is time-independent: shear stresses balance instantaneously the sum of the
dynamic pressure gradient and the buoyancy forces.

A.1.5 Conservation of thermal energy

The energy conservation equation in mantle dynamics is obtained by writing Equation (A.5)
with q = ρcvT , the thermal energy (with cv the specific heat capacity). Both ρ and cv are
assumed constant. Before writing the conservation equation, it is convenient to develop the
differential of the thermal energy so that the adiabatic heating term appears, since this term
shall be neglected in the framework of the Boussinesq approximation. We have:

ρcvdT = ρcv

[(
∂T

∂s

)
v
ds+

(
∂T

∂v

)
s
dv

]
, (A.17)

where s is the specific entropy and v the specific volume. The second term of the right-hand-side
vanishes under the assumption of incompressibility. The specific entropy differential can be
expressed in terms of temperature and pressure, yielding:

ρcvdT = ρcv

[(
∂T

∂s

)
v

(
∂s

∂T

)
p
dT +

(
∂T

∂s

)
v

(
∂s

∂p

)
T

dp

]
. (A.18)

Finally, Equation (A.18) can be further simplied using the thermodynamical relationships
(∂T/∂s)v = T/cv, (∂s/∂T )p = cp/T (cp being the isobaric heat capacity, assumed constant)
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and (∂s/∂p)T = −α/ρ:
ρcvdT = ρcpdT − αTdp. (A.19)

The second term on the right-hand-side of Equation (A.19) corresponds to the adiabatic
heating and, as previously mentioned, shall be neglected.

The corresponding volume source term is composed of the internal heat production ρh

(where h is the specific heat production) and the work done by the body forces ρg⃗ · v⃗. The
corresponding surface source/sink term is composed has two components: a mechanical one,
the work done by surface stresses: ⃗⃗τ · v⃗, and a thermal one, the incoming heat flow: k∇⃗T
(following Fourier’s law and the definition of Σ⃗ for the sign). Equation (A.5) hence yields:(

∂ρcpT

∂t
+ ∇⃗ · (ρcpT v⃗)

)
= ρh+ ρg⃗ · v⃗ + ∇⃗ ·

(
k∇⃗T + ⃗⃗τ · v⃗

)
, (A.20)

Noting that: ∇⃗ ·
(
⃗⃗τ · v⃗

)
=
(
∇⃗ · ⃗⃗τ

)
· v⃗ + ⃗⃗τ : ∇⃗v⃗ and ⃗⃗τ : ∇⃗v⃗ = −p

(
∇⃗ · v⃗

)
+ ⃗⃗σ : ∇⃗v⃗, it comes:

(
∂ρcpT

∂t
+ ∇⃗ · (ρcpT v⃗)

)
= ρh+ ∇⃗ · (k∇⃗T ) +

(
ρg⃗ + ∇⃗ · ⃗⃗τ

)
· v⃗ − p

(
∇⃗ · v⃗

)
+ ⃗⃗σ : ∇⃗v⃗. (A.21)

The third term on the right-hand-side term of Equation (A.21) vanishes according to the
Stokes equation (A.10), so does the pressure term according to the continuity equation (A.8).
In the present work, the viscous dissipation term ⃗⃗σ : ∇⃗v⃗ will be neglected. Finally, assuming ρ,
cp and k constant, and gathering the temperature terms on the left-hand-side of the equation,
we can write the final form of the heat conservation equation:

∂T

∂t
+ ∇⃗ · (T v⃗) − κ∆T = h

cp
, (A.22)

where κ = k/ρcp is the thermal diffusivity and ∆ is the Laplace operator.

A.2 Rheology

An important aspect of mantle dynamics is the temperature- and pressure dependence of the
viscosity. This is accounted for by using the following Arrhenius law:

η(T, p) = ηref exp
(
E∗ + pV ∗

RT
− E∗ + prefV

∗

RTref

)
, (A.23)

where ηref is the reference viscosity, reached at the reference temperature Tref and pressure
pref , E∗ and V ∗ are the activation energy and volume, respectively, and R is the gas constant.
Two different creep regimes, namely diffusion and dislocation creep, dominate according to the
pressure and temperature conditions, which involve dependencies of ηref on further physical
parameters. Notably, in the dislocation creep regime, ηref depends on the strain rate, making
the flow non-Newtonian. For high temperatures and pressures, the diffusion creep regime
dominates and ηref is independent of the strain rate.

Interstitial melt trapped within the solid matrix has an important weakening effect (Costa
et al., 2009). When perfect fractional crystallization is assumed, we neglect trapped interstitial
melt (or it is considered to stay constant at a low value, thus lowering directly ηref without
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further dynamical effect). When batch melting is assumed, however, the melt fraction is a
function of the temperature field, and can increase as high as 40% before disruption of the
matrix (Solomatov, 2007). Its effect on the mantle viscosity is parametrized as:

η(T, p) = η(T, p) exp(−αmϕ), (A.24)

where αm is a constant taken to be 26 (Mei, Bai, Hiraga, & Kohlstedt, 2001) and ϕ is the melt
fraction.

A.3 Conservation of composition

Compositional heterogeneities are also a source of density anomalies. As for the preceeding
conservation equations, the conservation of composition is obtained by writing Equation (A.5)
for q = C, the composition. In this case, no volume source/sink term exist (there could be some
if C represented a specific mineral or chemical species and chemical reactions were accounted
for but this is beyond the scope of this work). Furthermore, if one neglects chemical diffusion
(which is usually a valid approximation due to the very low value of the diffusion coefficients),
the conservation equation for composition is reduced to an advection equation, reading:

∂C

∂t
+ v⃗ · ∇⃗C = 0. (A.25)

Note that Equation (A.25) accounts for the incompressibility of the fluid (expressed in Equation
(A.8)).

A.4 Core cooling

The temperature of the core, along with the decay of radioactive elements, drives thermal
convection in the mantle. The cooling of the core is in turn controlled by the intensity of
mantle convection. It is computed by considering the core as a homogeneous sphere of density
ρc and heat capacity cp,c, cooling by the conductive heat-flux at the core-mantle boundary:

4
3πR

3
cρccp,c

dTc

dt
= 4πR2

ck
∂T

∂r
(r = Rc), (A.26)

where Rc is the core radius, Tc its temperature, k the mantle’s thermal conductivity, and r

the radius.
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implementation

This appendix presents the numerical implementation of the conservation equations derived
in Appendix A, in the convection code GAIA (Hüttig et al., 2013). This code is being used
in Chapters 2, 3 and 5, and, unless stated otherwise, the equations for mantle dynamics
introduced in these chapters refer to those derived here.

Equations (A.8), (A.16), (A.22) and (A.25) form a coupled system of partial differential
equations. We solve them numerically using the finit -volume code GAIA. The present section
introduces some key elements of its implementation, in particular the basic ideas of the finite
volume method. For a comprehensive description of the code and its implementation, the
reader is referred to (Hüttig & Stemmer, 2008), (Hüttig, 2008) and (Hüttig et al., 2013).

B.1 Non-dimensionalization

Writing the conservation equations under non-dimensional form is common for their numerical
implementation. It reduces the variation span of solution variables around unity, thereby
avoiding memory issues. Although modern computers are no longer concerned with such
issues, the non-dimensionalization of equations also presents the advantage of reducing the
number of physical parameters, by wrapping them up into non-dimensional numbers. The
non-dimensionalization of equations (A.8), (A.16), (A.22) and (A.25) reads:

∇⃗ · v⃗ = 0, (B.1)

∇⃗ · [η(∇⃗v⃗ + (∇⃗v⃗)T )] − ∇⃗p+ Ra(T −BC)e⃗z = 0⃗, (B.2)
∂T

∂t
+ v⃗ · ∇⃗T − ∇2T = RaH

Ra . (B.3)
∂C

∂t
+ v⃗ · ∇⃗C = 0 (B.4)
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where all previously introduced quantities are made non-dimensional (see Table B.1 for the
relationship between dimensional and non-dimensional quantities), Ra is the Rayleigh number,
B is the buoyancy ratio, e⃗z is the vertical unity vector (pointing upwards), and RaH the
thermal Rayleigh number. Note that the non-dimensionalization allowed us to reduce the
number of physical parameter from 15 (depth z, the three components of velocity v, pressure
p, temperature T , composition C, time t, viscosity η, thermal expansivity α, reference density
ρref , gravity g, thermal diffusivity κ, surface temperature Ts (required for the thermal boundary
condition) and internal heating rate h) down to 10 (non-dimensional depth z, non-dimensional
velocity v, non-dimensional pressure p, non-dimensional temperature T , non-dimensional
composition C, non-dimensional time t, non-dimensional viscosity η, Rayleigh number Ra,
buoyancy ratio B and the thermal Rayleigh number RaH).

Non-dimensional quantity Expression
z z/Dref
v v/Dref

κ
η η/ηref
p p/ηrefκ

D2
ref

T (T − Ts)/∆T
t t/

D2
ref
κ

Ra αρrefg∆T D3
ref

κηref

B ∆ρ
ρrefα∆T

RaH
αρ3

refgcp∆T D5
refhref

κηref

Di αgDref
cp

Table B.1: Non-dimensionalization of the physical parameters characterizing the mantle. The
non-dimensional quantities in the left column are calculated with the expressions in the right
column, involving dimensional quantities.

B.2 Finite volume method

The finite volume method consists in solving the integral form of the conservation equations
over small but finite-sized control volumes, into which the domain is sub-divided. Over a single
control volume, time derivatives as well as sink and source terms are averaged, while advective
and diffusive terms can be expressed as fluxes through the volume’s faces. These numerical
fluxes are computed based on the volume-averaged values of the governing parameters. Hence,
the finite volume method is intrinsically conservative, making it particularly well suited to
solve conservation equations.

B.2.1 Implementation

The integral form of the conservation equation over the ith volume element of the mesh (Vi)
(Equation (A.4)) reads:∫

Vi

∂q

∂t
dV +

∫
Vi

∇⃗ · (qv⃗ − k∇⃗q)dV =
∫

Vi

SdV +
∫

∂Vi

Σ⃗ · d⃗A. (B.5)

Noting that ∂Vi is composed of a finite number of faces noted Aij (where j is the index of the
volume on the other side of Aij), this equation is discretized by taking the average values of q
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Figure B.1: Discretization of the conservation equation over a control volume Vi (on a 2-D mesh).
On a colocated grid as is used in GAIA (see Section B.2.2), all parameters (here qi and si) are
defined at the center of each control volume. Several schemes exist to compute the flux through
the boundary (φ).

and S over Vi (noted qi and Si respectively), the average of the flux of q through Aij (noted
φij), and the average of the normal component of Σ⃗ on Aij (noted Σij):

∂qi

∂t
Vi +

∑
j∈N(i)

φijAij = SiVi +
∑

j∈N(i)
ΣijAij , (B.6)

where N(i) are Vi’s neighboring volumes. This discretization is illustrated in Figure B.1. How
the advective flux function is discretized, i.e. how φij is computed from qi, qj , v⃗i, v⃗j (the
average velocities on Vi and Vj respectively) and n⃗ij (the unity vector normal to Aij and
positive outward of Vi) has a great influence on both the accuracy and the stability of the
method. Numerous schemes exist, two of them are used for the present study:

• Central Difference Scheme (CDS): φij = qiv⃗i·n⃗ij+qj v⃗j ·n⃗ij

2 (Ferziger & Perić, 1999),

• Upwind: φij = qiv⃗i · n⃗ij if v⃗ij · n⃗ij > 0 where v⃗ij is an interpolation of the velocity at
Aij , and φij = qj v⃗j · n⃗ij otherwise (Leveque, 2002).

Finally, the time derivative is discretized by using a first order backward time-stepping, ensuring
unconditional stability.

B.2.2 Domain meshing

The domain (the planetary mantle) is discretized into control volumes and all quantities invovled
in equations (B.1), (B.2) and (B.3) (v⃗, p and T ) are defined at the centers of these volumes.
The volumes’ faces form a Voronoi diagram, i.e. the face between two adjacent volumes is at
equal distance between the two volumes’ centers. This allows an easy implementation of the
CDS advection scheme.
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B. Appendix B: Numerical implementation

B.2.3 Boundary conditions

The boundary condition associated with the momentum conservation equation are distinguished
between condition on the normal velocity, which are always ”impermeable” (normal velocity
vanishes at the boundary), and the condition on the tangential velocity, which are either
”no slip” (tangential velocity vanishes at the boundary) or ”no stress” (tangential stress, i.e.
normal gradient of the tangential velocity vanishes at the boundary). In this study, free-slip
boundary conditions are considered at both inner and outer boundaries, motivated by the
likely liquid state of the core at this time (for the inner boundary) and the – by definition of
the case – liquid state of the overlying magma ocean. Note that the free-slip outer boundary
condition still holds after full solidification of the mantle, since the outer boundary is then the
atmosphere of the vacuum of space.

Similarly to the boundary conditions on tangential velocity, the boundary conditions
associated with the temperature field for the heat conservation equation are either ”fixed
temperature” or ”heat-flux” (fixed temperature gradient at the boundary). In this study, fixed
temperature boundary conditions are considered at both inner and outer boundaries. Notice
however that it only means that the boundary temperatures are given a priori when solving
equations (B.1) to (B.3), not that they remain constant. Both upper and lower boundaries’
temperatures evolve through time. The former follows the crystallization temperature at the
depth of the solidification front while the latter is given by the core cooling equation (A.26).

These boundary conditions are implemented by considering a layer of ”ghost cells” mirroring
the outermost layer of cells of the domain on the other side of the boundary. The value of the
temperature and velocity on these cells has no physical meaning but provides control on the
gradients at the boundary.

B.3 Particles in cell method

Simple Eulerian implementations used in numerical geodynamics present a weakness in the
treatment of advection, by inducing numerical diffusion. The particle-in-cell method is a
hybrid Eulerian-Lagrangian numerical method to handle advection equations that gets rid of
this issue. In this method, Lagrangian tracers that carry the advected quantity are moved
using a velocity field obtained on a Eurlerian mesh. We use the particle-in-cell method as
presented in Plesa, Tosi, and Hüttig (2012) to solve equation (A.25), using the velocity field
obtained by solving equation (B.2). The typical iteration goes the following path:

1. interpolation of the velocity from the Eulerian grid to each tracer’s position,

2. forward advection of the tracers, using fourth-order Runge-Kutta scheme,

3. interpolation of the composition field from the tracers positions to the Eulerian grid.

The tracers are initially randomly distributed over domain, twenty per grid cell.
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